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ABSTRACT 

Origin and evolution of continental crust:  
Insights from igneous and metamorphic processes in 

subduction zones 
 

by 
 

Monica Elizabeth Erdman 
 

 Today, continental crust is primarily produced in subduction zone settings, where 

slab dehydration induces melting of the peridotitic mantle wedge. Mantle melting 

produces Mg-rich basalt (~50 wt. % SiO2, ~8 wt. % MgO). The average composition of 

the continents is far too Si-rich and Mg-poor (55–65 wt. % SiO2, 2–5 wt. % MgO) to 

have been derived from peridotite melting directly. Continental crust production therefore 

requires an additional differentiation stage to generate andesite from a basaltic source. 

This thesis investigates two processes by which density sorting can evolve more felsic 

compositions in the upper plate of subduction zones: delamination and relamination.  

 Garnet pyroxenite xenoliths from central Arizona indicate significant 

fractionation occurs in the lower crust of continental arcs. Crystallization of mafic 

minerals from primary basalt drives the derivative liquids toward felsic compositions, 

resulting in the accumulation of dense, mafic cumulate minerals in the lower crust. On 

average 8% denser than the underlying mantle, this layer is expected to delaminate from 

the base of the crust and recycle back into the mantle. Preferential removal of mafic 

material will drive continental crust toward more felsic compositions, providing a simple 

explanation to the continental crust paradox. Comparisons with seismic profiles indicate 



iv 
 

that lower crustal delamination has occurred in the Basin and Range Province and along 

the edges of the Colorado Plateau of western North America.  

 A second explanation for the andesitic composition of the continents arises when 

considering density sorting of subducted material. During subduction, material of all 

compositions enters the trench, however buoyancy controls what material is subducted 

and what returns to the surface. A compilation of high pressure–low temperature 

metamorphic terranes reveals that material exhumes in subduction zones in a predictable 

way. Oceanic-type terranes exhume from pressures less than 2.8 GPa, to be exposed near 

the subduction trench, whereas continental-type terranes return from greater pressures, 

and are exposed far inland of the trench. These observations suggest oceanic-type 

terranes exhume via channel flow within an inclined subduction channel and continental-

type terranes exhume vertically through the mantle wedge via diapirism. Modeling of 

buoyancy-driven flow helps to predict where the transition from channel flow to 

diapirism occurs along the slab-mantle interface. Additionally, heat diffusion calculations 

predict that diapirs will undergo partial melting, suggesting they may buoyantly rise to 

relaminate to the base of the crust. Preferential sequestration of buoyant, felsic materials 

in the upper plate via relamination may drive continental crust toward more felsic 

compositions.  
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CHAPTER 1 

Introduction 
 

 One of the features that make Earth unique among other rocky planets in our solar 

system is the chemically evolved continental crust that comprises ~40% of Earth’s 

surface. The remaining 60% is composed of oceanic crust, which is predominantly thin 

(7–10 km), basaltic in composition, and young (< 200 Myr). In contrast, continental crust 

has an average thickness of 40 km, contains every known rock type, and includes the 

oldest rocks on Earth (currently the Canadian Acasta gneiss at 3.96 Ga). On average, the 

composition of the continental crust is intermediate between granite and basalt (i.e. 

andesitic) and is enriched in incompatible elements—those elements that concentrate in 

melts because they do not readily fit into crystal lattices. The continents account for only 

0.6% by mass of the silicate Earth, yet constitute 20–70% of incompatible element 

budgets (depending on the element and model considered; Rudnick & Fountain 1995).  

 Hofmann (1988) made an important observation: the continents are enriched in 

highly incompatible elements, whereas oceanic crust has a complementary depletion in 
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these elements. This simple observation led to the hypothesis that Earth’s outer layer—

the crust—was produced via two-stage melting, where the continents were first extracted 

from the mantle, concentrating the incompatible elements, followed by formation of the 

oceanic crust from the now depleted mantle source, leading to lower abundance of 

incompatible elements in oceanic crust. This two-stage melting hypothesis has since been 

called into question by the simple observations that comprise what has become the 

“continental crust paradox”. The argument is stated as follows: 1) Today, continental 

crust is generated at subduction zones via arc magmatism, where dehydration of the 

subducting slab induces melting within the mantle wedge. 2) Mantle melting produces 

basaltic melts. 3) Continental crust, however, has andesitic composition on average. 

Thus, if these statements are true, an additional stage of differentiation is required to 

transform basaltic melt into andesitic crust. This step must first separate felsic crust from 

more mafic compositions and, second, concentrate felsic compositions within the 

continental crust. A simple way to achieve such segregation within the crust is via density 

sorting. The subject of this dissertation is to focus on two of the leading hypotheses for 

density sorting on Earth: delamination and relamination.  

 One hypothesis to explain the production of andesitic crust from basaltic melts it 

to preferentially remove mafic compositions from the continents. During arc magmatism, 

primary melts crystallize and segregate mafic minerals, generating a felsic residual liquid 

and mafic cumulates. Due to the high densities of mafic cumulates, this Mg-rich and Si-

poor layer will delaminate or founder into the underlying mantle, driving the remaining 

crust toward more felsic compositions. Delamination, as used here, refers generally to the 

buoyancy-driven, viscous flow of dense material as it descends into the mantle below. A 
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second hypothesis to explain the composition of the continents is that of relamination, 

which proposes that of the material that enters a subduction zone, felsic compositions will 

preferentially return toward the surface due to their low density, whereas mafic material 

will continue to subduct. The preferential loss of mafic material to subduction and 

concentration of felsic material within the continents drives continental crust toward 

felsic compositions.  

 This dissertation considers the evidence for delamination and relamination as a 

means to explain the origin and evolution of continental crust in subduction zone settings. 

I use a variety of tools, including petrology, geochemistry, seismology, and numerical 

modeling to study delamination and relamination. The following paragraphs briefly 

describe the content of each chapter in this dissertation. 

 In Chapter 2 of this thesis, I introduce and describe a new location of lower 

crustal cumulates formed via magmatic differentiation. The study site is located in central 

Arizona of the southwestern US, where a 25 Ma volcanic eruption brought foreign rock 

fragments from depth to the surface. These rock fragments, referred to generally as 

xenoliths, are dominated by garnet pyroxenite. I use petrology and geochemistry to 

demonstrate that the Arizona garnet pyroxenite suite formed via two-stage segregation 

from a primary melt of the mantle. Geothermobarometry results indicate garnet 

pyroxenite formation occurred at depths as great as 100 km, suggesting that continental 

arc magmatism results in the formation of a very thick, mafic root at the base of the crust. 

Emplacement of dense, mafic material within a thick, lower crustal root sets the stage for 

delamination to occur. This chapter is being prepared for submission to Contributions of 

Mineralogy and Petrology.  
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 In Chapter 3, I build on the results of the previous chapter to demonstrate that 

lower crustal foundering of garnet pyroxenites in the southwestern US region occurred 

within the last 25 Myrs. Calculated densities indicate the Arizona garnet pyroxenites are 

on average 8% denser than mantle peridotite, making them gravitationally unstable. 

Calculated seismic velocities predict a unique seismic signature where pyroxenitic lower 

crustal roots are present. However, comparison with seismic receiver function images and 

shear wave tomography of the region shows that today such a signature is present beneath 

the Colorado Plateau, but is missing beneath the Basin and Range Province and Basin 

and Range–Colorado Plateau Transition Zone—where the garnet pyroxenite xenoliths 

were collected from. These observations lead me to propose that delamination of the 

lower crust has occurred in these regions. Additionally, in regions where lower crustal 

roots form and eventually delaminate, I predict elevation uplift to occur in two stages: 1) 

during voluminous production of felsic magmas in the upper crust due to magmatic 

differentiation and 2) during preferential removal of the dense lower crust. This chapter 

has been published in Earth and Planetary Science Letters (Erdman, Monica E., et al. 

“Role of arc magmatism and lower crustal foundering in controlling elevation history of 

the Nevadaplano and Colorado Plateau: A case study of pyroxenitic lower crust from 

central Arizona, USA.” Earth and Planetary Science Letters 439 (2016): 48–57).  

 Chapter 4 switches gears to understand how subducted material can return to 

Earth’s surface—a process that occurs during relamination, by definition. I perform a 

global compilation of high-pressure–low temperature metamorphic terranes that 

demonstrates oceanic-type terranes form at pressures less than 2.8 GPa whereas 

continental-type terranes form at greater pressures. Based on these observations, I 
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propose a buoyancy-driven exhumation model suggesting that channel flow operates at 

shallow pressures to exhume oceanic-type terranes, and, following slab dehydration, 

continental-type terranes exhume from greater depth via diapirism. The mode of 

exhumation depends primarily on slab dip and viscosity ratio between the buoyant 

material and overlying mantle. Thus, where these parameters change value, one would 

predict a transition in exhumation mode. For example, such a transition may occur along 

the subducting slab–mantle interface or during the closure of an ocean basin. This chapter 

was published in Earth Science Reviews (Erdman, Monica E. and Cin-Ty A. Lee. 

“Oceanic- and continental-type metamorphic terranes: Occurrence and exhumation 

mechanisms.” Earth Science Reviews 139 (2014): 33–46).  

 Whereas the previous three chapters delve into the details of how continental crust 

forms and evolves chemically, Chapter 5 changes pace entirely to consider volatile 

cycling. Research into volatile cycling within the Earth–atmosphere system is gaining 

traction, particularly regarding H2O and CO2. Volatile cycling is important to understand, 

particularly in subduction zone settings, as the presence of such elements dramatically 

changes the shape of the peridotite solidus (to induce melting at shallower depths), and 

additionally alters the rheology of the subducting slab and mantle. Sulfur has additional 

importance in volatile cycling because it exists in several oxidation states, ranging from 

S2- to S6+. Thus, sulfur is an important element in the study of redox reactions, with 

implications for the oxidation state of Earth’s atmosphere through time, the origin of ore 

deposits, weathering processes, etc. However, sulfur has proven to be difficult to study, in 

part due to the lack of adequately characterized geochemical reference materials. Here, I 

present a new method to measure sulfur abundance in silicate rocks via solution ICP-MS. 



6 
 

This chapter has been published in Geostandards and Geoanalytical Research (Erdman, 

Monica E. et al. “Sulfur concentration in geochemical reference materials by solution 

inductively coupled plasma-mass spectrometry.” Geostandards and Geoanalytical 

Research 38 (2014): 51–60). Appendix C presents preliminary data collected in an effort 

to characterize sulfur abundance and isotopic composition in subducted oceanic crust and 

lower crustal cumulates, with the intent of understanding sulfur cycling through the 

subduction factory—from subducting slab to magmatic differentiation within the crust.  
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CHAPTER 2 

Continental arc evolution via fractionation of garnet 
pyroxenite: the deep crustal perspective from central Arizona, 

USA 
 

ABSTRACT 

 Here we present a detailed geochemical and petrologic investigation of lower 

crustal xenoliths to understand deep-seated magmatic differentiation in continental arcs. 

The xenolith suite comprises two geochemical groups of garnet pyroxenite: 1) a 

pyroxene-rich, high Mg# group with recrystallized petrographic textures and 2) a garnet-

rich, low Mg# cumulate textured group. The major element geochemistry of these two 

groups suggests they are petrogenetically linked and form the collective complementary 

fractionates to continental arc batholithic plutons. High Mg# pyroxenites represent 

cumulates from a primary basaltic source formed at high pressure, which generate 

derivative basaltic melts with low Mg#. The low Mg# pyroxenites represent cumulates 

crystallized from these evolved melts at shallower levels in the crustal column. 

Crystallization of Si-poor garnet and amphibole from basalt drives the complementary 
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liquid to higher SiO2 content, driving compositions toward andesite and other evolved 

magmas typical of batholithic suites. This two-stage crystallization process leads to the 

formation of a layered lower crustal root beneath continental arcs, with low Mg# 

pyroxenites just below the Moho and high Mg# pyroxenites reaching depths as great as 

100 km. Bulk rock and mineral rare earth element patterns indicate garnet is a primary 

magmatic phase in both pyroxenite groups, indicating garnet plays a major role in 

magmatic fractionation. We propose that Fe-rich garnet in low Mg# pyroxenite 

fractionates drive calc-alkaline differentiation, implying that crustal thickness is 

responsible for the two major magmatic differentiation trends on Earth. 

 

2.1 Introduction 

 One of the features that make Earth unique in our solar system is the presence of a 

chemically evolved continental crust—the manifestation of significant silicate 

differentiation. This thin outermost layer of Earth is comparatively enriched in 

incompatible elements, more felsic in composition, and less dense than bulk Earth 

(Rudnick & Fountain 1995). It is widely believed that continental crust forms by partial 

melting of the mantle and comprises a complementary geochemical reservoir to the 

depleted mantle (Hofmann 1988). The problem with this view is that continental crust is 

too Si-rich and Mg-poor to have been derived directly from the peridotitic mantle 

(Rudnick 1995; Kay & Kay 1988). Mantle melting produces basalt (~50 wt. % SiO2) and 

thus cannot explain the generation of intermediate to felsic rocks (56–66 wt. % SiO2) that 

represent bulk continental crust compositions (Wyllie et al. 1984). Known as the 

“continental crust paradox”, this discrepancy requires a complementary mafic–ultramafic 
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reservoir to balance the composition of andesitic crust with respect to a basaltic source 

(e.g. Kay and Kay 1988; Kay and Kay 1993; Rudnick 1995).  

 In continental arc settings, one way to explain the voluminous formation of 

granitoids in arc batholiths is large-scale mafic–ultramafic cumulate fractionation during 

cooling. This scenario predicts a significant volume of gabbroic or garnet pyroxenitic 

residue (depending on pressure) exists at the base of continental arc crust. Indeed, recent 

studies have highlighted the need for deep-seated cumulates to explain the geochemical 

signatures of arc magmas (Jagoutz & Kelemen 2015; Ducea et al. 2015; Chapman et al. 

2015; Lee et al. 2006; Erdman et al. 2016). If accumulation occurs at great enough 

depths, or if the cumulates subsequently thicken to enter the garnet stability field, a layer 

of garnet pyroxenite would form. The high density of garnet pyroxenite relative to 

peridotitic mantle suggests the cumulate column is gravitationally unstable and may thus 

delaminate from the crust to be recycled into the upper mantle (Lee et al. 2006; Ducea & 

Saleeby 1996; Lee 2014; Kay & Kay 1993; Arndt & Goldstein 1989). This whole 

process—from the generation of evolved melts to recycling of mafic lower crust into the 

mantle—has significant implications for the geochemical evolution of Earth’s continental 

crust and mantle with geologic time.  

 The inherent difficulty in sampling the lower crust coupled with the predicted 

instability of dense residues at depth make testing this hypothesis problematic from the 

onset. However, samples of the cumulate lower crust may reach the surface in one of two 

ways. In some cases, accreted arc terranes have been tilted, such that the arc column—

from the plutonic batholith down to the crust-mantle transition—is exposed at the 

surface. Excellent examples include the Cretaceous Kohistan arc in Pakistan (Dhuime et 
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al. 2007; Dhuime et al. 2009; Jagoutz et al. 2006; Jagoutz et al. 2007; Garrido et al. 2006) 

and the Jurassic Talkeetna arc in Alaska (Greene et al. 2006; Kelemen et al. 2003; DeBari 

& Greene 2011), where lower crustal cumulate layers are exposed with their geologic 

context preserved. On the other hand, xenoliths—rock fragments brought to Earth’s 

surface by volcanism—provide another mechanism to directly sample the cumulate lower 

crust (Lee et al. 2006; Ducea & Saleeby 1998; Ducea & Saleeby 1996). This study 

focuses on a xenolith suite from central Arizona comprising garnet pyroxenites, 

garnetites, amphibolites, and gabbros (Arculus & Smith 1979; Smith et al. 1994; 

Esperança & Holloway 1984; Esperança et al. 1988; Arculus et al. 1988). These rocks are 

mafic to ultramafic in composition, making them candidates for the putative missing 

mafic component of continental crust differentiation. This paper seeks to characterize the 

igneous and metamorphic petrogenesis of this sample suite in order to test how arcs grow 

and evolve chemically.  

 

2.2 Samples and Methods 

2.2.1 Samples 

 Garnet pyroxenite xenoliths occur in Oligocene latites in the Basin and Range–

Colorado Plateau Transition Zone (BR-CP-TZ) of central Arizona. We collected xenolith 

samples erupted within the ~25 Ma Sullivan Buttes latite in Chino Valley and the similar-

aged Camp Creek latite northeast of Phoenix (Krieger et al. 1971). The petrography, 

geothermobarometry, and isotope geochemistry of these rocks has been described in 

detail by previous investigators (Arculus & Smith 1979; Smith et al. 1994; Arculus et al. 

1988; Esperança & Holloway 1984; Esperança et al. 1997; Esperança et al. 1988). Here 
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we consider the whole-rock and mineral major and trace element geochemistry to discuss 

the petrogenesis of this xenolith suite. We combine 11 samples from D. Smith’s 

collection (one sample, PR-63-DS, is described in Arculus et al. (1988) and Smith et al. 

(1994)) and 44 new samples presented here. Sample names denote where they were 

collected from: CC for Camp Creek, SB1 and SB3 for Sullivan Buttes (locations as in 

Manchester (1989)), and those with the suffix DS were on loan from Prof. D. Smith. 

Though the xenolith suite contains minor amphibolite, gabbro, and garnetite samples in 

addition to the dominant garnet pyroxenite compositions, for simplicity we use the term 

“garnet pyroxenites” or, simply, “pyroxenites” inclusively to refer to the xenolith suite as 

a whole.  

 

2.2.2 Analytical Methods 

 This study primarily uses geochemistry to determine the petrogenetic history of 

mafic xenoliths. Whole-rock major element compositions were determined for 49 

samples via X-ray fluorescence spectroscopy (XRF) at Washington State University at 

Pullman. Fresh sample sizes of 10–100 g were crushed and powdered in a ceramic SPEX 

mill placed in a shatterbox for 5–10 minutes per sample. Bulk trace element compositions 

were measured via laser ablation inductively coupled plasma mass spectrometry (LA-

ICP-MS) at Rice University on fused glass discs prepared for XRF. The instrument is a 

ThermoFinnigan Element 2 equipped with a New Wave 213 nm laser ablation system. 

Laser ablation measurements were made with a frequency of 10 Hz, at 80% power, and 

80 µm spot size and were averaged from 2 to 3 spot analyses in order to obtain a 

representative homogeneous measurement. Most trace element analyses were conducted 
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in low resolution mode (m/Δm ~300), where sensitivity is highest. Transition metals were 

measured in medium mass resolution (m/Δm ~3,000) to avoid molecular interferences. 

Overall magnetic drift during operation was corrected in real time by locking onto the 

40Ar40Ar dimer. 43Ca was used as an internal standard to correct for instrument drift 

through time. Reference materials BHVO2g (Hawaiian basalt), BIR-1g (Icelandic basalt), 

and BCR-2g (Columbia River basalt) were used as external standards to calibrate 

measurements. Prior to analysis, the instrument was tuned to obtain a sensitivity 

~300.000 cps per 15 ppm La in BHVO2g using a 55 µm spot size and 10 Hz pulse 

frequency. Element concentrations were converted from time-resolved analyses using an 

in-house data reduction Excel macros (http://www.cintylee.org/s/Laser-RAWDATA-

TEMPLATE.xls).  

 Major element concentrations of minerals from 13 samples were acquired in 

wavelength-dispersive spectroscopy mode on the Cameca SX 50 microprobe at Texas 

A&M in College Station, TX. Spot size was 10 µm. Garnet, clinopyroxene, 

orthopyroxene, and amphibole standards were used for external calibration. Mineral trace 

element compositions from 4 samples were measured in-situ via LA-ICP-MS at Rice 

University. Polished 200 µm thick sections of the garnet-pyroxenites were analyzed with 

laser settings at 10 Hz frequency, 95% power, and 55 µm spot size. Analytical settings, 

internal and external standards, and data reduction methods were similar to those used for 

the whole-rock analyses.  
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Figure 2 - 1: Petrographic characteristics of Arizonan xenolith thin sections. A, coarse-grained, anhedral, garnet-
rich pyroxenite with cumulate texture. Note the pervasive partial melt pockets (especially on left half) and melt 
infiltration along grain boundaries. B, coarse-grained, anhedral, amphibole garnet-pyroxenite with cumulate texture and 
minimal alteration. C, close-up view of yellow accessory titanite minerals displaying primary cumulate textures with 
garnet, amphibole, and minor clinopyroxene. D, garnet-pyroxenite showing variable grain size and textures alternating 
from cumulate to recrystallized. E, close-up view of alternating garnet and clinopyroxene strings interpreted as 
recrystallized exsolution lamellae within a former pyroxene porphyroclast. F, close-up view of a clinopyroxene-rich 
xenolith with recrystallized texture showing 120° triple junctions and fine grain size. Amph, amphibole; cpx, 
clinopyroxene; gt, garnet; ti, titanite. 

 
2.3 Results 

2.3.1 Petrography 

 Petrographic investigation of the Arizonan xenoliths reveals two textural forms 

(Figure 2-1). The first group consists primarily of garnet pyroxenites, with minor 
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amphibolites and gabbros. Xenoliths from this group are represented by Figure 2-1A and 

1B. They are dominated by coarse-grained, sub-rounded, anhedral garnets and/or 

anhedral, poikilitic amphibole, which form the framework of the rock. Together, garnet 

and amphibole comprise 30–90% of these samples, and the remainder is clinopyroxene 

with minor rutile, titanite, FeTi oxide, apatite, and biotite. Clinopyroxene and/or 

amphibole fill the interstices between garnets, displaying poikilitic textures and highly 

irregular grain boundaries. When present, Ti-bearing phases retain similar textures 

(Figure 2-1C). Garnets reach sizes on the millimeter to centimeter scale. The proportion 

of garnet ranges from 15 to 75% and those samples with low garnet mode have 

amphibole modes > 60%. Gabbros in this group contain amphibole and plagioclase with 

minor apatite. Compositional layering is visible in thin sections of some garnet 

pyroxenites. These layers are defined by alternating garnet-rich and garnet-poor intervals. 

Altogether, the textural observations described here are consistent with a cumulate 

texture, where the compositional layering represents original cumulus layering.  

 The second group of xenoliths is represented by Figure 2-1D. This group shows 

considerable variation in grain size and texture, though in general the mineralogy is 

dominated by fine-grained, equant clinopyroxene with lesser amounts of garnet of similar 

size and shape. Grain sizes are typically on the sub-millimeter scale. Clinopyroxene 

makes up 40–85% of these rocks. Accessory phases include apatite, rutile, FeTi oxide, 

and biotite, but no titanite. In some samples, large pyroxene porphyroclasts contain 

exsolution lamellae of garnet, clinopyroxene, FeTi oxide, and, in one sample, 

orthopyroxene. The porphyroclasts display undulatory schistosity. Often, alternating 

strings of fine-grained, equant clinopyroxene and garnet can be seen, suggesting 
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recrystallization of exsolution lamellae from original aluminous pyroxene porphyroclasts 

(Figure 2-1E). Some samples display homogeneous textures of fine-grained, equant 

clinopyroxene and garnet with smooth grain boundaries and 120° triple junctions (Figure 

2-1F). These textures suggest the samples have been wholly recrystallized. Other samples 

display heterogeneous textures that include layers of fine-grained, equant clinopyroxene 

and garnet that are juxtaposed against coarse-grained, equigranular garnet and interstitial 

clinopyroxene, reminiscent of the garnet-rich group (Figure 2-1D). Porphyroclastic 

pyroxene with garnet lamellae is common in these samples. Such textures suggest partial 

recrystallization has occurred. We therefore interpret the second group of xenoliths as the 

partially to wholly re-equilibrated versions of pyroxene-rich cumulates.   

 All samples display some level of degredation or secondary alteration. Most 

garnets have opaque rims of kelyphite, a fine-grained symplectite intergrowth of oxides 

and silicates replacing garnet; in a few samples kelyphite occurs as garnet pseudomorphs. 

In many samples, amphibole occurs as small, lens-shaped inclusions in clinopyroxene, in 

addition to the primary textures described above. This texture suggests partial 

replacement of clinopyroxene by amphibole. Often, xenoliths contain small amounts of 

late-stage partial melt or evidence of melt infiltration. Some samples contain interstitial 

pockets of brown-gray glass and quenched crystals of plagioclase, clinopyroxene, and 

amphibole; others contain translucent pockets of euhedral plagioclase. These textures 

likely indicate late-stage products of partial melt or infiltration from the host latite, 

respectively. Additionally, crystals of plagioclase and calcite occur in small fractures and 

cracks, and may represent infiltration by fluids during eruption or after host emplacement 

at the surface. Many of the primary and secondary textures described above are noted by 
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previous researchers (Arculus & Smith 1979; Esperança & Holloway 1984; Esperança et 

al. 1988; Schulze & Helmstaedt 1979).  

 

2.3.2 Whole-rock geochemistry 

2.3.2.1 Major elements 

 Whole-rock major element data for the Arizonan garnet pyroxenites are reported 

in Table A-1. Major element oxide variation diagrams are plotted in Figure 2-2. The SiO2 

content of the Arizona garnet pyroxenites varies from 38 to 51 wt. % and shows a 

correlation with nearly all oxides. MgO and CaO, as well as Mg-number (Mg# = 

Mg/(Mg+Fe)), correlate positively with SiO2 for the Arizona garnet pyroxenites, such 

that samples with high SiO2 have higher abundances of MgO and CaO, and higher Mg#. 

The high Mg#s of this group indicate a more primitive composition. Other major oxides, 

including FeOT, Al2O3, Na2O, K2O, and TiO2, inversely correlate with SiO2. Samples 

with low SiO2 content (< ~48 wt.%) generally have less than 13 wt.% MgO and greater 

than 12 wt.% Al2O3 whereas those with high SiO2 (> ~48 wt.%) generally have greater 

than 13 wt.% MgO and less than 12 wt.% Al2O3. These two distinct geochemical groups 

correlate with the textures and mineralogy described above, such that garnet-rich, 

cumulate-textured samples have low MgO, high Al2O3, and low Mg# and the 

clinopyroxene-rich, (partially) recrystallized samples have high MgO, low Al2O3, and 

high Mg#. Based on these observations, we divide the garnet pyroxenites into two 

geochemically and petrologically distinct groups. For simplicity, we define the groups 

based on Mg# and refer to samples with Mg# <0.63 as ‘low Mg#’ pyroxenites and 

samples with Mg# >0.63 as ‘high Mg#’ pyroxenites. Lee et al. (2006) used a similar 
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method to classify low MgO versus high MgO garnet pyroxenite xenoliths from the 

Sierra Nevada Mountains in California.  

 High Mg# samples are characterized by low FeOT, Al2O3, Na2O, and TiO2 and 

have SiO2 contents that generally overlap with basalt. Low Mg# samples have higher 

abundances of FeOT, Al2O3, Na2O, and TiO2 and ultramafic SiO2 compositions. The two 

groups have similar CaO concentrations. For all oxides, the high Mg# group clusters 

around a similar composition whereas the low Mg# samples define a compositional 

continuum that varies with SiO2.  

 For comparison, we also plot compositions of plutonic rocks from the Sierra 

Nevada batholith in Figure 2-2 (Ague & Brimhall 1988; Barbarin et al. 1989; Bateman & 

Nokleberg 1978; Bateman 1989; Bateman, Chappell, et al. 1988; Bateman, Krauskopf, et 

al. 1988; Dodge & Calk 1986; Peck & Van Kooten 1983; Ratajeski et al. 2001; Sisson et 

al. 1996; Smith & Cohen 1996; Wenner & Coleman 2004; Wiebe et al. 2002). The 

compilation of batholithic rocks varies in composition from mafic to felsic, though felsic 

rocks dominate the outcrop area of the Sierra Nevada batholith. Mafic plutons are small, 

but ubiquitous throughout the batholith, comprising less than 5% of the outcrop area 

(Sisson 1992; Moore 1987). Compositions of mafic enclaves from Sierra Nevada plutons 

are included in this compilation as their major element compositions are similar to mafic 

plutons. The mafic to felsic rocks plotted in Figure 2-2 typify the magmatic 

differentiation trends expected in a continental arc batholithic suite (Lee et al. 2006). The 

suite varies from primitive compositions (SiO2 ~48 wt. %), exemplified by gabbros and 

mafic enclaves, to highly evolved end-member compositions (SiO2 > 75 wt. %), as 

represented by granites.  
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Figure 2 - 2: Whole-rock major element geochemical characteristics. Variation diagrams showing geochemical 
relationships between Arizonan garnet pyroxenites (this study), Sierra Nevadan cumulates (Ducea 2002; Lee et al. 
2006), Kohistan cumulates (Dhuime et al. 2007; Dhuime et al. 2009; Jagoutz et al. 2006; Jagoutz 2010), Talkeetna 
cumulates (Greene et al. 2006; Kelemen et al. 2003), experimental results of cumulate compositions crystallized from 
hydrous basalts and basaltic andesites (Müntener et al. 2001), and a compilation of Sierra Nevadan mafic to felsic 
plutonic rocks (see text for references). Red and orange symbols distinguish high Mg# versus low Mg# cumulates, 
respectively. Open orange and red symbols designate rocks that have a demonstrated petrogenetic origin as cumulates. 
Sierra Nevadan batholithic rocks are interpreted to represent the products of a mature continental arc. Black arrow 
denotes the differentiation path of mafic to intermediate plutons from a hypothetical primary melt composition 
(Kelemen et al. 2003). (A) MgO versus SiO2; (B) Mg# versus SiO2; (C) CaO versus SiO2; (D) total Fe as FeO versus 
SiO2; (E) Al2O3 versus SiO2; (F) Na2O versus SiO2; (G) K2O versus SiO2; (H) TiO2 versus SiO2. 
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The most primitive mafic rocks have MgO content <7 wt. % and Mg# <0.55. Magmas 

derived directly from peridotite melting should have MgO contents ≥ 8 wt.% and Mg# 

around 0.7, such as primitive basaltic lavas from the Cascades arc, western North 

America (Leeman et al. 2005). This suggests that the Sierra Nevada mafic plutonic rocks 

are not direct melts of the mantle, but instead may have experienced deep level 

fractionation. By comparing the Arizonan garnet pyroxenites to Sierra Nevadan 

batholithic plutons we intend to interpret magmatic processes in continental arcs, and do 

not necessarily imply a genetic relationship between these specific suites of rocks. The 

geochemical trends of the Sierra Nevada mafic to felsic batholithic rocks and their 

relationship with garnet pyroxenites are discussed in detail in Section 2.5.1. 

 

2.3.2.2 Rare-earth elements 

 Whole-rock rare earth element plots show several distinct patterns (Figure 2-3). 

Low Mg# garnet pyroxenites are generally enriched in heavy rare-earth elements (HREE) 

relative to light rare-earth elements (LREE). This is a typical signature of garnet-rich 

rocks, and implies that garnet was a primary magmatic phase. Many low Mg# rocks show 

LREE enrichment. Plotted for comparison is a reconstructed REE pattern for a bimodal 

low Mg# pyroxenite (60% garnet and 40% clinopyroxene) calculated from average 

mineral REE abundances (see Section 2.3.3). The reconstructed rock is depleted in 

LREEs, suggesting that late-stage contamination or melt infiltration occurs on grain 

boundaries and is not a primary feature of the minerals present. Alternatively, whole-rock 

LREE enrichment may result from melt trapped between crystals during cumulate 

formation.  
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Figure 2 - 3: Whole-rock rare earth element abundance diagrams. Concentrations of low Mg# (A) and high Mg# 
(B) pyroxenites are normalized to primitive mantle (McDonough & Sun 1995). Thickest black lines represent 
reconstructed whole-rock values from mineral REE abundances (as plotted in Figure 2-8) according to the following 
mineral modes: 60% garnet + 40% cpx in the low Mg# rock (A) and 30% garnet + 70% cpx in the high Mg# rock (B). 
These mineral modes are similar to average abundances for each rock type. Shaded region in B corresponds to the 
range observed in low Mg# garnet pyroxenites (A).  

 
 Several high Mg# samples have REE patterns that overlap with the low Mg# 

garnet pyroxenites. These samples show HREE enrichment and LREE depletion—a 

typical garnet-signature. A reconstructed bimodal high Mg# pyroxenite (70% 

clinopyroxene and 30% garnet) is also plotted for comparison. The high Mg# samples 

appear to suffer from contamination similarly to the low Mg# pyroxenites. Several high 

Mg# rocks show contrasting patterns, plotting with low HREE concentrations that 

approach primitive mantle abundances. It is unlikely that the 0–33 vol. % garnet in these 
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samples is primary magmatic garnet. Rocks with primary magmatic garnet should have 

normalized Gd/Yb ≤ 1 and enriched Yb content relative to primitive mantle, as Yb is 

compatible in garnet (Figure 2-4A). Gd/Yb may increase during metasomatism or via 

contamination from the host lava. However, for samples with Yb ~1, we would not 

expect Gd/Yb values to be low, as garnet is not a primary phase in these samples. 

Additionally, nearly all high Mg# pyroxenites are depleted in Eu relative to Gd and Sm. 

A plot of Eu anomaly [Eu/Eu* = EuN/((GdN + SmN)/2)] shows that Eu/Eu* varies with 

Mg#, such that high Mg# pyroxenites have Eu/Eu* < 1 and low Mg# pyroxenites vary 

from <1 to 1.5 as Mg# decreases (Figure 2-4B).   

 

 

Figure 2 - 4: Whole-rock trace element geochemical plots. A) primitive mantle normalized Gd/Yb versus Yb and B) 
Eu anomaly versus Mg# for the Arizona garnet pyroxenites. Red and orange squares plot high Mg# and low Mg# 
samples, respectively. 

 
2.3.2.3 Trace elements 

 Whole-rock trace element concentrations of the Arizonan pyroxenites are reported 

in Table A-1. Cr and Ni concentrations increase with MgO content in the Arizonan garnet 

pyroxenites (Figure 2-5). High Mg# samples have higher concentrations of Cr and Ni 

than low Mg# samples. Concentrations of Cr reach up to 1900 ppm and Ni reaches up to 
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560 ppm in high Mg# garnet pyroxenites. One outlier, an orthopyroxene-bearing garnet 

pyroxenite, has 4800 ppm Cr and 865 ppm Ni. The high Cr contents in high Mg# samples 

are certainly due to the high clinopyroxene mode of this group, as Cr is compatible in 

clinopyroxene. The high Ni and Cr concentrations, in combination with their high Mg#, 

suggest the high Mg# group is more primitive than the low Mg# group.  

 Ba and Sr concentrations are highest in low Mg# samples (Figure 2-5), especially 

in the single gabbro sample of this group that contains primary plagioclase (367 ppm Ba, 

1130 ppm Sr). If plagioclase is a primary cumulate phase in these rocks, we would expect 

high Ba and Sr concentrations. Instead, only samples with high levels of secondary 

plagioclase have Ba or Sr concentrations that approach that of the gabbroic sample (453 

ppm Ba and up to 525 ppm Sr). Rb content is < 10 ppm in all samples except a single 

amphibolite with high biotite mode. Additionally, Sr/Nd ratios normalized to primitive 

mantle are < 5 in all samples. These results suggest plagioclase was not a primary 

cumulate phase in the Arizonan garnet pyroxenites, excluding one gabbroic sample.  

 Multi-element diagrams display a wide variety of patterns (Figure 2-6). We plot 

the high Mg# pyroxenites together, but separate the low Mg# pyroxenites into three plots 

in order to reduce clutter. All samples, regardless of classification, show depletion in 

highly incompatible elements relative to bulk continental crust (BCC, Rudnick and 

Fountain (1995)). High Mg# pyroxenites (Figure 2-6A) generally have flat HREE that 

vary from more depleted to more enriched than BCC. All samples plot with depletions in 

the high field strength elements (HFSE) Ti, Hf, Zr, Nb, and Ta. Most are depleted in Th. 

Half of the high Mg# samples have trace amounts of FeTi oxides present in thin section, 

despite depletions in HFSE that are compatible in these phases. This suggests that any 
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FeTi oxides present are not primary magmatic phases. FeTi exsolution lamellae in 

pyroxene observed via EPMA lends credence to this assertion.  

 We separate the low Mg# samples into three groups based on Ti anomaly, defined 

as [Ti/Ti* = TiN/((GdN + SmN)/2)]. Those samples with Ti/Ti* less than, equal to, or 

greater than 1 are plotted together. The group with Ti/Ti* < 1 show a similar pattern to 

the high Mg# garnet pyroxenites, plotting with depletions in Hf, Zr, Ta, Nb, and Th 

(Figure 2-6B). These samples have HREE concentrations more enriched than average 

continental crust. Two samples from this group have trace amounts of titanite visible in 

thin section, implying exsolution from Ti-rich pyroxene or garnet precursors.  

 Low Mg# pyroxenites with Ti/Ti* = 1, on average, have HREE more enriched 

than BCC (Rudnick & Fountain 1995) and flat-lying trace element patterns (Figure 2-

6C). Individual samples, however, have highly variable LREE, Ta, Nb, and Cs contents. 

All are depleted in Th and Rb. All of these samples have trace amounts of rutile or FeTi 

oxides present in thin section.  

 Low Mg# pyroxenites with Ti/Ti* > 1 also plot with enriched HREE relative to 

BCC (Figure 2-6D). These samples, on average, are more enriched in Ta and Nb than 

other garnet pyroxenites, and nearly all have rutile present in trace amounts. All samples 

are depleted in Th and Rb and show slight depletions in LREE. Some samples are 

enriched in Sr relative to Nd and Pr.  
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Figure 2 - 5: Whole-rock trace element concentrations.  Cr (A), Ni (B), Ba (C), and Sr (D) concentrations (ppm) in 
high Mg# and low Mg# pyroxenites. 

 

 
 

Figure 2 - 6: Incompatible trace element geochemistry. Concentrations of the Arizona garnet pyroxenites are 
normalized to primitive mantle (McDonough & Sun 1995). All high Mg# samples are plotted in (A). The low Mg# 
samples are separated into three groups based on Ti anomaly [Ti/Ti* = TiN/((GdN + SmN)/2)]. Samples with Ti anomaly 
< 1 are plotted in (B); Ti anomaly = 1 are plotted in (C); and Ti anomaly > 1 are plotted in (D). Plotted for comparison 
are average upper crust (UC), lower crust (LC), and bulk continental crust (BCC) compositions (Rudnick & Fountain 
1995). Average values for the samples plotted in each panel are displayed with a thick black line.  
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2.3.3 Mineral geochemistry 

2.3.3.1 Clinopyroxene 

 Representative major element compositions of clinopyroxene are shown in Table 

2-1. See Table A-2 and A-3 for complete mineral major element compositions and Table 

A-4 for trace element compositions. In both low Mg# and high Mg# xenolith groups, 

clinopyroxene is diopsidic. However, in the high Mg# group, clinopyroxene has less than 

20% hedenbergite, whereas the hedenbergite component in clinopyroxene extends up to 

30% in low Mg# samples. Sodium in clinopyroxene is up to 2.1 and 3.0 wt. % Na2O in 

high Mg# and low Mg# xenoliths, respectively. In addition, clinopyroxene Al2O3 

contents are higher in low Mg# samples than high Mg# samples (Figure 2-7A).  

 Primitive mantle normalized REE patterns of clinopyroxenes from two low Mg# 

samples (SB3-ME3 and SB3-ME11) and two high Mg# samples (SB3-ME4 and CC-

ME1) are shown in Figure 2-8A. In general, all samples show depletions in both HREE 

and LREE and enrichment in middle REE (MREE). However, clinopyroxene REE 

partition coefficients predict clinopyroxene to have positive slopes from La to Lu 

(Pertermann et al. 2004).  Clinopyroxene crystallizing contemporaneously with garnet 

from a melt, however, may have HREE depletion due to the high partition coefficients of 

HREE in garnet (Pertermann et al. 2004). Clinopyroxene from low Mg# samples tend to 

be more depleted in all REE compared to high Mg# samples.  
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Table 2 - 1: Representative clinopyroxene major element chemistry (wt. %) 

 

 

 

Table 2 - 2: Representative garnet major element chemistry (wt. %) 
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2.3.3.2 Garnet 

 Major element and trace element compositions of garnets are reported in Tables 

2-2 and A-5, respectively. See Tables A-2 and A-3 for complete mineral major element 

compositions. Garnet composition varies slightly between the two xenolith groups, 

though both are rich in almandine and pyrope end-members. On average, garnet 

composition is Pyr30Alm48Gr22 in garnet-rich low Mg# xenoliths and Pyr40Alm46Gr14 in 

clinopyroxene-dominated high Mg# xenoliths. The grossular content is higher in low 

Mg# samples than in high Mg# samples (Figure 2-7B). REE patterns of garnets from two 

low Mg# and two high Mg# samples are plotted in Figure 2-8B. In general, garnet REE 

patterns show HREE enrichment and LREE depletions. Low Mg# samples have slightly 

less HREE enrichment and LREE depletion than high Mg# samples. A few garnets show 

enrichment in La and Ce, though these are mineral rim analyses and may therefore be 

affected by late-stage melt infiltration along grain boundaries.  

 

2.3.3.3 Orthopyroxene 

 Major element compositions of orthopyroxenes are reported in Table 2-3 and A-2. 

Orthopyroxenes in the Arizonan xenoliths are enstatite-rich, with Mg-number between 

0.75 and 0.77. Orthopyroxene is restricted to high Mg# pyroxenites (this study and Lee et 

al., 2006). Within the single sample that contains orthopyroxene, the major element 

compositions are homogeneous across different textures, including discrete minerals and 

orthopyroxene with exsolved garnet.  
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Table 2 - 3: Representative orthopyroxene major element chemistry (wt. %) 

 

 

 

 

Figure 2 - 7: Mineral major element geochemistry. (A) Al2O3 versus MgO in clinopyroxene, (B) CaO versus MgO 
for garnet. Data points represent mineral chemistries for samples in this study (Tables A-2 and A-3) and are categorized 
here based on the bulk compositions of the xenoliths from which they originate.  

 



29 
 

2.3.3.4 Amphibole 

 Major element compositions are reported in Table 2-4 and A-3. Three low Mg# 

samples have been analyzed for their amphibole composition. In samples with less than 

30 vol. % amphibole, amphibole is magnesio-hornblende in composition. In a sample 

with >50 vol. % amphibole, amphibole composition is pargasitic.  

 

 

 

Table 2 - 4: Representative amphibole major element chemistry (wt. %) 
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Figure 2 - 8: Mineral rare earth element abundance diagrams. Primitive mantle  normalized (McDonough & Sun 
1995) concentrations are plotted for clinopyroxene (A) and garnet (B). High Mg# and low Mg# samples are colored in 
red and orange, respectively. 

 
2.4 Geothermobarometry 

2.4.1 Approach 

 We use subsolidus mineral geothermobarometry to constrain final temperature 

and pressure equilibration conditions of the Arizona pyroxenites. Because of textural 

evidence for disequilibrium, particularly in the high Mg# samples (e.g. exsolution 
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lamellae in porphyroclasts, hybrid cumulate and recrystallized textures), we focus on 

mineral rims, which have the highest potential to record the local P-T conditions at which 

the system closed. Suitable mineral pairs (or trios) were selected for quantitative analysis 

where their shared grain boundaries are unaffected by alteration, cracks, or late-stage 

magmatic infiltration. Where kelyphite rims on garnet exist, we measured mineral rim 

pairs equidistant from the grain boundary inside of the altered garnet rim.  

 Suitable barometers exist for mineral assemblages containing orthopyroxene and 

garnet in equilibrium (Harley & Green 1982; Brey & Köhler 1990). Two samples in the 

Arizona xenolith suite contain appropriate mineral assemblages, both high Mg# 

pyroxenites, and only one has been analyzed in this study (SB3-ME37). The other sample 

(PRS-90A-DS) is one of the samples lent by D. Smith, and other rocks in this subset have 

been previously analyzed by Smith et al. (1994). The textural complexity of sample SB3-

ME37 makes it ideal to obtain meaningful geothermobarometry results. We focus on 

recrystallized garnet-opx-cpx trios with smooth grain boundaries as well as 

orthopyroxene porphyroclasts with garnet exsolution lamellae for high resolution EMP 

analysis. The results are recorded in Table A-2. Geothermobarometry in texturally 

unequilibrated samples is difficult due to the complexity of identifying mineral rim pairs 

in equilibrium. Because cumulates form during the cooling of magmas, and may 

represent the culmination of multiple generations of minerals on a prolonged cooling 

trend, we consider garnet lamellae in porphyroclastic orthopyroxene as unambiguous 

evidence of garnet and orthopyroxene in equilibrium. Measurements were made 

equidistant from the shared grain boundary between garnet and orthopyroxene. Where 

garnet lamellae are unavailable, we use discrete garnet-clinopyroxene-orthopyroxene 



32 
 

trios. We identify suitable mineral trios as those displaying similar grain sizes, smooth 

grain boundaries, and 120° triple junctions where all three phases share a grain boundary.  

 For the remaining high Mg# pyroxenites and all of the low Mg# pyroxenites, 

which do not contain orthopyroxene, we cannot reliably estimate pressure. Chromium 

contents are too low in clinopyroxenes from all samples to utilize the Cr-in-diopside 

barometer (Nimis & Taylor 2000). For these samples, we perform geothermometry, using 

a variety of different calibrations, at fixed pressure. Low Mg# samples do not have 

cooling textures, such as exsolution lamellae in porphyroclasts, nor do they contain 

recrystallized minerals, such as those found in the high Mg# samples. We therefore 

measured cumulate-textured garnet-clinopyroxene pairs that have similar grain sizes, 

share a grain boundary, and are devoid of cracks, inclusions, and alteration.  

 

2.4.2 Results 

2.4.2.1 Garnet + orthopyroxene geothermobarometry 

 The reaction governing the equilibration of orthopyroxene coexisting with garnet 

is Mg2Si2O6 + MgAl2SiO6 = Mg3Al2Si3O12. The large volume change involved makes 

this net-transfer reaction a useful geobarometer. The geobarometers employed here are 

based on the Al-in-orthopyroxene geobarometer of Harley and Green (1982) and a more 

recent calibration of the same reaction by Brey and Köhler (1990), which improves on 

the previous calibration by including additional elements, such as Ti, Na, and Cr. We 

combined these geobarometers with the Ca-in-orthopyroxene geothermometer of Brey 

and Köhler (1990). Results derived from  the combination of the Harley and Green 

(1982) and Brey and Köhler (1990) geobarometers differ by < 20 °C and < 5 kbar. 

Because the differences are relatively small, we report P–T results using both calibrations 
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(Table 2-5, Figure 2-9). Average final equilibration temperatures of discrete garnet-

orthopyroxene pairs in sample SB3-ME37 are 820 °C (780–870 °C) and average 

pressures are 29 kbar (27–35 kbar). Average estimates for garnet lamellae in 

orthopyroxene porphyroclast hosts are slightly lower in temperature and pressure, at 780 

°C (760–815 °C) and 25 kbar (22–30 kbar). Exsolution of garnet from a high-Al 

orthopyroxene host is a cooling texture; therefore it is not unexpected to estimate lower 

temperatures for these mineral pairs. Though we have taken precautions to avoid 

minerals that display disequilibrium textures, geothermobarometry on this sample suffers 

from complexities arising from disequilibrium (discussed in detail below). Because the 

Ca-in-orthopyroxene geothermometer and Al-in-orthopyroxene geobarometer 

combination relies on a single pyroxene phase in equilibrium with garnet, the errors 

associated with the introduction of more phases potentially in disequilibrium is reduced. 

We therefore interpret the results from the Ca-in-orthopyroxene geothermometer (Brey & 

Köhler 1990) combined with the Al-in-orthopyroxene geobarometer (Brey & Köhler 

1990; Harley & Green 1982) as most closely approximating the final P–T values of the 

Arizona garnet pyroxenites.  

 In addition to the Ca-in-orthopyroxene geothermometer, we applied the Fe–Mg  

exchange geothermometer between garnet and orthopyroxene (Harley, 1984) in 

conjunction with the two Al-in-orthopyroxene geobarometers. For the same garnet 

lamellae within orthopyroxene porphyroclasts and garnet-orthopyroxene mineral pairs, 

geothermobarometry using Harley (1984) and either Harley and Green (1982) or Brey 

and Köhler (1990) yields considerably different final equilibration temperatures (590–

720 °C) and pressures (7–24 kbar) than the Ca-in-orthopyroxene geothermometer.  
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Figure 2 - 9: Pressure–temperature diagram. Geothermobarometry results from sample SB3-ME37 are plotted 
according to the method used. Gray colored squares plot results using the Ca-in-opx geothermometer and the Al-in-opx 
geobarometer (Brey & Köhler 1990; Harley & Green 1982) and are separated by textures displayed by the mineral 
pairs. These results are interpreted to represent the final equilibration conditions of the Arizona pyroxenites (see 
Section 2.4.2.1 for discussion). Results obtained using different geothermometers in combination with the Al-in-opx 
geobarometers are plotted as open symbols: star (Harley 1984); diamond (Ellis & Green 1979); circle (Krogh-Ravna 
2000); triangle (Krogh 1988); square (Brey & Köhler 1990). For comparison, yellow circles plot results from Smith et 
al. (1994) as determined for websterites from the Sullivan Buttes location. Dashed lines denote KD isopleths for the Al-
in-opx geobarmometer of Brey and Köhler (1990). The orange and red bars plot the range of temperatures determined 
for low Mg# and high Mg# samples, respectively, that lack appropriate mineralogy for pressure estimates via 
geobarometry. These temperatures are calculated at 12 kbar for low Mg# samples and at 30 kbar for high Mg# samples, 
using three calibrations of Fe–Mg exchange between garnet and clinopyroxene (Ellis & Green 1979; Krogh 1988; 
Krogh-Ravna 2000). Bars are dashed where data is sparse.  

 

Table 2 - 5: 
Geothermobarometry 
results for orthopyroxene-
bearing high Mg# sample 
SB3-ME37 
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 The discrepancy between final P–T values calculated for different thermometers 

using the same garnet-orthopyroxene pairs can be explained by the different closure rates 

of the Al-in-orthopyroxene geobarometer and the Fe–Mg exchange geothermometer. This 

is due to the significant difference in diffusion rates between the trivalent Al cation and 

divalent Fe and Mg cations. For example, Al diffusivity in pyroxene is <10-22 m2s-1 at 

1000 °C (Sautter & Fabriès 1990) whereas Fe and Mg diffusivities are 10-19 m2s-1 (Brady 

1995). The 3 orders of magnitude difference in diffusion rates alters the kinetics of 

equilibrium considerably. For example, during isobaric cooling, Al contents will “freeze 

in” at higher temperature, due to sluggish kinetics, than Fe and Mg, which will continue 

to equilibrate to lower temperatures. Thus, any calculation based on Fe–Mg exchange 

will record equilibrium at a lower closure temperature, but geobarometers based on the 

solubility of Al-in-orthopyroxene will converge on KD isopleths at an “arrested” higher 

temperature state. Geothermobarometric calculations will therefore result in apparent 

equilibrium values at low temperature and low pressure. We attribute the differences in 

final P–T values between the Ca-in-orthopyroxene geothermometer and Fe–Mg exchange 

geothermometers (in conjunction with Al-in-orthopyroxene geobarometers) to this effect. 

While the Ca-in-orthopyroxene geothermometer probably also suffers from a similar 

phenomenon, the effect is likely limited in our calculations because the geothermometer 

only depends on one phase, rather than the equilibrium state between two different 

phases. Previous researchers have observed similar effects from differential kinetics for 

rocks that display disequilibrium textures (e.g. Chin et al., 2012; Smith and Barron, 1991; 

Smith et al., 1994). It is likely that the high T and low T websterites described by Smith 
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et al. (1994) for xenoliths from the Sullivan Buttes are the result of similar disequilibrium 

artifacts as well.  

 

4.2.2 Garnet + 2 pyroxene geothermobarometry 

 We additionally applied three calibrations of the garnet-clinopyroxene Fe–Mg 

exchange geothermometer (Ellis & Green 1979; Krogh 1988; Krogh-Ravna 2000) with 

the two Al-in-orthopyroxene geobarometers (Brey & Köhler 1990; Harley & Green 

1982). Because of the difficulty in finding clinopyroxene in textural equilibrium with 

garnet lamellae in orthopyroxene porphyroclasts in sample SB3-ME37, we applied this 

set of geothermometers to garnet-clinopyroxene-orthopyroxene mineral trios, and 

therefore have fewer final P–T estimates. Temperature calculations using the calibration 

of Ellis and Green (1979) yield higher temperatures than either of the other calibrations, 

similar to observations in Brey and Köhler (1990). Average final temperatures are 690 °C 

and average pressures are 21 kbars. Estimates using the Krogh (1988) calibration are 

cooler and shallower, averaging 580 °C and 14 kbar. Finally, estimates using the most 

recent calibration of Krogh-Ravna (2000) yield the coolest temperatures and shallowest 

pressures, averaging 550 °C and 12 kbar. That the P–T values calculated for these three 

geothermometers lie directly on KD isopleths for the Al-in-orthopyroxene geobarometers 

(Brey & Köhler 1990; Harley & Green 1982) lends further support to our interpretation 

that diffusion kinetics can result in disequilibrium values.  

 We also consider the 2 pyroxene geothermometer of Brey and Köhler (1990) in 

conjunction with the Al-in-orthopyroxene geobarometers of Brey and Köhler (1990) and 

Harley and Green (1982). Final P–T estimates average 630 °C and 17 kbar, within the 
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range of results from garnet-clinopyroxene Fe–Mg exchange. Results are similarly 

affected by the sluggish diffusion of Al versus Fe and Mg, and are thus interpreted as 

disequilibrium results.  

 

4.2.3 Garnet + clinopyroxene geothermometry in orthopyroxene-free samples 

 Due to the lack of orthopyroxene, suitable mineral assemblages for geobarometry 

do not exist in the remaining high Mg# pyroxenites or in the low Mg# pyroxenite group. 

Instead, we focus on estimating temperature in these samples via Fe–Mg exchange 

between garnet and clinopyroxene for a fixed pressure (Ellis & Green 1979; Krogh 1988; 

Krogh-Ravna 2000). For high Mg# pyroxenites we calculate temperatures at 30 kbar 

(about 90 km depth), the average pressure of sample SB3-ME37 as determined above. 

We perform geothermometry on six high Mg# samples (5 from the Sullivan Buttes latite 

and 1 from the Camp Creek latite), utilizing garnet and clinopyroxene pairs that display 

three types of textures: cumulate texture, recrystallized texture, or garnet exsolution 

lamellae in a clinopyroxene host. The results are listed in Table 2-6 and plotted as a red 

bar in Figure 2-9. Mineral pairs of all textural types generate identical results. On 

average, mineral pairs yield the following temperatures: 725 °C, 640 °C, and 665 °C for 

the calibrations of Ellis and Green (1979), Krogh (1988), and Krogh-Ravna (2000), 

respectively. One recrystallized sample from Camp Creek, however, yields higher 

average temperatures: 907 °C, 849 °C, and 828 °C, respectively.  
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Table 2 - 6: Garnet-clinopyroxene geothermometry results for high Mg# pyroxenites 
calculated at 30 kbar 
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 Low Mg# pyroxenites are characterized by large grain sizes and cumulate 

textures, and generally lack any textural evidence for a subsequent thermal event, such as 

the disequilibrium textures displayed by the high Mg# samples (e.g. exsolution lamellae, 

recrystallization, etc.). These observations suggest the low Mg# pyroxenites cooled 

quickly and did not experience subsequent heating, in order to retain their original 

cumulate textures. For this reason, we interpret the low Mg# samples to have crystallized 

at shallower depth than the high Mg# samples (Erdman et al. 2016). The high abundance 

of amphibole in many of these samples agrees with this interpretation, as garnet and 

amphibole appear on the liquidus together at deep crustal depths (Alonso-Perez et al. 

2008). We therefore perform garnet–clinopyroxene geothermometry at 12 kbar (about 36 

km depth) for the low Mg# samples. The results are listed in Table 2-7 and plotted as an 

orange bar in Figure 2-9. The final temperatures, averaged for the six samples measured, 

are 734 °C, 689 °C, and 644 °C, for the geothermometers of Ellis and Green (1979), 

Krogh (1988), and Krogh-Ravna (2000), respectively.  
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Table 2 - 7: Garnet-clinopyroxene geothermometry results for low Mg# pyroxenites 
calculated at 12 kbar 
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2.5 Discussion 

2.5.1 Petrogenesis of Arizona garnet pyroxenites 

 Erdman et al. (2016) proposed the Arizona garnet pyroxenites studied here are the 

mafic-ultramafic cumulate complements to intermediate magmatic suites produced 

during continental arc magmatism. This argument was based on petrography, major 

element compositions, and comparison with global lower crustal suites with 

demonstrated cumulate origins. Here, we further consider the petrogenesis of the Arizona 

xenoliths with evidence from more detailed petrography, additional major element 

geochemistry, whole rock trace and rare earth element geochemistry, and mineral 

geochemistry. Let us first consider the petrography and whole-rock major element 

geochemistry of the high and low Mg# pyroxenites. As discussed in detail in Section 

2.3.1 and 2.3.2, two groups can be discerned from the xenolith suite based on texture: a 

(partially) recrystallized garnet-poor group and a cumulate-textured garnet-rich group. 

These two groups agree well with the whole-rock major element distinctions defined 

during separation of the high versus low Mg# pyroxenites. Defined by their high Mg#s (> 

0.63), the high Mg# pyroxenites tend to be pyroxene-rich and garnet-poor, display 

partially to wholly recrystallized textures, have high MgO contents, and low Al2O3, 

FeOT, and TiO2 contents. The low Mg# pyroxenites (Mg# < 0.63) tend to be garnet- 

(±amphibole) rich, display cumulate textures, have low MgO contents, and high Al2O3, 

FeOT, and TiO2 contents. The preservation of primary igneous textures in many of the 

samples suggests this suite of rocks did not experience intense metamorphism or 

deformation since initial cooling. In Figures 2-2A and 2-2E, it is clear that these two 

groups do not form a continuous trend, but two distinct geochemical populations. This 
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suggests the high and low Mg# pyroxenites form via different, though probably related, 

processes.  

 To assess whether the Arizona pyroxenites formed as cumulates during arc 

magmatism, we turn first to results from experimental studies. Garnet and pyroxene 

crystallize on the liquidus of basalts and basaltic andesites (M. Pertermann & 

Hirschmann 2003; Müntener et al. 2001; Alonso-Perez et al. 2008). Pertermann and 

Hirschmann (2003a; b) performed batch melting experiments with a typical tholeiitic 

basalt starting composition at 2–3 GPa. Partial melting of the eclogitized basalt at these 

high pressures results in silicic melts with lower MgO and Mg# than the parent. The 

reconstructed solid residues of partial melting consist of garnet clinopyroxenites with 

higher MgO and Mg# than the parent basalt and basaltic SiO2 contents (47–50 wt. %). 

The compositions of the solid residues overlap with those of the high Mg# Arizona 

pyroxenites in terms of SiO2 and Mg#, but have lower MgO contents (8–14 wt.%). 

However, only those samples that have undergone high degrees of partial melting (> 

50%), or, equivalently, low degrees of crystallization, have Mg#s greater than 0.70—

most are less than 0.63. Given the high abundance of the high Mg# Arizona xenoliths in 

the host rock, it is unlikely that these rocks form by relatively low levels of crystallization 

from a melt. The SiO2 contents of the solid residues are much too high to explain the 

formation of the low Mg# Arizona pyroxenites as crystallization from a tholeiitic melt. 

For these reasons, we conclude that the Arizona xenoliths did not form as cumulates from 

a tholeiitic melt. 

 To achieve the high MgO contents of the high Mg# Arizona pyroxenites with 

more reasonable crystallization fractions, the parental melt must have had high MgO 
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content. Most primitive, MgO-rich melts, however, are olivine-saturated, and thus have 

low SiO2 contents as well. The high MgO and high SiO2 contents of the Arizonan high 

Mg# pyroxenites, along with the absence of olivine in these samples, suggests instead 

that these rocks may have crystallized from a pyroxene-saturated melt rather than an 

olivine-saturated melt. Müntener et al. (2001) performed experiments with a basaltic 

andesite starting composition under hydrous conditions and high pressure (1.2 GPa) to 

suppress olivine saturation, and consequently, to understand the petrogenesis of igneous 

pyroxenites. Melts crystallized clinopyroxene and orthopyroxene (± garnet) in these 

experiments. The crystallized solids are plotted as black crosses in the major element 

plots of Figure 2-2. There is clear overlap with the Arizonan high Mg# pyroxenites for all 

major elements plotted. We note that the Arizonan high Mg# pyroxenites have higher 

garnet mode than the experimental results. This discrepancy can be explained in one of 

two ways. First, geothermobarometry results suggest the Arizonan high Mg# pyroxenites 

formed at much greater pressures (> 2.5 GPa) than the pressures at which the experiments 

were performed (1.2 GPa). More garnet might be expected at higher pressure conditions. 

Secondly, the high Mg# Arizonan pyroxenites show clear evidence for subsolidus garnet 

exsolution from pyroxene, consistent with Al-rich pyroxene precursors leading to 

increased garnet mode upon cooling to <750 °C.  

 We next consider the relationship of the Arizonan pyroxenites to a representative 

mature arc magmatic suite—the Sierra Nevada batholith. If the Arizonan pyroxenites are 

indeed cumulates crystallized from a primitive hydrous basalt or basaltic andesite, such 

as the results from Müntener et al. (2001) suggest, they should have some relationship to 

the melts formed in the mantle wedge. In the major element plots of Figure 2-2, black 
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arrows have been drawn to schematically show how a melt will differentiate from 

primitive basalt (50.45 wt.% SiO2, 9.84 wt.% MgO, 8.52 wt.% FeO, and Mg# = 0.67; 

Kelemen et al. 2003) along the trend defined by the Sierra Nevada batholith. We will 

focus on Figure 2-2B to discuss our line of thinking. Primitive basalt has higher Mg# than 

the gabbros that define the Sierra Nevada trend. Thus, in order to achieve melts with 

lower Mg# at the same SiO2 content, crystals with Mg# higher than the parental melt 

must settle out of the magma. The Arizonan high Mg# pyroxenites plot with appropriate 

compositions for the posited cumulate assemblage. Crystallization of such pyroxene-

dominated cumulates will draw down the Mg# of the complementary melt, but will not 

result in more silicic melts—crystallization of high Mg# cumulates can explain the 

vertical part of arrow #1 in Figure 2-2B. The Sierra Nevada batholithic suite increases in 

SiO2 content from basalt to andesite at constant Mg#—displaying a typical calc-alkaline 

trend. This silica enrichment with minimal change in Mg# can result from removal of low 

silica cumulates with similar Mg#. The Arizonan low Mg# pyroxenites have appropriate 

SiO2 content and Mg#s to constitute the proposed cumulate compositions. Removal of 

garnet-dominated assemblages will cause enrichment of silica in the complementary 

melt, but will not affect the melt Mg#. Thus, crystallization of low Mg# cumulates can 

explain the horizontal segment of the arrow in Figure 2-2B.  

 Similar relationships between the two pyroxenite groups and the Sierra Nevada 

batholith suite can be seen for the remaining major oxides. For compatible elements, such 

as Mg and Ca, high Mg# pyroxenites have higher concentrations than gabbros with 

similar SiO2 contents. Fractional crystallization of high Mg# pyroxenites from a primitive 

melt would drive the melt to lower MgO and CaO contents, represented by the vertical 
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segment of the arrow in Figures 2-2A and 2-2C. The trend in the Sierra Nevada 

batholithic suite continues from here to lower MgO and CaO contents with increasing 

SiO2 content (represented by the inclined segment of the black arrow). Crystallization of 

low Mg# pyroxenites—which have higher MgO and CaO than the gabbros at much lower 

SiO2 contents—can drive silica enrichment and depletions of MgO and CaO in the melt. 

For incompatible elements, such as Al, K, and Ti, fractionation of high Mg# pyroxenites 

from a primitive melt causes enrichment of these elements in the melt at similar SiO2 

contents (vertical segment of the arrow in Figures 2-2E, 2-2G, and 2-2H). Crystallization 

of low Mg# pyroxenites from this evolved melt would drive SiO2 and K2O enrichment 

and Al2O3 depletion. The only oxide for which these cumulate-melt relationships are not 

consistent is Na2O. High Mg# pyroxenites have low enough Na2O contents to drive the 

melt to Na2O enrichment. However, the low Mg# pyroxenites have Na2O contents too 

low to explain the near-horizontal trend displayed by the Sierra Nevada batholithic suite. 

Another process—one that fractionates Na/K ratios—must be responsible for the 

observed trend.  

 The geochemical relationship between the Arizona pyroxenites and the Sierra 

Nevada batholithic suite demonstrates the complementary link between melt and 

cumulate assemblage. For nearly all major elements, fractional crystallization of high 

Mg# pyroxenites from a juvenile basalt results in complementary melts with basaltic 

composition that agree well with gabbros from the Sierra Nevada arc. This trend is 

demonstrated schematically by the vertical segment of the arrows in Figure 2-2. 

Continued differentiation of the melt via fractional crystallization of low Mg# 

pyroxenites drives the complementary melt to higher silica content along the trend 
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defined by the Sierra Nevada batholithic suite. This process implies a two-stage early 

crystallization history for the differentiation of magmas in continental arcs that results in 

a melt with basaltic andesitic to andesitic composition. Because garnet pyroxenite 

cumulates are rarely found in outcrop within plutonic suites, it is likely that this process 

occurs at depth, and thus cannot be responsible for the latest stages of differentiation in 

more shallowly emplaced plutons. Further differentiation of magmatic suites in shallow 

plutons may instead involve crystallization of cumulates with gabbroic composition 

(Sisson et al. 1996), assimilation of felsic host rock (Liao et al. 2013; Glazner et al. 

2008), and melting of pre-existing continental crust or recently emplaced intrusions 

(Ratajeski et al. 2001; Ratajeski et al. 2005). The early to intermediate stages of fractional 

crystallization appear, however, to be controlled by cumulates with garnet pyroxenitic 

composition.  

  

2.5.1.1 Alternative origins for the Arizona pyroxenites 

 Garnet pyroxenites may form under various conditions in the crust and mantle, 

including eclogitization during subduction of oceanic crust, trapping of basaltic melts at 

depth, and melt-rock reaction processes in the mantle. Here we consider these alternative 

petrogenetic origins for the Arizona pyroxenites.  

 A site of major production of garnet- and clinopyroxene-bearing rocks is deep in 

subduction zones, where basaltic oceanic crust subducts to high pressure and undergoes 

metamorphism and dehydration to form eclogite. Eclogites (sensu stricto) contain 

omphacitic pyroxene and garnet. Here, we consider the case that the Arizona pyroxenites 

are fragments of subducted oceanic crust by comparing their petrology, mineralogy, and 
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bulk rock composition to true eclogites from the Franciscan terrane along the northern 

California coast. Eclogites generally consist of metamorphic garnet and omphacitic 

clinopyroxene with lesser amounts of kyanite, amphibole, epidote, mica, lawsonite, 

orthopyroxene, and accessory phases such as rutile, titanite, clinozoisite, and quartz 

(Coleman & Lee 1963). Typically, the prograde eclogite facies metamorphism is 

overprinted by amphibolite or blueschist facies retrogression due to slow kinetics under 

cool geothermal gradients. In contrast, the Arizona pyroxenites are nearly completely 

bimodal—consisting primarily of garnet and clinopyroxene (± amphibole)—and original 

igneous textures are preserved in more than half the samples. When mineral compositions 

are considered, there are significant differences between eclogite and the Arizona 

pyroxenites. The defining difference between eclogite sensu stricto and garnet pyroxenite 

rocks is clinopyroxene composition. Eclogitic clinopyroxene from the Franciscan terrane 

is rich in the jadeite component (Shibakusa & Maekawa 1997; Tsujimori, Matsumoto, et 

al. 2006; Coleman et al. 1965), whereas clinopyroxenes from Arizona are diopsidic 

(Figure 2-10A). Additionally, eclogitic garnet from the Franciscan terrane is poor in the 

pyrope end-member (2–19%; (Shibakusa & Maekawa 1997; Anczkiewicz et al. 2004; 

Tsujimori, Matsumoto, et al. 2006; Coleman et al. 1965)) whereas Arizona pyroxenites 

have up to 55% pyrope (Figure 2-10B). Furthermore, Na-rich amphibole (glaucophane) is 

the amphibole type present in eclogites versus Mg-rich hornblende or pargasite in the 

Arizona pyroxenites. Bulk rock compositions of Franciscan eclogites are plotted in 

comparison with Arizonan pyroxenites in Figure 2-11 (Horodyskyj et al. 2009; Coleman 

& Lee 1963). Blueschist facies metabasalts are also included in this comparison, as they 

have similar petrogenesis and bulk rock compositions to eclogite. Silica content of 
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eclogite overlaps with the Arizonan pyroxenites. However, the lowest SiO2 contents of 

eclogites occur in chloritized eclogite, reflecting greenschist facies overprinting and not 

an original eclogitic feature (Horodyskyj et al. 2009). Mg# varies from 0.4 to 0.65 and 

MgO content ranges from 3.5 to 10.5 wt. % MgO, barely reaching the minimum values 

displayed by the high Mg# Arizonan pyroxenites. Instead, the MgO contents of eclogites 

overlap with MORB values (4–12 wt.% MgO; Lehnert et al. 2000), consistent with the 

interpretation that eclogites represent metamorphosed oceanic crust. In addition, Na2O 

content is far higher in eclogites than in the Arizona pyroxenites, reaching up to 5 wt. % 

(versus ≤ 2 wt. % for most Arizona pyroxenites). The high Na content of eclogite 

presumably reflects a seawater altered oceanic crust protolith. In summary, eclogite 

displays phase assemblages, mineral chemistry, and bulk rock geochemistry that is 

sufficiently distinct from the Arizona pyroxenites to distinguish between these two rock 

types. Therefore, we conclude that the Arizona pyroxenites cannot represent subducted 

oceanic crust.  

 

Figure 2 - 10: Ternary diagrams of Na-bearing clinopyroxene (A) and garnet (B) end-member compositions. 
Green symbols plot Franciscan eclogites, red symbols plot high Mg# garnet pyroxenites, and orange symbols plot low 
Mg# garnet pyroxenites. Clinopyroxene compositions in eclogite are from Coleman et al. (1965), Shibakusa and 
Maekawa (1997), and Tsujimori et al. (2006). Garnet compositions in eclogite are from Coleman et al. (1965), 
Shibakusa and Maekawa (1997), Anczkiewicz et al. (2004), and Tsujimori et al. (2006). Dashed lines in A denote 
mineral classification fields. Dashed lines in B refer to garnet types defined in (Coleman et al. 1965). Di, diopside; hed, 
hedenbergite; jd, jadeite; aeg, aegerine; gr, grossular; alm, almandine; py, pyrope. 
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 Next we consider the possibility that the Arizona garnet pyroxenites are trapped 

and solidified melts formed by partial melting of the mantle. In the major element plots of 

Figure 2-2, it is clear that the composition of the high Mg# pyroxenites from Arizona do 

not match even the most primitive magma compositions shown in the plot. Primitive 

magmas from juvenile or incipient arcs also do not match the compositions of high Mg# 

Arizonan garnet pyroxenites. Primitive magmas from the Cascades arc in western North 

America have MgO contents ≥ 8 wt.% and Mg# up to 0.7, typical of mantle-derived 

melts (Leeman et al. 2005). At similar SiO2 contents, the MgO content is too high and 

Al2O3 content is too low in the high Mg# garnet pyroxenites than would be expected of 

basaltic magma compositions. Furthermore, the Mg#s of the high Mg# garnet pyroxenites 

are too high (up to 0.83) to approximate any Phanerozoic magma. Only picrites (basalts 

that have undergone olivine accumulation) or Archean komatiites can achieve Mg#s so 

high. These magmas, however, have ultramafic SiO2 contents due to the accumulation of 

silica-poor olivine or are olivine-saturated during melting even at high pressure. The high 

Mg# Arizonan garnet pyroxenites, however, have basaltic SiO2 contents and CaO 

contents too high to be consistent with olivine accumulation. The low Mg# pyroxenites, 

on the other hand, do have ultramafic SiO2 contents. However, their low MgO contents 

and low Mg#s contrast with the high MgO contents and high Mg#s of olivine-controlled 

ultramafic melts. We thus conclude that neither the high nor low Mg# Arizona garnet 

pyroxenites represent solidified melts.  
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Figure 2 - 11: Major element geochemistry comparison with eclogites. MgO (A), Mg# (B), and Na2O (C) versus 
SiO2, as in Figure 2-2. Eclogites (green diamonds) and blueschists (blue diamonds) from the Franciscan terrane in 
California are shown (Horodyskyj et al. 2009; Coleman & Lee 1963).  

 

 Finally we consider the case that the Arizona garnet pyroxenites represent melt-

rock reaction products formed during melting of the mantle. As siliceous melts form they 

ascend through the peridotitic mantle, but because they are out of equilibrium with the 
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material through which they flow, reactions between melt and peridotite occur. 

Experimental results show that reaction products crystallize pyroxene at the expense of 

olivine, and often include garnet as a crystallizing phase at sufficiently high pressures or 

water fugacities (Sekine & Wyllie 1982; Johnston & Wyllie 1989; Kelemen 1995; Mallik 

& Dasgupta 2012). Natural examples show similar characteristics (Liu et al. 2005). 

Garnet pyroxenites formed via melt-peridotite reaction have Mg# = 0.83–0.90, 17–26 

wt.% MgO, 46–49 wt.% SiO2, and > 700 ppm Ni contents (Liu et al. 2005). These 

examples are far too MgO-rich to overlap with the Arizonan pyroxenites at similar SiO2 

contents. Similarly, the Mg#s and Ni contents are much higher in melt-rock reaction 

products than in the Arizona xenoliths, due to their reaction with fertile peridotite. High 

Mg# Arizonan pyroxenites have Mg# ≤ 0.83, whereas the melt-rock reaction products 

range continuously from 0.83 to overlap with peridotite Mg#s of 0.89 or greater. If the 

Arizona pyroxenites were formed via reaction of melts with peridotite, we might expect 

the intervening Mg#s to be present within the xenolith suite. In addition, no composite 

xenoliths are present in the Arizona pyroxenite suite nor is there olivine present in any of 

the samples studied here. We therefore conclude that the Arizona pyroxenites cannot 

represent melt-peridotite reaction products.  

 

2.5.2 Continental arc lithospheric structure 

 Our preferred interpretation is that the Arizonan pyroxenites represent deep-

seated cumulates crystallized from continental arc magmas. Assessment of major element 

compositions show that high Mg# pyroxenites crystallize from primitive mantle melts—

resulting in gabbroic melt compositions—and the low Mg# pyroxenites crystallize from 
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these more evolved gabbroic magmas, generating mafic to intermediate melt 

compositions. At what depth crystallization occurs has implication for the growth of 

continental crust and its resulting lithospheric structure. The geothermobarometry results 

presented in Section 2.4.2.1 suggests that high Mg# pyroxenites formed at significant 

depth. P–T calculations for discrete mineral pairs suggest formation at depths between 

about 75 and 105 km (25–35 kbar). Results from garnet exsolution lamellae in 

orthopyroxene suggest cooling occurred at similar depths, 66–90 km (22–30 kbar). The 

partially to wholly recrystallized textures of the high Mg# pyroxenites is consistent with 

slow cooling from magmatic temperatures, providing adequate time for recrystallization. 

Preservation of original igneous textures in the low Mg# pyroxenites, however, suggests 

rapid cooling at more shallow depths where ambient temperatures are cooler (Erdman et 

al. 2016). The high modal abundance of amphibole in some of these samples is consistent 

with the interpretation that the low Mg# pyroxenites formed at shallower pressures 

(Alonso-Perez et al. 2008). In addition, flat whole-rock HREE abundance patterns and 

HREE enrichment in the low Mg# pyroxenites strongly suggest garnet is a primary 

igneous phase and, conversely, low Ba and Sr concentrations in some samples suggest 

that plagioclase is not (except in a single gabbro sample). Also, mineral HREE depletions 

in clinopyroxene indicate growth contemporaneous with garnet. These observations place 

formation of the low Mg# cumulates firmly within the garnet stability field, but probably 

at shallower pressures than the high Mg# pyroxenites. Alonso-Perez et al. (2008) showed 

that magmatic garnet can crystallize from hydrous basaltic andesite at 12 kbar (36 km). 

These results imply magmatic differentiation in continental arcs occurs in two stages, 

separated in time and space: 1) fractional crystallization of high Mg# pyroxenites from 
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primitive arc melts at 75–105 km depth, followed by 2) buoyant rise of evolved basaltic 

melts through the mantle to depths ≥ 36 km where low Mg# pyroxenites crystallize (Lee 

et al. 2006; Erdman et al. 2016; Alonso-Perez et al. 2008).  

 

Figure 2 - 12: Schematic lithospheric 
column of a generalized continental arc. 
Crustal lithologies are from compiled from 
Saleeby et al. (1990), Saleeby (2003), 
Jagoutz et al. (2013), Ducea et al. (2015), 
and Jagoutz and Kelemen (2015). Depths 
of occurrence of low Mg# and high Mg# 
garnet pyroxenites that comprise the sub-
Moho lower crustal root are from 
geothermobarometry results of this study 
as well as Ducea and Saleeby (1996) and 
Lee et al. (2006).  
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 Figure 2-12 is a schematic illustration of the vertical compositional structure of 

the lithosphere in continental arc settings. This reconstruction relies on field studies from 

arc terranes that have undergone uplift and erosion to expose the middle to lower crust at 

Earth’s surface. Tilted crustal sections, such as those in the Sierra Nevada, Kohistan, and 

Talkeetna arcs, provide rare glimpses into the crustal structure of arcs beneath their 

volcanic and volcanoclastic coverings. Seismic studies, as well as xenolith assemblages, 

additionally provide the opportunity to probe the deep crust for compositional 

information. Results from various studies as well as those presented here have been 

combined to form the following generalized model of continental lithosphere in arc 

settings.  

 Crustal sections are capped by 2–6 km of interbedded volcanic and volcanoclastic 

rocks that range in composition from basalt to rhyolite, averaging 59.3 wt.% SiO2 in the 

Talkeetna arc and 56.8 wt.% SiO2 in the Kohistan arc (Jagoutz & Kelemen 2015). 

Volcanic sections are deposited on top of and intruded by batholithic plutons (e.g. 

Saleeby et al. 1990). The batholithic intrusion complex extends to depths of ~35 km in 

the Sierra Nevada continental arc (J. Saleeby 2003) and in the mature Kohistan island arc 

(Jagoutz et al. 2013). Though mafic plutons, as well as mafic enclaves, occur at mid-

crustal depths, felsic plutons dominate the batholithic suites of these two arcs (Lee et al. 

2006; Jagoutz et al. 2013; J. Saleeby 2003). The composition of batholithic plutons 

average 55–65 wt.% SiO2 in continental arcs (Ducea et al. 2015). Metasedimentary and 

metavolcanic rocks constitute wall rocks lithologies, evident as metamorphic pendant 

rocks (Zeng et al. 2005). Sub-batholithic lithologies demonstrate a downward increase in 

mafic material, including diorite, gabbro, and gabbronorite. These mafic additions to the 
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crust have demonstrated cumulate origins, and represent the mafic complements to the 

felsic batholithic rocks (Jagoutz et al. 2006; Greene et al. 2006; Lee et al. 2006). 

Plagioclase remains a primary phase in rocks at this structural level, representing 

intrusion depths of <35 km.  

 Below the feldspar-bearing crust is an assemblage of rocks dominated by garnet 

pyroxenite, but also include websterite, garnet amphibolite and amphibole pyroxenite (J. 

Saleeby 2003). These rocks constitute the arc root and gradually transition to upper 

mantle peridotite below 50–100 km depth. Sometimes referred to as arclogites (e.g. 

Ducea et al. 2015), pyroxenites have been recognized in active and paleo arc systems, 

including Sierra Nevada (Ducea & Saleeby 1998; Lee et al. 2006), Talkeetna (Greene et 

al. 2006), Kohistan (Dhuime et al. 2007; Jagoutz 2010; Garrido et al. 2006), Fiordland, 

New Zealand (Clarke et al. 2013; de Paoli et al. 2009), and the northern Andes (Weber et 

al. 2002) arcs. In many of these locations, garnet- and amphibole-bearing pyroxenites 

have a demonstrated cumulate relationship with batholithic rocks in the region (e.g. Lee 

et al. 2006; Greene et al. 2006; Dhuime et al. 2007). This study and others (Lee et al. 

2006; Erdman et al. 2016) have recognized that two types of pyroxenites exist within this 

deep crustal assemblage. Geothermobarometry suggests high Mg# garnet pyroxenites 

form at depths up to 100 km (this study, Ducea and Saleeby 1996; Lee et al. 2006), 

whereas low Mg# pyroxenites form at shallower depths, implied by the preservation of 

igneous textures and primary amphibole. Thus, a lower crustal root comprised 

dominantly of garnet pyroxenite, may extend for 65 km beneath the Moho in continental 

arcs. As proposed above, high Mg# pyroxenites likely form as cumulates crystallized 

from primary arc basalt, whereas low Mg# pyroxenites crystallize as cumulates from 
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evolved melts (Lee et al. 2006; Erdman et al. 2016). Comparison of the Arizonan 

pyroxenite major element compositions with lower crustal cumulates from magmatic arc 

systems suggests that this two-stage differentiation process may be universal in volcanic 

arc systems (Figure 2-2).  

 

2.5.3 Low Mg# pyroxenites as the driver of calc-alkaline magmatism 

 Tectonic shortening or magmatic inflation of the crust from above leads to 

thickened crust. This process can translate basal crustal rocks from granulite facies into 

eclogite facies conditions. The Breaksea orthogneiss in Fiordland, New Zealand, for 

example, preserves the transition of shallow, plagioclase-bearing igneous cumulates and 

other granulite facies rocks to plagioclase-free, garnet-rich eclogite facies rocks and 

metamorphic overprints (Clarke et al. 2013; de Paoli et al. 2009). Other examples from 

the Canadian Snowbird tectonic zone and Grenville Province show a similar increase in 

pressure at deep crustal conditions (Baldwin et al. 2003; Indares 2003). Such processes 

may be common in continental arc settings where crustal thicknesses are large, however, 

exhumation of such rocks to the Earth’s surface could be rare.  

 In contrast, trace element and REE geochemistry recorded by both the low and 

high Mg# Arizona pyroxenites lack any evidence for precursor or retrograde plagioclase, 

indicating that these rocks remained in the garnet stability field from crystallization until 

exhumation (except for one plagioclase-bearing gabbro). This finding suggests that the 

crust was thick at the time of magmatic differentiation. High Sr/Y ratios in intermediate 

plutons from continental arcs require cumulate fractionation at deep crustal levels where 

garnet is among the fractionating phases (Chiaradia 2015). Plutons from the Coast 
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Mountains batholith in British Columbia, the eastern Peninsular Ranges batholith in 

southern California, and the Cordillera interior of the southwestern USA have high Sr/Y 

values, supporting deep level garnet fractionation in thick continental arc crust (Girardi et 

al. 2012; Chapman et al. 2015; Lee et al. 2007).  

 One of the major distinctions between the thin crust of oceanic island arcs and the 

thick crust of continental arcs is the composition of magmas in these two settings 

(Miyashiro 1974). Magmas in island arc settings typically show Fe enrichment during 

early differentiation (tholeiitic trend), due to fractionation of Mg-rich olivine. In contrast, 

the dominant magmas in continental arc settings exhibit Fe depletion early in the 

differentiation trend (calc-alkaline trend). Many processes have been proposed to explain 

the difference between these major magmatic series. High fO2 in continental arc settings 

may cause fractionation of magnetite, driving Fe depletion in calc-alkaline magmas 

(Osborn 1959; Sisson & Grove 1993). Other experimental studies have shown that high 

water contents in subduction zone settings suppress silicate fractionation, causing oxide 

phases to crystallize early in the differentiation trend and draw down Fe contents (Sisson 

& Grove 1993; Blatter et al. 2013). Additional studies suggest that crystallization of 

amphibole or garnet can result in calc-alkaline magmas (Cawthorn & O’Hara 1976; 

Grove et al. 2003; Stern & Wyllie 1978; Blatter et al. 2013).  

 We propose that fractionation of low Mg# cumulates drives calc-alkaline 

differentiation in continental arcs. Figure 2-2B demonstrates that cumulates rich in garnet 

(± amphibole) have Mg#s similar to calc-alkaline melts, and may therefore drive the 

horizontal differentiation of melts in Mg# versus SiO2 space. The AFM diagram in Figure 

2-13 shows the same relationship, observed from another perspective. Garnet-rich low 
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Mg# cumulates have FeOT contents high enough to drive FeOT depletion in 

complementary melts. Mineral compositions in the low Mg# cumulates, also plotted in 

Figure 2-13, demonstrate that garnet has higher FeOT contents than amphibole in these 

samples, implying that fractionation of garnet-rich cumulates drives calc-alkaline 

differentiation. These observations suggest that in order to produce calc-alkaline magmas 

via fractionation of low Mg# pyroxenites, the crust must be thick enough that cumulate 

segregation occurs in the garnet stability field. High water contents and oxidizing 

conditions, which are reasonable expectations of subduction zone magmas, expand the 

stability of garnet as a liquidus phase (Alonso-Perez et al. 2008). The dearth of garnet (± 

amphibole) in calc-alkaline magmatic suites may be explained by fractionation at deep 

crustal levels. If this inference is correct, it implies that the driving factor between the 

two major magmatic differentiation trends on Earth is crustal thickness.  

 

Figure 2 - 13: AFM ternary diagram. Whole-rock and mineral compositions are plotted for the high and low Mg# 
Arizona pyroxenites. The Sierra Nevada batholithic suite plots a representative calc-alkaline differentiation trend. Calc-
alkaline and tholeiitic trends are shown schematically by the black arrows, separated by the dashed line. Fractionation 
of low Mg# garnet pyroxenites, with garnet compositions shown here, may explain calc-alkaline differentiation in 
magmatic arcs with crust sufficiently thick to form garnet-bearing cumulates.  
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2.5.4 Lower crustal foundering of cumulate roots 

 Growth of the crust, either by magmatic inflation, crustal shortening, or addition 

to pre-thickened crust, places garnet-bearing rocks at the base of the Moho (e.g. Lee et al. 

2006; Clarke et al. 2013; Ducea et al. 2015; Erdman et al. 2016). Garnet-rich lithologies 

in the lower crust have densities that far exceed those of the mantle below (Erdman et al. 

2016; Lee et al. 2006; Ducea & Saleeby 1996). Calculated density differences between 

the Arizona garnet pyroxenites and upper mantle peridotite are Δρ = ρcrust – ρmantle = 40–

550 kg/m3 , which is more than sufficient to drive gravitational instabilities (Erdman et al. 

2016). Thus, the formation of garnet pyroxenite cumulates as proposed above results in 

growth of a gravitationally unstable layer beneath the Moho. Despite xenolithic evidence 

for such a root to exist beneath the southern Sierra Nevada as well as the Basin and 

Range–Colorado Plateau Transition Zone, seismic investigations suggest that a 

pyroxenitic lower crustal root is absent in these regions (Wernicke et al. 1996; Erdman et 

al. 2016). In places where the lower crustal root is exposed at the surface, such as the 

Talkeetna island arc, pyroxenitic layers outcrop with thicknesses far thinner than would 

be predicted based on mass balance considerations (Kelemen et al. 2003). Such 

discrepancies suggest that gravitational instabilities may have caused lower crustal 

foundering and recycling of pyroxenitic cumulates into the mantle.  

 Lower crustal foundering depends strongly on rheology. Jull and Kelemen (2001) 

showed that foundering can occur under elevated geothermal gradients, but is unlikely 

below ~700 °C because flow rates become very small at low temperature. Thus, 

favorable conditions for lower crustal foundering may be found in areas where the base 

of the crust is hot, including active volcanic arcs or during rifting. Numerical models 
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suggest arc roots can be removed in one of two ways, either vertically by a drip-like 

instability or via shear entrainment to be carried sideways by mantle wedge flow (Currie 

et al. 2015). Which mode of transport dominates depends on viscosity, densification rate, 

and subduction rate (Currie et al. 2015).  

 Regardless of the mode of transport, it may be important to consider the 

composition of material recycled into the mantle. This study and Erdman et al. (2016) 

showed that a pyroxenitic root may be lithologically stratified, with pyroxene-rich 

cumulates at the base and garnet ± amphibole-rich cumulates above. Low Mg# 

cumulates, which comprise the top part of the pyroxenite root, contain 30–80 vol. % 

amphibole in garnet amphibolites and up to 15 vol. % amphibole in garnet pyroxenites. 

As a hydrous phase, amphibole may play a significant role during lower crustal 

foundering in two ways: 1) providing a weak layer on which gravitational instabilities 

may initiate, and 2) undergoing dehydration melting during foundering. Rayleigh-Taylor-

type instabilities describe how small perturbations in a gravitationally unstable layer may 

develop slowly into blobs that ultimately founder into the underlying layer (Conrad & 

Molnar 1997). Rheology is an important consideration here, for the mafic lower crust is 

cooler than the underlying convecting mantle. High viscous resistance of a cool lower 

crustal root may impede development of a Rayleigh-Taylor-type instability, due to the 

strong temperature-dependence of viscosity. However, if a weak layer exists between the 

root and brittle upper crust, deformation may be accommodated to form an instability 

(e.g. Lee 2014). Amphibolites and amphibole-bearing pyroxenites at the base of the 

Moho may, thus, facilitate wholesale detachment of pyroxenitic roots from the overlying 

crust. Secondly, foundering of amphibole-bearing lithologies may induce dehydration 
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melting during descent. As cold material sinks into the underlying mantle, it will heat up. 

Devolatilization may occur depending on the rate at which the material sinks. Slowly 

descending material can heat up sufficiently to dehydrate and melt, whereas quickly 

sinking material can retain lower temperatures at greater depths (Elkins-Tanton 2007). 

The surface expression of melts formed during delamination varies with the melt source 

composition, and may be in the form of alkaline magmas (Pilet et al. 2008), high 

potassium magmas (Kay & Kay 1993), or calc-alkaline magmas (Alonso-Perez et al. 

2008). Trace element concentrations in melts may help elucidate the role of garnet during 

melting (Hirschmann & Stolper 1996).  

 

2.6 Conclusions 

 Major and trace element geochemistry coupled with petrographic textures 

displayed by garnet pyroxenite xenoliths from central Arizona indicate a cumulate 

petrogenetic origin for this suite of rocks. Geochemical comparison with a representative 

batholithic differentiation trend suggests magmatic differentiation occurs in two stages in 

continental arcs. Integration with geothermobarometry results for these samples implies 

that fractional crystallization of pyroxene-rich, high Mg# pyroxenites from a primitive 

basalt source occurs at 75–105 km depth, followed by buoyant rise of evolved basaltic 

melts through the mantle wedge to depths ≥ 36 km where garnet-rich, low Mg# 

pyroxenites crystallize, producing melts with andesitic compositions. HREE enrichment 

and complementary REE abundance patterns between garnet and clinopyroxene in both 

high and low Mg# pyroxenites indicate garnet is a primary igneous phase. Furthermore, 

garnet has sufficiently high FeO content in these samples to drive calc-alkaline 
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differentiation. We therefore infer that crustal thickness—which dictates where magmatic 

differentiation occurs within the lithospheric column—is the driving factor between the 

tholeiitic and calc-alkaline magmatic differentiation trends on Earth. The preservation 

potential of the garnet pyroxenitic cumulates, however, is low. The high densities of 

garnet-bearing cumulates make lower crustal roots gravitationally unstable, suggesting 

that convective recycling of lower crustal roots may be an important process in 

subduction zone settings.  
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CHAPTER 3 

Role of arc magmatism and lower crustal foundering in 
controlling elevation history of the Nevadaplano and Colorado 

Plateau: A case study of pyroxenitic lower crust from central 
Arizona, USA1 

 
ABSTRACT 

 Garnet-pyroxenite xenoliths from a 25 Ma volcano on the southern edge of the 

Colorado Plateau in central Arizona (USA) are shown here to have crystallized as deep-

seated cumulates from hydrous arc magmas, requiring the generation of a large 

complement of felsic magmas. U-Pb dating of primary titanite grains indicates that 

crystallization probably occurred around 60 Ma. These observations suggest that 

voluminous arc magmatism reached as far inland as the edge of the Colorado Plateau 

during the Laramide orogeny. Here, we employ a combination of petrology, petrophysics, 

                                                 
1 This chapter has been edited, reformatted, and reprinted from Earth and Planetary Science Letters (full 
citation below): 
 
Erdman, M.E., Lee, C-T.A., Levander, A., Jiang, Hehe, 2016, Role of arc magmatism and lower crustal 
foundering in controlling elevation history of the Nevadaplano and Colorado Plateau: A case study of 
pyroxenitic lower crust from central Arizona, USA. Earth and Planetary Science Letters, 439, 48–57. 
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and seismic imaging to show that the formation and subsequent removal of a thick, dense, 

cumulate root beneath the ancient North American Nevadaplano modified the buoyancy 

of the orogenic plateau, possibly resulting in two uplift events. A late Cretaceous-early 

Tertiary uplift event should have occurred in conjunction with thickening of the crust by 

felsic magmatism. Additional uplift is predicted if the pyroxenite root later foundered, but 

such uplift must have occurred after ~25 Ma, the age of the xenolith host. We show that 

seismic velocity anomalies and seismic structures in the central part of the Colorado 

Plateau could represent pyroxenitic layers that still reside there. However, under the 

southern and western margins of the Colorado Plateau, the seismic signatures of a 

pyroxenite root are missing, despite xenolith records and geochemical evidence for their 

existence prior to 25 Ma. We suggest that these particular regions have undergone recent 

removal of the pyroxenite root, leading to late uplift of the plateau.  In summary, our 

observations suggest that the Nevadaplano, west of the Colorado Plateau and now 

represented by the Basin and Range province, was underlain by high elevations in the late 

Cretaceous through early Tertiary due to magmatic thickening. This may have facilitated 

an east-directed drainage pattern at this time. Subsequent collapse of the Nevadaplano, 

culminating in Basin and Range extension and coupled with delamination-induced uplift 

of the margins of the Colorado Plateau in the late Cenozoic may have reversed this 

drainage pattern, allowing rivers to flow west, as they do today. 

 

3.1 Introduction 

 A combination of processes, including voluminous magmatism and tectonic 

thickening, leads to thickened crust in continental arc settings  (Ducea et al. 2009; Lee et 
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al. 2015). Such processes can lead to the development of large-scale, high-standing, low-

relief plateaus. Ultimately, orogenic plateaus undergo extensional collapse due to their 

thickened crust, and the complex internal topographies that result from gravitational 

collapse provide insight into how continents are destroyed.   

 The ancient, exhumed North American Cordillera provides an excellent natural 

laboratory to study the construction and subsequent destruction of orogenic plateaus. 

Recent studies show that crustal thickening accompanied peak magmatism during the 

Late Cretaceous, contributing to an ancient high-elevation plateau, or Nevadaplano, in the 

hinterland of the Sevier orogenic belt (Paterson & Ducea 2015; Chapman et al. 2015; 

DeCelles 2004; Cassel et al. 2014; Henry et al. 2012). Magmatism ceased along the 

western margin of the continent and swept inland throughout the southwestern US during 

the Laramide orogeny, reaching as far inland as central Arizona, as indicated by the 

presence of Late Cretaceous–early Tertiary granites (Figure 3-1B). In the magmatic lull 

that followed, crustal thinning and orogenic collapse began by Miocene time (Chapman 

et al. 2015; Henry et al. 2012; Cassel et al. 2014; Horton & Chamberlain 2006). The 

resulting complex topography of the North American Cordillera is exemplified by the 

relatively undeformed, low-relief Colorado Plateau within an otherwise highly deformed 

orogenic belt (Dickinson 1989) (Figure 3-1A). Marine sedimentary deposits atop the 

plateau suggest it was at or below sea level in the Late Cretaceous, but today rests 2 km 

above the surrounding regions. Free-air gravity indicates isostatic compensation across 

the Basin and Range and Colorado Plateau regions, yet the plateau’s current crustal 

thickness of 40–50 km, especially along its edges, alone cannot support its elevation, 

requiring a sub-Moho component of buoyancy (Thompson & Zoback 1979; Levander et 
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al. 2011). Crustal thickness estimates vary considerably,  approaching 55 km in some 

models, and suggest there is some complexity to the structure of the Colorado Plateau 

(e.g. Zandt et al., 1995).  

 Buoyancy gives rise to the Colorado Plateau’s high elevations, yet how the 

buoyancy and elevation of the plateau evolved through time is unclear. Hypothesized 

explanations for epeirogenic uplift of the Colorado Plateau are varied and include: 

delamination of the Farallon plate following flat slab subduction (Humphreys 1995; Bird 

1979), dynamic topography (Moucha et al. 2008), thermal expansion of the cold 

lithosphere after Farallon slab removal (Roy et al. 2009), mid-crustal flow from thickened 

crust (McQuarrie & Chase 2000), and lithospheric foundering (Levander et al. 2011). 

Exactly when the plateau uplifted is also debated. Apatite U-Th/He thermochronometry 

studies from the Grand Canyon of northern Arizona yield conflicting results (Flowers 

2010), suggesting uplift occurred in the late Cretaceous (Flowers & Farley 2012) or late 

Cenozoic (Karlstrom et al. 2014).  

 One way to assess paleo-elevations of a region is to examine the effect on nearby 

drainage systems. A recent thermochronometry study of surficial deposits on the 

southwestern Colorado Plateau presents evidence for two-stage incision of the Grand 

Canyon, and suggests the canyon was dominantly carved by an east-flowing river by 70 

Ma followed by reversal of the river to flow westward in the Tertiary to excavate the final 

few hundred meters of the Grand Canyon (Flowers & Farley 2012). Such dramatic 

hydrologic changes must have occurred in response to changes in topography, requiring 

high elevations in the west during the Cretaceous and collapse of the western highlands 

by Tertiary time.  
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Figure 3 - 1: Topography and simplified geologic map of the study region. (A) Topography of the Colorado Plateau 
and surrounding physiographic provinces (thin black lines). CP, Colorado Plateau; NBR, northern Basin and Range; 
SBR, southern Basin and Range; RGR, Rio Grande rift; RM, Rocky Mountains; TZ, Basin and Range-Colorado 
Plateau (BR-CP) Transition Zone. Profile AA’ is the location of the seismic cross-sections in Figure 3-4. Profiles BB’ 
and CC’ are shown in Figures 3-5 and 3-6. The thick black line outlines the map location in (B). (B) Simplified 
geologic map of Arizonan granite outcrops and sample locations (stars), modified from the Geologic Map of Arizona 
(Richard et al. 2002). Pastel colors shade the Colorado Plateau (purple), Basin and Range (yellow), and the BR-CP 
Transition Zone (blue) physiographic provinces. Other xenolith locations are marked by a circle, where closed circles 
mark volcanic hosts 25 Ma or older and open circles denote younger volcanic hosts. Garnet-pyroxenite xenoliths are 
conspicuously missing in young volcanic fields, which are dominated by mantle lithologies, such as spinel peridotite. 
Xenolith field locations are as follows: CC, Camp Creek; CH, Castaneda Hills; HB, Hopi Buttes; LM, Lake Mead; MF, 
Mount Floyd; MH, Mount Hope; MM, Mormon Mountain; N, Navajo; P, Pinacate; RP, Reno Pass; S, Springerville; 
SB, Sullivan Buttes; SBn, San Bernardino; SC, San Carlos; SF, San Francisco; SP, Sentinel Plains; wGC, western 
Grand Canyon; WM, White Mountains. 

 
Drivers of uplift are most likely sourced in the buoyancy of the crust, lithospheric 

mantle or asthenosphere. To gain insight into these deep sources of uplift, we integrate 

here new geochemical data and petrophysical calculations of lower crustal xenoliths with 

published seismic studies of the deep crust and upper mantle of the southwestern USA. 

Lower crustal xenoliths erupted within the 25 Ma Sullivan Buttes (Krieger et al. 1971) 

and similar-aged Camp Creek latites from the Basin and Range–Colorado Plateau 

Transition Zone (BR-CP TZ) in central Arizona provide a rare glimpse of the deep 

architecture of the plateau. The BR-CP TZ represents the transition between the thick 

crust of the stable, undeformed Colorado Plateau and the thin crust of the actively 
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extending Basin and Range Province. The Arizonan lower crustal xenoliths are 

dominated by garnet-pyroxenite with minor amphibolite (Esperança et al. 1988). This 

mineralogy is compositionally denser than asthenospheric mantle (Lee et al. 2006; Lee 

2014), thus, their formation and removal could influence elevation. Pyroxenites also 

indicate a complementary volume of felsic magmas were emplaced into the crust. The 

low density of felsic magmas would contribute positive buoyancy to the continent. Here 

we show that magmatism influences elevation, via magmatic inflation of the crust and 

lower crustal foundering.  

 

3.2 Analytical Methods 

 Whole-rock major element compositions were measured via X-ray fluorescence 

spectroscopy (XRF) at the University of Washington at Pullman. To prepare samples for 

XRF analysis, fresh sample sizes of 10–100 g were crushed and powdered in a ceramic 

SPEX mill placed in a shatterbox for 5–10 minutes per sample. Major element 

concentrations of minerals were acquired in wavelength-dispersive spectroscopy mode on 

the Cameca SX 50 microprobe at Texas A&M in College Station, TX. Spot size was 10 

µm. Garnet, clinopyroxene, orthopyroxene, and amphibole standards were used for 

external calibration. In-situ U-Pb titanite ages were determined at Rice University on a 

single-collector, magnetic sector ICP-MS (ThermoFinnigan Element 2) coupled to a New 

Wave 213 nm laser ablation system (10 J/cm2 laser fluence, 10 Hz repetition rate, 30 μm 

spot size). Titanite standards FCT and BLR were used to monitor accuracy and zircon 

standard 91500 was used as an external standard. Detailed methods are described in Jiang 

et al. (2015).  
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3.3 Arizona garnet-pyroxenite petrogenesis 

3.3.1 Petrology and geochemistry 

 Geochemical and petrologic observations allow for the separation of the Arizonan 

garnet-pyroxenites into two groups: 1) a high MgO, low Al2O3, and high clinopyroxene 

mode (>50 vol. %) group (n=16), characterized by a fine-grained, equigranular texture 

with 120° triple junctions and 2) a low MgO, high Al2O3, and high garnet ± amphibole 

mode group (n=32), characterized by coarse-grained, poikilitic texture (Figure 3-2). The 

textures of the high MgO group are indicative of partial to complete metamorphic 

recrystallization and the textures of the low MgO group indicate an igneous cumulate 

origin.  

 Major element signatures of both pyroxenite groups overlap with lower crustal 

cumulates from mature magmatic arc systems, such as the Sierra Nevada continental arc 

(Ducea 2002; Lee et al. 2006), the Kohistan intraoceanic arc (Dhuime et al. 2007; 

Dhuime et al. 2009; Jagoutz et al. 2006; Jagoutz 2010), and Talkeetna intraoceanic arc 

(Greene et al. 2006; Kelemen et al. 2003) (Figure 3-2A). Magmatic differentiation of 

primitive arc basalt (Kelemen et al. 2003, blue star), as exemplified by the trend of mafic 

to felsic plutonic rocks from the Sierra Nevada batholith, shows an initial decrease in 

Mg# (molar Mg/(Mg+FeT), where FeT is total Fe) at constant SiO2, followed by an 

increase in SiO2 at relatively constant Mg# (blue line in Fig. 3-2A). The mafic to felsic 

Sierra Nevada plutonic trend is compiled from: Ague & Brimhall 1988; Barbarin et al. 

1989; Bateman & Nokleberg 1978; Bateman 1989; Bateman, Krauskopf, et al. 1988; 

Bateman, Chappell, et al. 1988; Dodge & Calk 1986; Peck & Van Kooten 1983; 
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Ratajeski et al. 2001; Sisson et al. 1996; Smith & Cohen 1996; Wenner & Coleman 2004; 

Wiebe et al. 2002. This liquid line of descent can be explained by crystallization of high 

MgO pyroxenites early in the differentiation trend, dropping the Mg# of the melts, 

followed by crystallization of low MgO pyroxenites, to increase the SiO2 content of the 

melts (Lee 2014; Lee et al. 2006). The compositional similarity of the Arizonan 

pyroxenites with known magmatic cumulates, combined with relict cumulate textures in 

the low MgO pyroxenites, suggests the Arizonan pyroxenites are also arc cumulates. 

Thus, the high MgO pyroxenites represent primitive cumulates and the low MgO 

pyroxenites represent cumulates from more evolved intermediate magmas. A primary 

cumulate origin is consistent with experimental studies showing garnet and 

clinopyroxene on the liquidus of primitive arc melts in deep crustal settings (Müntener et 

al. 2001; Alonso-Perez et al. 2008).  

 

3.3.2 Temperature and pressure estimates 

Mineral compositions were measured in 13 samples (Table 3-1). Garnet-

clinopyroxene Fe-Mg exchange thermometry (Ellis & Green 1979; Krogh 1988; Krogh-

Ravna 2000) performed on 12 samples from both cumulate groups indicate final 

equilibration temperatures of ~650–800 °C or lower (calculated at 2 GPa), suggesting the 

whole lower crustal root cooled considerably after magmatism ceased. A single 

orthopyroxene-bearing sample gives estimates of both temperature and pressure via the 

Ca-in-opx thermometer and Al-in-opx barometer (Brey & Köhler 1990), and suggests 

equilibration pressures of 2.3–2.8 GPa (70–85 km), in agreement with Smith et al. 

(1994). These results indicate emplacement well below typical Moho depths. The 
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partially to completely recrystallized textures of the high MgO pyroxenites suggest slow 

cooling from magmatic temperatures, providing time for textural recrystallization. Slow 

cooling is expected at sub-Moho depths where ambient temperatures are high. In contrast, 

preservation of the original cumulate textures in low MgO pyroxenites indicates no 

significant subsolidus recrystallization, suggesting these rocks cooled quickly and thus at 

shallow depths where ambient temperatures are cooler (20-35 km). Unfortunately, the 

low MgO pyroxenites do not have appropriate mineral assemblages for barometry, but 

the presence of amphibolites within this group is consistent with a lower pressure origin 

(Alonso-Perez et al. 2008). Thus, these observations suggest lower crustal roots are 

comprised of two compositional layers, with more evolved, low MgO cumulates above 

deeper-seated, primitive, high MgO cumulates. 

 

 

3.3.3 Age constraints 

 Several low MgO pyroxenites contain anhedral, coarse-grained titanite. Combined 

with the cumulate textures of the garnets and pyroxene grains, the titanites probably also 

grew as a primary cumulate phase. If this is the case, titanite ages can be used to 

constrain the time of cumulate formation. Using methods developed at Rice University 

(Jiang et al. 2015), we determined an in-situ titanite U-Pb age of 57.3 ± 4.3 Ma from four 

low MgO pyroxenites (Figure 3-2E). Titanite in one of the four samples dated has rutile 

cores, suggesting initial crystallization at either higher pressures or under oxidized 

conditions (Frost et al. 2000). Despite coarse grain sizes, titanite shows little zoning and 

laser ablation spots from both rims and cores yield concordant ages, suggesting rapid 
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cooling in these samples to below the closure temperature of titanite (~650–700 °C, Frost 

et al., (2000)).  

 

 

Figure 3 - 2: Geochemistry and petrology of Arizonan cumulates. (A) Whole rock SiO2 wt.% versus molar Mg# for 
rocks from the Colorado Plateau (squares; Table 3-1), the Sierra Nevada continental arc (circles), Kohistan intraoceanic 
arc (triangles), and the Talkeetna intraoceanic arc (diamonds). Samples from the Sierra Nevada, Kohistan, and 
Talkeetna arcs have a demonstrated cumulate origin. Red and orange symbols plot high MgO and low MgO cumulates, 
respectively. Open circles plot plutonic rocks from the Sierra Nevada batholith. Blue star represents a hypothetical 
mantle-derived arc basalt and the blue and red arrows show the inferred liquid and crystal lines of decent from this 
basalt, respectively. See Supplementary Data for full reference list. (B-C) Thin section scans of garnet-poor, high MgO 
(>13 wt. % MgO) pyroxenite (B) and garnet-rich, low MgO (<13 wt. % MgO) pyroxenite (C) from the Arizonan 
xenolith suite. The dull green minerals are clinopyroxene, the pale pink minerals are garnet, and the brown minerals in 
(C) are amphibole. Most of the opaque regions and garnet rims represent kelyphitic garnet breakdown products. (D) 
Modal abundance of dominant mineral phases in high vs. low MgO Arizonan xenoliths. Colors are the same as in (A). 
Apices plot at 100% of the phase(s) given. (E) Tera-Wasserberg concordia plot of titanite U-Pb ages from four low 
MgO garnet-pyroxenites. All data uncertainties are reported at the 68.3% (1σ) confidence interval. Data points in black 
are excluded from the age calculation based on poor data quality during acquisition.  
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 Previous isotopic age determinations for the Arizonan pyroxenites have yielded 

diverse and complex results. Whole rock Sr, Nd, and Pb isotopic systematics give 

imprecise ages suggesting formation in the Proterozoic (Esperança et al. 1988), 

coincident with the age of the basement in this area (Wendlandt et al. 1993). Others have 

proposed instead that the xenoliths formed during Phanerozoic basaltic underplating 

(Johnson 1990). In contrast, mineral Rb-Sr and Sm-Nd internal isochrons yield young 

ages identical within uncertainty to the age of eruption of the host latite (Esperança et al. 

1988). Titanite U-Pb ages reported here support recent crystallization of the pyroxenites. 

The apparent Proterozoic whole-rock Sr, Nd and Pb ages could instead reflect mixing 

ages between juvenile and ancient components in the deep crustal magma chambers that 

gave rise to the pyroxenite cumulates. 

 

Table 3 - 1: Bulk mineral end-member modes based on mineral modes and average mineral 
compositions determined via EPMA 
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3.4 Petrophysical properties 

3.4.1 Density 

 To quantify the buoyancy of a lower crustal root comprised of the Arizonan 

pyroxenites, we calculate densities for these compositions. Results are shown (yellow 

symbols, Figure 3-3A) for 12 pyroxenites with low amphibole mode at STP (298 K, 1 

bar) conditions calculated from measured mineral compositions and modal abundance 

(Hacker & Abers 2004) (Table 3-1 and 3-2). Modal proportions were determined via 

point counting of thin sections. Density for these samples varies linearly with bulk Mg# 

for samples with low amphibole content (< 30 vol. %). This empirical relationship allows 

extrapolation of densities for the remaining samples for which bulk rock chemistry and 

mineral modes are known but mineral compositions were not measured. We thus 

extrapolate for the remaining 43 samples according to the linear regression shown in 

Figure 3-3A (blue symbols). Because amphibole has significantly lower density than 

garnet or clinopyroxene, this must be accounted for in amphibole-rich samples (> 30 vol. 

%). For these samples (n = 9), we calculate density as the weighted average between pure 

hornblende (Hacker & Abers 2004) and the estimate from the linear regression according 

to the modal proportions of amphibole and garnet + clinopyroxene, respectively (green 

symbols).  

 Nearly all compositional densities for the Arizonan pyroxenites are greater than 

peridotitic upper mantle (3.378 g/cm3 at STP (Lee 2003)); only those with high 

amphibole mode are equal to or lower, but these represent a minority. On average, 

compositional densities are 6% denser than fertile peridotite. Accounting for thermal 

contraction due to cooling of the pyroxenites below 700 oC increases the density contrast 
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between the mafic root and the hot (~1400 °C) ambient mantle by an additional 2%. 

Figure 3-5C shows the resulting densities vary from 2 to 17% denser than peridotite (8% 

on average). Such high density inversions are not expected to persist long without 

convective recycling of the garnet-pyroxenite root into the mantle (Lee 2014).  

 

Table 3 - 2: Selected bulk rock major element compositions (wt. %) and mineral modes (vol. 
%) 
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Figure 3 - 3: Calculated geophysical properties of the Arizonan xenoliths at STP conditions (1 atm, 25 °C). (A) 
Density, (B), VP, and (C) VS versus bulk Mg# for high MgO garnet-pyroxenites (squares) and low MgO garnet-
pyroxenites (circles). Yellow symbols indicate samples with measured mineral compositions whose geophysical 
properties are determined using the method of Hacker and Abers (2004). The linear regressions (black lines) are 
determined from these samples. Samples whose physical properties are calculated based on the linear regressions are 
plotted in blue. Green symbols refer to amphibole-rich samples; error bars show the uncertainty due to the high 
amphibole content in these samples. The black diamond shows values for pure hornblende. Gray bars show the range 
of values for fertile and residual peridotite thought to make up the upper mantle at STP conditions (Lee 2003). The 
dashed black line plots values corresponding to fertile peridotite with Mg# = 0.89. The right y-axis shows the percent 
difference between the calculated geophysical properties and this value. 
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3.4.2 Elastic moduli and seismic velocities 

 To evaluate whether a pyroxenite root persists today beneath the former orogenic 

plateau, we calculate the elastic moduli and seismic velocities of the Arizonan 

pyroxenites (Figures 3-3 and 3-4) and compare to existing seismic studies in the region. 

As with density, the elastic moduli of rocks can be calculated from mineral chemistry and 

their modal proportions. These values also vary linearly with bulk Mg# (Figure 3-4), and 

similar to the density calculations, we extrapolate via linear regression for the samples 

with unknown mineral compositions. For amphibole-rich samples, we calculate the 

elastic moduli as the Voigt-Reuss-Hill average between pure hornblende and the linear 

regressions in Figure 3-4 according to the modal proportions of amphibole and garnet + 

clinopyroxene. For comparison with seismic images, VP and VS were calculated for all 

samples from the density and elastic moduli determinations. Because density and seismic 

velocity are determined for standard temperature and pressure (298 K, 1 bar) conditions, 

direct comparison with seismic tomography observations requires projection to higher 

temperature and pressure. We calculate density and seismic velocities for the 13 samples 

with known mineral compositions at 700 °C via the method of Hacker and Abers (2004). 

Assuming a linear relationship between 25 and 700 °C for each, we take the slope of the 

line connecting the two points as equal to  , , and . We then use the slope to 

project the density and seismic velocities of the remaining samples and peridotite to high 

temperature. Because we report density and velocity relative to peridotite at the same 

pressure, the effect of pressure on these values are similar and are thus ignored.  
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Figure 3 - 4: Calculated bulk and shear moduli of Arizonan xenoliths at STP conditions. Bulk modulus (K) and 
shear modulus (G) are plotted versus bulk Mg# for high MgO garnet-pyroxenites (squares) and low MgO garnet-
pyroxenites (circles) at STP conditions. Symbols are as in Figure 3-3. 

 
 VP and VS perturbation of cold (700 oC) pyroxenites relative to hot asthenosphere 

(1400 oC) decrease with increasing Mg#, such that low MgO pyroxenites are faster and 

high MgO pyroxenites are slower than asthenospheric mantle (Figure 3-5A-B). Thus, a 

complex velocity profile is predicted for a stratified lower crustal root comprised of low 

MgO pyroxenites above and high MgO pyroxenites at the base. With increasing depth, 

the transition from felsic crust to low MgO pyroxenites corresponds to a velocity increase 

(i.e., the Moho), followed by a velocity decrease at the transition from the shallow low 

MgO pyroxenites to the deeper high MgO pyroxenites, and a final velocity increase 
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where high MgO pyroxenites transition to peridotitic mantle (Figure 3-5D). Thus, unique 

seismic signals likely exist in regions where mafic lower crustal roots are present. In the 

case of teleseismic receiver functions, we predict two positive events with a negative 

event in between, generating a “double Moho” signature.  

 

 

 

Figure 3 - 5: Calculated geophysical properties of the Arizonan xenoliths. Density (A), VP (B), and VS (C) versus 
bulk Mg# for high MgO garnet-pyroxenites (squares) and low MgO garnet-pyroxenites (circles) at 700 °C plotted as a 
percent difference from convecting mantle peridotite(Lee 2003) at 1400 °C (orange bar). Note inverse y-axis scale for 
density plot (A). These values are meant to compare directly with seismic observations. Yellow symbols indicate 
samples with measured mineral compositions whose geophysical properties are determined using the method of Hacker 
and Abers (2004). Samples whose physical properties are calculated based on the linear regressions for Mg# versus 
bulk modulus, shear modulus, and density (Figure 3-3 and 3-4) are plotted in blue. Green symbols show amphibole-rich 
samples; error bars show the uncertainty due to the high amphibole content in these samples. D) Schematic 1-D P- and 
S-wave velocity versus depth profile calculated for a 55 mW/m2 geothermal gradient. Error bars on garnet-pyroxenite 
velocities represent compositional variation. Velocity is dashed where boundaries between layers are uncertain. Crustal 
velocities are from Christensen and Mooney (1995). 
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3.5 Comparison with seismic sections 

We use PdS and SdP receiver functions and Rayleigh wave tomography to reveal 

the sub-surface structure beneath the Colorado Plateau region (Levander et al. 2011). The 

processing to construct the seismic images is described elsewhere (Levander et al. 2011; 

Levander & Miller 2012; Liu et al. 2011). All of the seismic data were recorded by the 

USArray component of EarthScope, a seismic array with a nominal ~70 km instrument 

spacing. A receiver function (RF) is a time series in which the earthquake source function 

has been removed and replaced with a known shaping function to identify scattered 

waves. Receiver function images depict continuous interfaces, such as the Moho, that 

have large impedance contrasts in elastic properties. RF signals can also arise from less 

vertically abrupt elastic parameter changes such as the lithosphere-asthenosphere 

boundary (LAB), depending on the frequency content of the signal. The RFs have been 

processed to make scattered wave images of the subsurface using P to S (PdS) or S to P 

(SdP) converted waves from teleseismic earthquake signals, using a technique referred to 

as common conversion point (CCP) stacking (Dueker & Sheehan 1997). In CCP stacking 

an assumed velocity model is used to convert receiver functions from a seismic array to 

depth and reposition them laterally to the point where the input P (or S) wave 

encountered an impedance contrast to produce a converted S (or P) wave. Summing 

partial images made from many earthquakes, referred to as stacking, improves signal to 

noise ratio in the image. In contrast, finite-frequency Rayleigh wave tomography 

provides a measurement of the absolute isotropic shear velocity at different depths of the 

earth, with sampling depth and resolution depending on frequency. The Rayleigh waves 

used in this study (0.0167-0.05 Hz) are sensitive to VS structure from the mid-crust, ~15-
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20 km, into the upper mantle, ~150-200 km depth, with resolution adequate for 

distinguishing between crustal, lithospheric mantle, and asthenospheric mantle structure. 

Profile AA’, shown in Figure 3-6, crosses the xenolith locations, extending from 

the Southern Basin and Range Province in the south to the northern part of the Colorado 

Plateau (see Figure 3-1A). Beneath the BR-CP-TZ, where we may expect to see a 

“double Moho” feature based on the presence of garnet-pyroxenite xenoliths, no such 

structure can be seen in the seismic profile. However, on the PdS receiver function 

image, a “double Moho” feature is clearly visible in the central part of the plateau 550–

750 km from point A. Based on our predicted 1-D seismic profile in Figure 3-5D, this 

observation suggests that a cumulate lower crustal root is present beneath the central 

Colorado Plateau. Yet, the lack of geologic evidence for magmatic thickening, such as 

granitic plutonism, across the plateau makes it difficult to interpret the seismic feature in 

this manner. Nevertheless, the seismic profile indicates a layer with high impedance 

contrast is present within the central Colorado Plateau lithosphere, but is absent to the 

south.  Profile BB’ parallels the BR-CP-TZ and shows uniform Moho and LAB depths 

across this distance, indicating similar processes modified the entire BR-CP-TZ (Figure 

3-7). Receiver function images in Figure 3-6 show the LAB shoals from >110 km in the 

north to <80 km beneath the southern half of the plateau and BR-CP-TZ, with a 

corresponding shallowing of the Moho towards the Basin and Range. Similar conclusions 

can be drawn from profile CC’, where a “double Moho” signature correlates with 

thickened lithosphere beneath the eastern Colorado Plateau and disappears to the west 

(Figure 3-8).  
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Figure 3 - 6: Seismic profile AA’ across the Basin and Range and Colorado Plateau. PdS and SdP receiver 
function and Rayleigh wave tomography shear wave velocity cross-sections along AA’. Solid white line is the Moho; 
dashed white line is the LAB. Black box shows the approximate source location of the Arizonan garnet-pyroxenite 
xenoliths as determined by thermobarometry (this study and Smith et al. (1994)). A “double Moho” feature is present in 
the PdS and SdP receiver function images between x = 550–750 km beneath the northern Colorado Plateau (also see 
Figure 3-8). This unique signal suggests an intact stratified garnet-pyroxenite lower crustal layer, likely already 
foundering (Levander et al. 2011). LAB depth is greatest underneath the “double Moho” event (>110 km) in the north, 
and shallows to <80 km beneath the BR-CP-TZ and Basin and Range. Rayleigh wave tomography reveals a low 
velocity zone beneath the southern Colorado Plateau, BR-CP-TZ, and Basin and Range, suggesting upwelling 
asthenosphere in this region. 
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Figure 3 - 7: Receiver function and Rayleigh wave shear wave velocity cross-sections for profile BB’, as shown in 
Figure 3-6. Solid white line is the Moho; dashed white line is the LAB. Nearly uniform Moho and LAB depth under 
the BR-CP-TZ suggests that similar processes modified this entire region. 
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Figure 3 - 8: Receiver function and Rayleigh wave shear wave velocity cross-sections for profile CC’, as shown 
in Figure 3-6. Solid white line is the Moho; dashed white line is the LAB. The “double Moho” feature beneath the 
eastern Colorado Plateau is similar to that in profile AA’, and suggests an intact stratified garnet-pyroxenite lower 
crustal root. Shallowing of the LAB from the east toward the western Colorado Plateau and Basin and Range is 
consistent with removal of the lower crustal root in the west. Low shear wave velocities, as shown in the Rayleigh 
wave tomography, suggests upwelling asthenosphere beneath the western Colorado Plateau and Basin and Range. 

 
3.6 Implications for the topographic evolution of the North American Cordillera 

 High Sr/Y ratios in magmatic rocks from the hinterland of the Sevier fold and 

thrust belt in the southwestern US suggests garnet- and/or amphibole-bearing cumulates 

crystallized from these magmas in the lower crust of the former Nevadaplano, which lay 



85 
 

just west of the present Colorado Plateau in the current-day Basin and Range Province 

(Chapman et al. 2015). Our garnet-pyroxenitic xenoliths confirm this inference. If titanite 

is a primary cumulate phase in these rocks, U-Pb titanite ages suggest cumulates formed 

in the BR-CP-TZ no later than 60 Ma. This age is consistent with the interpretation that 

the Arizona pyroxenites may be the mafic complements to the Late Cretaceous–early 

Tertiary granites that were emplaced through much of the American southwest during the 

beginning of the Laramide orogeny. Most of the magmatism occurs west of the plateau, 

but if the garnet-pyroxenites are petrogenetically related to these young granitoids, their 

presence on the western edge of the plateau suggests that arc magmatism may have 

extended into the western and southern Colorado Plateau regions in Late Cretaceous-

early Tertiary times. As we will discuss later, voluminous magmatism during the Late 

Cretaceous–early Tertiary across southwestern USA may have thickened the upper crust 

significantly, while simultaneously generating a thick, dense cumulate lower crustal root 

(Chapman et al. 2015), and contributing to the high elevations of the Nevadaplano 

(DeCelles 2004; Ducea et al. 2015; Cassel et al. 2014; Henry et al. 2012). The eruption of 

the xenolith host lava at 25 Ma indicates this cumulate root was in place for at least 35 

Myr after its formation around 60 Ma. The seismic observations presented in Section 3.5, 

however, suggest pyroxenite roots are now absent beneath the Basin and Range, western 

Colorado Plateau, and BR-CP TZ.  

Recent removal of the garnet-pyroxenite cumulate root may explain these 

interpretations. The “double Moho” feature beneath the northern Colorado Plateau 

(profile AA’) is positioned at the eastern edge of a fast P-wave anomaly extending to 200 

km depth, which has been interpreted as an active lithospheric downwelling (Levander et 



86 
 

al. 2011). Recent removal of the pyroxenite root is consistent with the fact that younger 

(≤ 12 Ma) basaltic eruptions in the region contain xenoliths reflecting mantle lithologies, 

such as spinel peridotite, but no garnet-pyroxenites, as is characteristic of older xenolith 

localities (Nealy & Sheridan 1989) (Figure 3-1B). Rayleigh wave VS tomography across 

profile AA’ reveals a low velocity zone beneath the shallow LAB along the plateau’s 

southern margin, which may represent upwelling asthenospheric mantle that replaced the 

foundered material. Spatio-temporal patterns of magmatism show magmatic activity 

migrating inward from the plateau margins during the mid-Cenozoic (Roy et al. 2009; 

Crow et al. 2010; Reid et al. 2012), which may be a manifestation of progressive inward 

foundering of the pyroxenite root. In addition, geomorphic constraints from Colorado 

River incision rates suggest increased deep-seated buoyancy has been propagating toward 

the interior of the Colorado Plateau at least over the last 4 Ma (Crow et al. 2014). 

The geophysical, petrologic and geologic data presented here collectively suggest 

that during the Late Cretaceous-early Tertiary, the present-day Basin and Range and BR-

CP TZ was thickened by the influx of arc magmas, generating a package of buoyant 

felsic crust and a dense cumulate root. This cumulate root persisted at least until 25 Ma in 

the BR-CP TZ and subsequently foundered to be replaced by hot asthenospheric mantle. 

This sequence of events must have influenced surface elevations. The isostatic response 

of elevation (Δh) to density changes depends linearly on the change in crustal thickness 

(ΔH) and the effective density difference between the crustal column of interest and the 

background reference state. That is, 	 	 1 , where  and  are the 

density of the mantle and the modified crust. During magmatic inflation, low-density 

felsic magmas increase buoyancy, but the accumulation of dense mafic cumulates 
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decreases buoyancy. Hence, the ratio of mafic to felsic magmatic additions (M:F) 

ultimately determines the isostatic response (Figure 3-9A). Geochemical mass balance in 

arc sections indicates that ~70% of magmatic additions are mafic cumulates (Lee 2014), 

which we use here as a maximum M:F value at any given time within the crustal section. 

Retention of the entire cumulate package (high M:F) with the felsic crust results in only a 

modest elevation increase (<1 km). If, instead, some cumulates are immediately recycled 

into the mantle during magmatism (low M:F), uplift associated with felsic crust 

generation may be more significant. Estimates suggest the upper crust of the 

Nevadaplano magmatically thickened by 25 km in the Late Cretaceous (Chapman et al. 

2015), implying growth of a thick, garnet-pyroxenite root at the base of the orogenic 

plateau. Depending on the thickness of cumulates retained in the lower crust, isostasy 

predicts the Nevadaplano may have increased in elevation by 1.5–2 km (for M:F = 1; 

Figure 3-9A), in agreement with eastward flowing drainage systems at this time (Flowers 

& Farley 2012). The density inversion formed by the growth of a thick, dense cumulate 

root at the base of the crust, however, leads to lower crustal foundering. Another 

possibility is that cumulates were removed via melting, perhaps contributing to the 

ignimbrite flare-up of the southwestern US (Lipman 1992). The combination of secular 

change in xenolith demographics and seismic evidence for lithospheric thinning across 

the Basin and Range and southern perimeter of the Colorado Plateau (Figures 3-1B and 

3-6) provide indirect evidence for cumulate removal. Isostatic equilibrations following 

lower crustal foundering could double elevation increases across this area, assuming 

removal of a 25 km-thick root with density 6% greater than peridotite (Figure 3-9B). In 

detail, there are a number of factors, such as sedimentation and heterogeneous crustal 
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roots, which we do not consider in this simple calculation, but such considerations will 

not change the fact that removal of a dense, pyroxenitic root results in significant uplift.  

The simple calculations shown in Figures 3-9A and 3-9B imply that two episodes 

of uplift likely affected the southwestern US, one during magmatic inflation of the 

Nevadaplano and a second uplift event caused by lower crustal foundering. The first 

uplift event probably occurred in the Late Cretaceous–early Tertiary, as constrained by 

U-Pb titanite age dating of pyroxenite cumulates (Section 3.3.3) and the age of 

magmatism across the former Nevadaplano. The timing of the second uplift event is 

difficult to measure, as it relies on the removal of material for which we do not have a 

definite constraint in terms of timing. The age of the host lavas that erupted the Arizona 

pyroxenite xenoliths constrains uplift to have occurred after 25 Ma. Paleo-altimetry and 

thermochronology studies provide additional constraints on the age of uplift. U-Th/He 

thermochronology (Flowers & Farley 2012) and carbonate clumped isotope thermometry 

(Huntington et al. 2010) of the southwestern Colorado Plateau suggest significant 

unroofing began in the Late Cretaceous (~70-60 Ma). In contrast, apatite fission track 

dating combined with U-Th/He thrermochronometry (Karlstrom et al. 2014), basalt 

vesicularity paleoaltimetry (Sahagian et al. 2002), and U-Pb dating of speleothems 

(Polyak et al. 2008) from the same study area suggest major uplift may be significantly 

younger. These apparently conflicting findings are consistent with the two-stage uplift 

history proposed in this study.  
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Figure 3 - 9: Model for the evolution of the former Nevadaplano. (A) The isostatic response to magmatic thickening 
for three different ratios of mafic cumulates to felsic magma additions; M:F ratio is given. For each ratio considered, 
the colored region shows the 1 std. dev. variation in compositional density difference from the average for the cumulate 
root (6% denser than the mantle; dashed lines). Felsic magmas are assumed to have a density equal to the surrounding 
crust. (B) Removal of a cold and dense lower crustal root results in isostatic uplift; various density contrasts are 
considered. (C) Schematic model for the evolution of the western US margin at the latitude of the BR-CP-TZ. B&R, 
Basin and Range; CP, Colorado Plateau; RGR, Rio Grande Rift; SN, Sierra Nevada; WIS, Western Interior Seaway. In 
the Late Cretaceous, the Cordilleran magmatic front was located in the Sierra Nevada and the proto-Colorado Plateau 
was at sea level beneath the Western Interior Seaway. By Paleocene times, magmatic volcanism had swept toward the 
interior of the continent during Farallon Plate flat-slab subduction, resulting in magmatic inflation and development of 
a thick and dense, garnet-pyroxenitic lower crustal root. Elevation gain due to magmatic thickening likely occurred at 
this time. Subsequent foundering of the dense lower crust beneath the Basin and Range, BR-CP-TZ after 25 Ma, as 
well as beneath the Sierra Nevada in the Late Cenozoic (Wernicke et al. 1996; Ducea & Saleeby 1996), isostatically 
uplifted these regions. Partial removal of a pyroxenitic root also likely occurred beneath the Colorado Plateau to uplift 
this region to its current elevation. The associated influx of hot asthenospheric mantle with the removal of the lower 
crust likely acted to thermally weaken and convectively thin Basin and Range crust, ultimately causing an isostatic 
response to subside the region to its current elevation. Thermal relaxation beneath the Colorado Plateau and Sierra 
Nevada will, in the future, act to decrease elevations to a new isostatic equilibrium elevation. 

 
3.7 Enigmatic Colorado Plateau elevations 

That the Colorado Plateau sits at high elevation yet seismically appears to retain a 

cumulate root beneath its center must be addressed. We consider two scenarios to explain 

the current high elevations of the Colorado Plateau. The first scenario is that the cumulate 
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root formed in place during magmatic thickening and uplift occurred via removal of the 

lower crust. Geologic evidence for felsic magmas on the Colorado Plateau, however, is 

minimal (Figure 3-1B). If magmas were emplaced intrusively rather than extrusively, low 

erosion rates may explain the lack of surficial exposure of granites or their extrusive 

equivalents on the plateau. Partial lower crustal foundering may explain why the central 

Colorado Plateau retains a “double Moho” feature at its base. Removal of a 25 km-thick 

layer of high MgO cumulates from the lower crust is adequate to explain the current 

elevation of the Colorado Plateau, assuming it is 6% denser than the mantle (Figure 3-

9B). If the plateau was already at higher elevations due to isostatic equilibration during 

magmatic thickening, removal of a smaller portion of the cumulate root is sufficient to 

explain the plateau’s present-day elevation.  

An alternative scenario is to consider the possibility that the cumulate root did not 

form in place, but instead was tectonically translated to its current position, presumably 

from the west. Studies have proposed that during flat slab subduction of the Farallon 

Plate, material was tectonically eroded from the forearc and transported inland to be 

incorporated into the lithosphere, possibly reaching as far east as the Colorado Plateau 

(Smith 2013; J. B. Saleeby 2003; Luffi et al. 2009). If cumulates formed beneath the 

Sierra Nevada arc in California were translated eastward to the Colorado Plateau, this 

could explain the apparent lack of complementary felsic rocks on the plateau. However, 

the fact that many of the Arizona xenoliths retain their igneous cumulate textures 

suggests that they did not undergo significant deformation, which might be expected 

during tectonic erosion and translation in the mantle wedge. Additionally, this scenario 

predicts a very different uplift history than the first. Translation of a dense cumulate root 
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eastward to the base of the Colorado Plateau would cause subsidence if it is not 

accompanied by emplacement of buoyant, felsic upper crust. As with the first scenario, 

this situation also requires only partial removal of the lower crustal root to explain the 

plateau’s current high elevations while retaining a “double Moho” seismic signature. 

However, the thickness of cumulates removed must be greater (than required in the first 

scenario) in order to transition from the low elevations achieved during cumulate 

translation, and associated isostatic subsidence, to 2 km above sea level today. Paleo-

altimetry and thermochronology studies do not support subsidence prior to uplift of the 

Colorado Plateau (Flowers & Farley 2012; Karlstrom et al. 2014; Sahagian et al. 2002; 

Huntington et al. 2010; Polyak et al. 2008). The two scenarios discussed here are possible 

explanations for the observed seismic impedance contrast below the Moho of the 

Colorado Plateau. Conclusive interpretation of the “double Moho” structure is difficult at 

this time; however, the Arizonan xenoliths provide an additional piece of evidence to 

coax the story from the geologic record.  

 

3.8 Conclusions 

In summary, we use a combination of geochemistry, petrology, petrophysics, and 

geophysics to understand how the topography of the southwestern US has evolved 

through time. We report the occurrence of garnet-pyroxenite cumulates in the BR-CP-TZ, 

suggesting voluminous magmatism reached as far inland as central Arizona during the 

Laramide orogeny. Magmatic inflation and growth of a cumulate root acted to raise 

elevations across the Nevadaplano during this time. After magmatism ceased, the density 

inversion created during cooling of the crust and lithosphere led to lower crustal 
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foundering in the Miocene or younger, resulting in a second uplift event. If our model is 

correct, a two-stage uplift history is predicted to accompany all regions affected by 

voluminous magmatism, especially if such magmatism differentiates into felsic upper 

crust and mafic pyroxenitic lower crust. In fact, a similar model is employed to explain 

the high elevations of the southern Sierra Nevada despite thin supporting crust and 

mantle lithosphere (Wernicke et al. 1996; Ducea & Saleeby 1996). Evidence of uplift, 

however, may not always be preserved, as post-foundering thermal relaxation will cause 

the thermal boundary layer to cool and thicken, causing high elevations to eventually 

subside.  

Foundering of a cumulate root exposes the remaining upper crust to upwelling, 

hot asthenosphere, which could lead to melt infiltration and weakening of the crust, 

priming it for further crustal thinning. This may explain the differential deformation 

between the actively deforming Basin and Range Province and the tectonically stable 

Colorado Plateau. That a pyroxenite root appears to persist beneath the Colorado 

Plateau’s interior in combination with a thick lithospheric mantle, suggests the crust is 

protected from the deep convecting mantle. However, active foundering beneath the 

western Colorado Plateau (Levander et al. 2011) may, in the future, destabilize the 

plateau’s long history of tectonic quiescence. Precise determination of the 

uplift/subsidence history of the southwestern US will aid in understanding the temporal 

differences in deep crustal thinning between the Basin and Range and Colorado Plateau 

regions, as proposed in this study.  
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CHAPTER 4 

Oceanic- and continental-type metamorphic terranes: 
Occurrence and exhumation mechanisms2 

 
ABSTRACT 

 Understanding the fate of subducted materials has important implications for the 

chemical and physical differentiation of the Earth, particularly the compositional 

evolution of the continental crust. Of interest here is how deeply-subducted materials 

return to the Earth’s surface. We present a comprehensive global compilation of high-

pressure, low-temperature metamorphic terranes for which peak metamorphic conditions 

have been constrained. These metamorphic terranes are classified based on tectonic 

setting: terranes in oceanic plate subduction zones were classified as oceanic-type and 

those in continent-continent collision zones were classified as continental-type. We show 

that oceanic-type terranes form under pressures less than ~2.7 GPa whereas continental-

                                                 
2 This chapter has been edited, reformatted, and reprinted from Earth-Science Reviews (full citation below): 
 
Erdman, M.E. and C-T.A. Lee, 2014, Oceanic- and continental-type metamorphic terranes: Occurrences 
and exhumation mechanisms. Earth-Science Reviews, 139, 33–46.  
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type terranes develop under greater pressure and slightly higher prograde geothermal 

gradients. Whereas these two terrane types probably share common descent paths (i.e. 

subduction), their separation in pressure-temperature space suggests that the mechanism 

and pathways of their exhumation likely differ. Here we present a simple buoyancy-

driven model to explain the bifurcation of subducted material at depth and how 

exhumation regimes may change in different tectonic settings during the evolution of 

convergent margins. We explore two exhumation modes. In one, the hydrous nature of 

subducted sediments leads to a low-density, low-viscosity channel bounded by relatively 

rigid walls, thereby driving channel-like flow along the dipping slab surface. In the other 

mode, channel viscosity approaches that of the overlying mantle wedge, preventing 

channel flow but permitting vertical exhumation via diapirism. We show that the 

exhumation mode depends on slab dip and the viscosity ratio between the buoyant 

material and the overlying mantle (described by a dimensionless parameter, M). Due to 

significant change in channel viscosity with the breakdown of hydrous minerals, we 

suggest that the transition in exhumation mode coincides with slab dehydration; at what 

depth this transition occurs depends on plate velocity and the initial thermal state of the 

slab. Such a model predicts channel flow to be limited to shallow depths and diapiric 

exhumation to greater depths, providing an internally consistent explanation for the 

apparent differences in peak metamorphic conditions of oceanic- and continental-type 

terranes if the former exhume via channel flow and the latter via diapirism. Because 

young, hot slabs dehydrate at shallower depths than old, cold slabs, the maximum depth 

to which channel flow can operate is greater in the latter. Finally, our model also predicts 

how the exhumation mode changes as the nature of subduction zones evolve during the 
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closure of an ocean basin, beginning with oceanic plate subduction and culminating in 

continent-continent collision. In such a scenario, channel flow is favored during the 

subduction of dense, steeply dipping oceanic lithosphere, but a growing continental (low 

density) character to the subducted materials as the ocean basin closes should gradually 

shift the mode of exhumation to diapirism. 

 

4.1 Introduction 

High-pressure metamorphic rocks exposed at the surface in subduction zones and 

orogenic belts are evidence that crustal materials are tectonically transported to and 

exhumed from great depths, in some cases exceeding ~150 km. Peak metamorphic 

assemblages typically indicate transport in very low (~7 °C/km) geothermal gradients 

(e.g. Liou et al., 2000), implying rapid advective transport during subduction. The 

presence of high-pressure mineral assemblages, such as coesite, requires exhumation 

from such depths at rates fast enough to inhibit complete retrogression of peak 

metamorphic assemblages (Chopin 1984).  

The mechanisms by which these deep-seated rocks are exhumed are unclear (cf. 

Hacker et al., 2013). A plethora of models have been proposed, including wedge 

extrusion of crustal material detached from the down-going plate (Ernst 1975; Chemenda 

et al. 1995; Kylander-Clark et al. 2008), channel flow or ductile return flow along the 

down-going slab-mantle interface (Cloos 1982; Gerya et al. 2002; Burov et al. 2001; 

Raimbourg et al. 2007; Warren et al. 2008; Beaumont et al. 2009; Horodyskyj et al. 

2009), extensional-erosional collapse (Platt 1993), and diapiric ascent of continental 
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material (Hall & Kincaid 2001; Gerya et al. 2006; Currie et al. 2007; Behn et al. 2011; 

Little et al. 2011). 

Of particular interest is whether terranes of different peak metamorphic conditions 

are formed and exhumed in different ways.  Traditionally, these deep-seated 

metamorphic rocks have been respectively classified as “high pressure” (HP) and “ultra-

high pressure” (UHP) by the absence or presence of coesite, corresponding to ~2.7 GPa 

for this seemingly arbitrary divide. However, differences in protolith composition and 

tectonic setting have been suggested for HP and UHP rocks (Bally 1981; Maruyama et al. 

1996; Liou et al. 2004; Ernst 2005), suggesting that more than just a phase transformation 

may distinguish these two groups. Here, we present a comprehensive global compilation 

of P-T data for HP and UHP terranes and confirm that terranes associated with oceanic 

subduction and continental subduction/collision indeed show distinctly different peak 

metamorphic conditions. Why are the P-T conditions of subducted materials so different 

between these two tectonic environments?  

To explain the dichotomous fate of deeply-subducted materials, we develop 

simple scaling models, which show that subducted crustal materials can exhume via 

channel flow along the slab-mantle interface, exhume via diapiric ascent through the 

mantle wedge, or not exhume at all, depending on the viscosity of the subducted 

materials, slab dip and slab velocity.  In particular, the viscosity of subducted materials is 

sensitive to the presence of hydrous phases and is therefore a quantity controlled by 

protolith composition and the thermal evolution of the subducting slab. Our models can 

be used to predict peak metamorphic conditions of exhumed terranes in different tectonic 

environments. 
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4.2 Global compilation of metamorphic conditions in HP and UHP terranes 

4.2.1 Database and tectonic classifications 

We compiled peak metamorphic conditions of worldwide high-pressure, low-

temperature terranes (HP-LT) for which robust thermobarometry exists (Figure 4-1). For 

a complete list of data and references see Table 4-1. Instead of classifying terranes based 

on the presence or absence of coesite, we have chosen here to classify terranes based on 

tectonic environment. This allows us to evaluate whether there are fundamental 

differences in peak metamorphic conditions according to tectonic setting. To do so, we 

classify paleo-subduction zones as either oceanic-type or continental-type, according to 

the end-member classification scheme based on lithologic assemblages used by Song et 

al. (2005). This classification corresponds to the Pacific- and Alpine-type of Ernst (2005) 

and the B- and A-type defined by Maruyama et al. (1996), respectively.  

Oceanic-type, as described by Ernst (2005), is here assigned to terranes formed in 

accretionary complexes. Accretionary complexes are typically associated with subduction 

of oceanic crust and typify much of the modern Pacific Rim. In such terranes, tectonized 

eclogitic or blueschist blocks or pods are typically associated within highly retrograded 

serpentinitic, metagreywacke, or schistose mélange. Protoliths include bedded cherts, 

basalts with MORB-like geochemical signatures, seamount fragments, ophiolites, reef 

limestones, greywackes, and trench turbidites. Oceanic-type trench terranes are also 

closely associated with slightly older or coeval calc-alkaline volcanic-plutonic terranes in 

a landward position.  
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Continental-type terranes are generally ascribed to continent-continent collisions 

and were identified here as follows (Ernst 2005). Protoliths derive from continental 

basement complexes, overlying sediments, and volcanoclastics. In continental-type 

terranes, peak metamorphic conditions are primarily preserved in volumetrically minor 

eclogitic or garnet-pyroxenitic pods or slabs hosted within abundant orthogneiss or 

paragneiss. Continental-type complexes commonly extend hundreds of kilometers, 

comprise thin sheets sandwiched between lower-grade rocks bound by normal faults or 

migmatite zones, show (sub-) continental geochemical and petrologic characteristics, and 

contain post-collisional peraluminous granitic plutons. Calc-alkaline magmatic suites are 

scarce and S-type granitoids occur within the terrane itself instead of on the hanging-wall 

plate, as is the case of oceanic-type terranes (Ernst 2005).  

Data are gathered from the global compilations of Brown (2007), Tsujimori et al. 

(2006), Tsujimori & Ernst (2014), and our own literature compilations. These include 47 

locations worldwide (Figure 4-1). The oldest includes the continental-type terranes of 

Brazil (Parkinson et al. 2001) and Mali (Caby 1994; Jahn et al. 2001), which formed 

during the Pan-African orogenies of the Neoproterozoic. The only recognized HP terrane 

in Antarctica, exposed in the Lanterman Range of northern Victoria Land, formed in the 

early Paleozoic during the accretion of Gondwana (Palmeri et al. 2011). Also formed at 

this time is the oceanic-type Port Macquarie terrane in New South Wales, Australia (Och 

et al. 2003). Several terranes represent the Paleozoic Caledonide orogeny, including the 

oceanic-type terrane on the Norwegian island of Spitsbergen (Hirajima et al. 1988) and 

the continental-type terranes from northeastern Greenland (Gilotti & Krogh-Ravna 2002) 

as well as the Western Gneiss Region (Cuthbert et al. 2000) and Tromsø Nappe (Corfu et 
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al. 2003) of Norway. Across Europe, several continental-type terranes formed during the 

Paleozoic Variscan orogeny. These include the Bohemian Massif in the Czech Republic 

(Nakamura et al. 2004), the crystalline massif of Erzgebirge in Saxony, Germany 

(Massonne 1999), the Leaota Massif of the South Carpathians in Romania (Săbău 2000) 

the Massif Central in France (Lardeaux et al. 2001), and the Sudetes Mountains in 

southwestern Poland (Bakun-Czubarow 1991; Bakun-Czubarow 1992). On the French Ile 

de Groix, an oceanic-type terrane comprises the contemporaneous Amorican Massif 

(Ballevre et al. 2003; Bosse et al. 2005). The eastern continuation of the Variscan 

orogeny, known as the Central Asian Orogenic Belt, stretches from western Russia to 

central China. HP-LT terranes from this fold belt include the Maksyutov Complex of the 

southern Ural Mountains (Schulte & Sindern 2002; Bostick et al. 2003), Kumdy-Kol and 

Kulet blocks of the Kokchetav Massif (Sobolev & Shatsky 1990; Shatsky et al. 1995), 

At-bashy and Makbal locations in Kyrgyzstan (Tagiri et al. 1995), western Tianshan of 

northwest China (Zhang et al. 2007; Lü et al. 2008), southwest Altyn Tagh near 

Jianggalesayi, western China (Zhang et al. 2001), and the North Qilian and North Qaidam 

belts on the northern margin of the Tibetan Plateau, western China (Song et al. 2003; 

Song et al. 2007; Zhang et al. 2009).  

Younger terranes formed in Mesozoic-Cenozoic orogens are primarily found in 

the Alpine-Himalayan orogen, extending from Western Europe to Indonesia, and the 

Cordilleran orogen along the western coasts of North and South America. Terranes from 

the Alpine-Himalayan orogeny exposed in the Alps include the Zermatt-Saas Zone 

(Reinecke 1991), Dora Maira Massif (Chopin 1984), and the Monviso metaophiolite 

(Groppo & Castelli 2010) in the western Alps and the Pohorje Mountains (Janák et al. 
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2004) and Tauern Window (Hoschek 2001) of the eastern Alps. Alpine exposure extends 

south into the Schistes Lustré complex on the island of Corsica (Caron & Péquignot 

1986). HP-LT exposure continues eastward in Greece in the Kimi Complex of the 

Rhodope Mountains (Mposkos & Kostopoulos 2001) the island of Sifnos (Schmädicke & 

Will 2003), in northwestern Turkey near the town of Orhaneli (Okay et al. 1998), and in 

the Sistan suture zone of Iran (Fotoohi Rad et al. 2005). The Kaghan Valley (O’Brien et 

al. 2001) and Tso Morari (Mukherjee & Sachan 2001) terranes in Pakistan and India, 

respectively, comprise Himalayan exposures. In eastern China, the Dabie-Sulu terranes 

formed in the Triassic during the collision of the Sino-Korean and Yangtze cratons 

(Wang et al. 1989; Zhang et al. 1995). In the western Pacific, HP-LT terranes occur on 

the islands of Shikoku, Japan (Tsuchiya & Hirajima 2013), Sulawesi, Indonesia 

(Parkinson et al. 1998), New Caledonia (Clarke et al. 1997), and the D’Entrecasteaux 

Islands of Papua New Guinea (Baldwin et al. 2008). In North America, oceanic-type 

terranes outcrop along the Cordilleran orogeny in British Columbia near Pinchi Lake 

(Ghent et al. 1993) and in the Franciscan Complex of California (Coleman & Lee 1963; 

Ernst 1993; Krogh-Ravna et al. 1994; Shibakusa & Maekawa 1997). HP-LT terranes also 

occur along the South Motagua fault zone in Guatemala (Harlow et al. 2004) and on 

Samaná Peninsula in the Dominican Republic (Zack, Rivers, et al. 2004).  

In Figure 4-1, we plot each of the locations discussed above on a world map along 

with its designated tectonic classification. Table 4-1 lists the age, peak metamorphic 

conditions, how these values were determined, rock type, associated orogeny (if known), 

and any references for each terrane. We also include the tectonic end-member 

classification as determined in this study. Appendix B provides a list of additional 



104 
 

blueschist and eclogite locations worldwide compiled from Maruyama et al. (1996). For 

many of these outcrops supplementary thermobarometric and/or age constraints are 

needed, though many have clear oceanic-type affinities (i.e. Klamath Mountains and 

California coast). We include the additional locations in Figure 4-1 and Appendix B to 

acknowledge that our compilation (Table 4-1) is not exhaustive. 

 

4.2.2 Constraints on peak metamorphic conditions 

For blueschists and eclogites with relevant mineral assemblages in Table 4-1, 

peak metamorphic conditions are determined using the garnet-clinopyroxene-kyanite-

phengite-coesite/quartz thermobarometer (Krogh-Ravna & Terry 2004). Because the net 

transfer reactions employed in this thermobarometer are insensitive to Fe2+/Fe3+ ratios, P-

T conditions determined in this manner are considered robust (Hacker 2006). Prior to 

development of the Ravna and Terry (2004) thermobarometer, garnet-omphacite-

phengite barometry provided pressure estimates for these mineral assemblages (Waters & 

Martin 1993; Waters 1996). Minimum pressure estimates for many continental-type 

terranes are determined by the presence, or former presence, of coesite or diamond. 

Additional methods used in the determination of peak pressure conditions in Table 4-1 

include Al-in-opx (Harley & Green 1982; Brey & Köhler 1990), jadeite-albite-quartz 

barometry (Holland 1980), phengite barometry (Massonne & Schreyer 1989), Si content 

in phengite and biotite (Hermann 2003), and garnet-kyanite-celadonite-muscovite-coesite 

thermobarometry in pelites (Hermann 2003). Paragonite stability provides a maximum 

pressure constraint (Holland 1979) for the oceanic-type terrane from Sifnos, Greece; the 

jadeite + chloritoid assemblage provides a minimum pressure estimate (e.g. Guiraud et al. 
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1990) to oceanic-type rocks from Turkey. Paragonite or lawsonite stability with various 

phase assemblages allows for additional P-T constraints in combination with 

THERMOCALC averages (e.g. Schulte & Sindern 2002; Ballevre et al. 2003; Fitzherbert 

2003; Fotoohi Rad et al. 2005). Peak metamorphic temperatures determined 

independently from pressure for the terranes listed in Table 4-1 are calculated using Fe-

Mg exchange thermometers (e.g. Ellis & Green 1979; Krogh-Ravna 2000; Green & 

Hellman 1982; Harley 1984). Other thermometers used include Ti-in-zircon (Watson & 

Harrison 2005) and Ti-in-rutile (Zack et al. 2004; Watson et al. 2006).  

 Peak metamorphic conditions plotted in Figure 4-2A represent global data 

compiled for all recognized lawsonite-blueschist, lawsonite-eclogite, and UHP terranes. 

Oceanic- and continental-types form two distinct populations in P-T space (Fig. 4-2B): 

Oceanic-types metamorphosed at lower temperatures and pressure than continental-types. 

Nearly all continental-type terranes plot at pressures above the coesite-quartz transition 

and within the dry-eclogite field. Note, however, that two coesite-bearing terranes 

(Zermatt-Saas Zone of the western Alps and western Tianshan in NW China) classify as 

oceanic-type based on lithologic assemblage. In general, phase assemblages of 

continental-type terranes define slightly higher geothermal gradients than do oceanic-

types. Hot and cold slab P-T paths from the Izu and Cascadia subduction zones (Syracuse 

et al. 2010) are plotted for comparison. Because the P-T conditions plotted in Figure 4-

2A are determined using a variety of methods, we assign a representative uncertainty of 

±0.3 GPa and ±65 °C (Krogh-Ravna & Terry 2004). The histogram in Figure 4-2B 

excludes peak pressures for continental-type terranes defined solely by the presence of 

coesite (open symbols in Fig. 4-2A) because the presence of coesite only provides a 
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minimum pressure estimate, thereby artificially shifting the data to lower pressures. It can 

be seen that almost all oceanic-type terranes are limited to pressures less than ~2.7 GPa 

(~80 km) whereas many continental-type rocks range from ~2.7 to 5.1 GPa (up to ~150 

km).   

 

 

Figure 4 - 2: Metamorphic conditions. A) Peak metamorphic conditions of global oceanic-type (open 
squares) and continental-type (black squares) metamorphic terranes. Gray symbols denote minimum 
metamorphic conditions of continental-type terranes determined solely by the presence of coesite. P-T 
conditions compiled from Brown (2007) and Tsujimori et al. (2006), Tsujimori and Ernst (2014) and 
references therein; slab surface P-T paths from Syracuse et al. (2010); basalt H2O-saturated solidus from 
Vielzeuf & Schmidt (2001); granite dry and H2O-saturated solidi from Hermann (2003); metamorphic 
facies boundaries from Liou et al. (2004) [granulite (G), amphibolite (AM), epidote amphibolite (EA), 
greenschist (GS), blueschist (BS), high-pressure granulite (HG), and the subdivision of the eclogite facies 
into amphibole eclogite (amp-EC), epidote eclogite (ep-EC), lawsonite eclogite (lw-EC), and dry eclogite 
(dry EC)]. B) Histogram and cumulative totals of peak metamorphic pressures. For a complete list of data, 
references, and explanations for the dataset presented in this figure, see Table 4-1. 

 
4.3 The model 

Any model that successfully describes the ascent of high pressure-low 

temperature rocks must explain the apparent dichotomy between the peak metamorphic 

pressures attained in oceanic-type and continental-type terranes. In other words, what 
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prevents oceanic-type terranes from achieving peak metamorphic conditions greater than 

~2.7 GPa? Here, we explore the role of compositional buoyancy in driving the ascent of 

deeply-subducted crust. Although there are other mechanisms for driving exhumation 

(see Introduction), almost all the high-pressure rocks in both terrane types are of low 

density or transported in a low-density matrix. Thus, it would seem that buoyancy must 

play some role in driving ascent. Indeed, numerical and analog experiments show the 

efficacy of buoyancy as an exhumation mechanism (e.g. Hall & Kincaid 2001; Gerya & 

Yuen 2003; Beaumont et al. 2009; Behn et al. 2011). In this context, it has been proposed 

that oceanic-type terranes exhume along the sloping subduction channel at the slab-

mantle interface (e.g. Ernst et al. 1997) and that vertical diapiric rise through the mantle 

wedge may be responsible for the ascent of continental-type terranes (e.g. Little et al. 

2011), but why the ascent paths of subducted materials would be different in these two 

settings is unclear.  

Here, we explore how the relative importance of these two end-member types of 

buoyancy-driven ascent mechanisms might change in different tectonic settings and 

during the evolution of a convergent margin. In so doing, our goal is not to reproduce 

geology in all its details with full-blown numerical models. Instead, our approach is to 

develop simple scalings that provide physical intuition on what controls the mode of 

ascent because, as far as we know, no such treatment has yet been presented. The goal of 

this paper is thus to enable the reader to make educated predictions so that targeted 

observations can be made. Our work lays the foundation for more detailed numerical 

modeling should the need arise. 
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We begin with buoyancy-driven channel flow along the top of the subducting slab 

as depicted schematically in Figure 4-3. In this end-member, we assume that the channel 

material, made up of sediments or hydrated peridotite (serpentinite), is of low density and 

of viscosity low enough compared to the overlying mantle wedge such that buoyancy-

driven flow does not penetrate the mantle wedge but occurs along the dipping surface of 

the down-going plate. Additionally, we assume that the lower boundary of the subduction 

channel, comprising lithospheric mantle and portions of the subducting oceanic crust, is 

also highly viscous. We thus envision a low viscosity, low density sediment/serpentinite 

layer bounded by effectively rigid walls. A simple force balance (acceleration is zero) 

with no slip along the walls shows that the flow velocity VC scales as:  

Vc 	    (1) 

where ∆  is the density difference between the channel material and the surrounding 

mantle (kg/m3), g is the gravitational acceleration, h is the channel thickness (m),   is 

the dynamic viscosity of the buoyant material (Pa∙s), and sinθ accounts for the slab dip. 

This approach is similar to that taken by Guillot et al. (2001), Horodyksyj et al. (2009) 

and Raimbourg et al. (2007). We have assumed Newtonian viscosity for simplicity. Eq. 1 

is essentially that of Poisseulle flow with the constants dropped because we are interested 

in orders-of-magnitude. Ascent is favored when channel density is low and viscous 

resistance is low. Thus, exhumation velocity increases with the square of the channel 

thickness and inversely with viscosity. Channel flow velocities decrease with decreasing 

channel dip.  
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Table 4 - 2: Parameter values 

 

Figure 4 - 3: Cartoon of the model. A) 
Schematic cross section illustrating the 
proposed model for flow of buoyant 
material in a subduction zone. We 
envision the subduction channel (cross 
hashed area) to consist of variably 
hydrated mantle, sediments, and 
fragments of oceanic crust. Diapirs 
(dotted area) likely comprise 
dehydrated sediments, crustal 
components, and partially molten 
continental crust and mantle. B) 
Schematic cross section showing the 
simplified geometry of the subduction 
channel and parameters utilized in the 
model equations.  
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If, instead, the viscosity is too high to ascend via channel flow, diapiric rise into 

the overlying mantle wedge might occur (i.e. the development of a Rayleigh-Taylor 

instability). Such a situation might occur as hydrous minerals in the subducted materials 

breakdown and are expelled during prograde metamorphism, causing the channel 

viscosity to increase significantly. As an end-member scenario, we envision chemically 

buoyant bodies of dry sediments/continental crust to develop into diapirs at the slab-

mantle interface when the viscosity of the channel approaches that of the overlying 

mantle wedge. The rate of ascent of a diapir, based on a force balance of a rising buoyant 

sphere, should scale as: 

	    (2) 

where  is the mantle viscosity (or simply the viscosity of the overlying material) and h 

is the diapir radius, which we take to scale with the channel thickness. Here, we have 

assumed that  > , that is, the resistance to flow is governed by the mantle wedge and 

not by internal deformation within the channel or diapir. In detail, the diapiric ascent of 

the buoyant material is governed by the physics of how Rayleigh-Taylor instabilities 

grow. There is a characteristic wavelength of perturbation that grows the fastest. This 

characteristic wavelength scales with h, leading to a growth rate that follows the same 

scaling as in Eq. 2 (Conrad & Molnar 1997). We note that Eq. 2 is only valid for 

Newtonian viscosities and where  > . As approaches or exceeds  (or, equally, 

as approaches ), the above relationship breaks down. It seems unlikely that the 

dehydration of sediments and serpentinites would cause the channel viscosity to exceed 

that of nominally anhydrous mantle. However, water weakening of the overlying mantle 

may cause  to decrease and approach . Diapiric ascent is facilitated by low diapir 
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density and low viscous resistance and therefore scales with the square of the diapir 

radius and inversely with mantle viscosity.  

Regardless of the exhumation mode, for buoyant material to exhume, flow must 

overcome the downward drag of the subducting slab (Fig. 4-4). We therefore introduce 

two dimensionless parameters to describe the fate of subducted material: 

	    (3a) 

	  (3b) 

When C (C for channel flow) is high, buoyant material exhumes via channel flow, and 

likewise, for high D values, diapiric ascent rates exceed the vertical subduction 

component so material rises (D for diapir). When C or D is less than unity, buoyancy-

driven ascent is slower than the downward plate velocity, so sediments or crust continue 

to subduct. 

 The boundary between the two ascent regimes in Figure 4-4 thus determines the 

exhumation mode of buoyant material. We define this boundary to be M, for exhumation 

mode, which occurs when C = D, or more specifically, when the vertical diapiric velocity 

VRT is equal to the vertical component of the channel velocity, i.e., VC sin: 




 2sinsin m

c

C

RT

V

V
M   (4)  

When M approaches or exceeds 1, material rises diapirically and when M < 1, material 

rises via channel flow. Based on Eq. 4, it can be seen that ascent mode is determined by 

the subduction angle and the viscosity contrast between the buoyant and overlying 

material, i.e., ηc/ηm. Clearly, if the slab dip approaches zero, the only mode of ascent is 
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via diapiric rise because the pressure gradients along the slab interface are too low. 

Likewise, when slab dip is high, channel flow is favored. For a given slab dip, if channel 

viscosity is very low compared to the mantle viscosity, channel flow will dominate. As 

channel viscosity approaches that of the mantle, diapiric rise will be favored and channel 

flow will cease. Eq. 4 also shows that the thickness h of the low-density channel does not 

control ascent mode. Thickness of the channel h controls only the timescales of ascent via 

channel or diapiric flow.  

 

 

Figure 4 - 4: Cartoon illustrating model parameters. Schematic plot of the dimensionless parameters C 
versus D. Transitions between the subduction, channel flow, and diapirism regimes are shown by the thin, 
dashed lines. The small, solid arrows demonstrate the effect of increasing various parameters. The 
boundary labeled M is defined by Eq. 4. Thick, dashed arrows represent scenarios that may result in an 
exhumation regime shift. Path A depicts changes expected during the closure of an ocean basin: oceanic 
lithosphere subduction (A1), encroachment of a continental margin (A2), and continent-continent collision 
(A3). Path B represents changes expected along the slab-mantle interface: at shallow depths subducted 
materials are hydrous and have low viscosity (B1) whereas prograde metamorphism leads to dehydration 
and an increased viscosity at depth (B2). 
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 The dependency of M on viscosity contrast has important implications because 

factors that may affect the viscosity contrast include temperature, partial melting, 

dehydration of the exhuming material, and subsequent hydration or addition of other 

volatiles to the overlying mantle. These factors are likely to vary in different tectonic 

environments and may also change dynamically during the descent of subducted 

materials into the mantle. In the Discussion section, we will explore these effects in more 

detail.  

 

4.4 Discussion 

4.4.1 Model parameters 

Using the model described above, we seek to answer several questions. First, 

what conditions permit exhumation? To answer this question requires investigating likely 

values for the parameters invoked in Eq. 1 and 2, which demonstrate that exhumation 

velocities of buoyant material depends most strongly on the characteristic length scale of 

the channel material and the viscosity of the channel, but also varies with density 

difference, and, in the case of channel flow, slab dip. Figure 4-5 plots velocity 

calculations for each exhumation mode, demonstrating the effect of h and viscosity. 

Because instabilities grow while attached to the slab, their growth rate must exceed the 

downward plate velocity in order to develop. Diapir velocities therefore do not converge 

at the origin as is the case for channel flow velocities. The velocities plotted in Figure 4-5 

are approximate values calculated using the scalar relationships in Eq. 1 and 2. 
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Figure 4 - 5: Calculated velocities. A) Up-dip channel flow and B) vertical diapir velocities calculated for 
several viscosities with Δρ = 250 kg/m3, θ = 45°, and VP = 3 cm/yr. 

 
The length scale in the channel flow regime is equivalent to the thickness of the 

channel. In the case of diapirism, we make the simplifying assumption that the 

detachment of buoyant material is in the form of a spherical diapir, and thus the length 

scale refers to the radius of that sphere. In both exhumation regimes, we envision the 

length scale varies with trench sediment supply, subduction erosion, and the efficiency of 

continental or arc subduction in the case of continental collision. Trench sediment supply 

thickness varies globally from 0.3 to 8.0 km (Clift & Vannucchi 2004; Heuret et al. 
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2012). We posit the length scale is similar to this range and probably does not exceed the 

thickness of the subducting crust. That velocity scales with h2 predicts flow is slowest in 

thin channels and increases rapidly as h increases. For example, material rising in a 1 km-

thick channel travels at <1 cm/yr whereas in a 4 km-thick channel velocities reach ~8 

cm/yr (for a constant channel viscosity of 1019 Pa∙s; Figure 4-5A). These velocity 

estimates are comparable to plate tectonic rates.  

Viscous forces are important because viscosity can vary by orders of magnitude. 

Constraints on mantle viscosity are primarily estimated from post-glacial rebound studies 

(e.g. Bills et al. 1993; Mitrovica 1996). Estimates from experimental studies suggest the 

asthenosphere has a viscosity on the order of 1018 – 1019 Pa∙s (Hirth & Kohlstedt 1996), 

though dehydration of the subducting slab and fluid flux into the mantle wedge may 

decrease this value (Hirth & Kohlstedt 2003). Viscosity in the subduction channel is on 

the order of ~1017 Pa∙s (e.g. Shreve & Cloos 1986), and varies significantly with 

dehydration. The primary factors that affect mantle wedge and channel viscosities are 

presumed to be temperature, volatile content, and degree of partial melting. Given these 

uncertainties, we make calculations for several rheological conditions (Figure 4-5). Due 

to the inverse relationship between flow velocity and η in Eq. 1 and 2, high viscosity 

decreases exhumation rate. For a constant channel thickness of 4 km, channel flow occurs 

at ~8 cm/yr when the channel viscosity is 1019 Pa∙s, ~1 cm/yr when channel viscosity is 

1020 Pa∙s, and nearly zero when channel viscosity is 1021 Pa∙s. Such order-of-magnitude 

increases in channel viscosity can act to suppress exhumation via channel flow. Similarly, 

high mantle viscosity acts to inhibit diapir formation. For a diapir with a 4 km radius, 
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diapiric ascent reaches rates of 10 cm/yr when the mantle viscosity is 1019 Pa∙s, but stops 

when the mantle viscosity increases to 1020 Pa∙s.  

As the driving mechanism of this model, buoyancy depends on the density 

difference between the exhuming material and the mantle. Exhumation will only occur if 

buoyancy forces are positive (i.e. Δρ is greater than zero). In comparison to mantle 

peridotite (~3300 kg/m3) at 1.4 GPa and standard temperature (Carlson 2001), some 

possible low-density lithologies in subduction zones include metasediments, such as 

metagraywacke (2670 kg/m3), phyllite (2780 kg/m3), and calcite marble (2760 kg/m3), 

gneiss (2720–2800 kg/m3), felsic granulite (2800 kg/m3), serpentinite (2600 kg/m3), and 

andesite (2650 kg/m3). Due to the lithologies involved, Δρ is likely less than 700 kg/m3. 

We use Δρ = 250 kg/m3 for our velocity calculations, based on UHP metapelite density 

calculations at high pressure (Behn et al. 2011). This value is expected to change with 

compositional variability, and likely decreases with depth as minerals transform to their 

high-density polymorphs. An increase in the density difference causes buoyancy forces to 

increase slightly. Increasing Δρ by 100 kg/m3 increases velocities by ~0.2 cm/yr. 

Slab dip additionally affects channel flow. For gentle slopes, buoyancy forces are 

low in the up-dip direction; at steep slopes, up-dip velocities increase. Because slab dip 

varies from ~20 to 65° among subduction zones today (e.g. Wada & Wang 2009), it is 

likely that exhumation velocities vary between global subduction zones as well as 

through time at a single site due to the effect of subduction angle. A decrease in slab dip 

from 60° to 30° reduces exhumation velocities by ~0.3 cm/yr. Though this change is 

small, the effect may be large in combination with viscosity variability due to prograde 

metamorphism. 
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 Table 4-2 defines possible values for each of the parameters discussed above and 

their references. Many of these variables can vary significantly on Earth. This study 

attempts to capture the likely variation in expected exhumation conditions given the 

uncertainties and demonstrated variation in parameter values. We present this model to 

provide an intuitive understanding of exhumation in convergent zones, not as a wholesale 

consideration of all possible parameter combinations. 

 

4.4.2 Predicting the exhumation regime transition 

A second goal of this study is to determine what conditions favor formation of 

oceanic-type versus continental-type metamorphic terranes. We ask, when might buoyant 

material transition from exhuming in a channel flow regime to a diapirism regime? As 

discussed above, the boundary between the two regimes in C-D space is defined by the 

parameter M in Eq. 4, which shows that exhumation mode depends on slab dip and 

viscosity contrast ηc/ηm (Fig. 4-4).   

When examining the effect of slab dip, it is useful to consider extreme cases. 

Under flat slab conditions, when  = 0˚, the pressure gradient goes to zero within the 

subduction channel and the buoyancy force acts in the vertical direction. Consequently, 

M approaches infinity and buoyant material may only exhume diapirically, if at all. When 

subduction is near vertical, however, the subduction angle term is neglected and the 

exhumation mode depends solely on the viscosity contrast. In this case channel flow is 

indistinguishable from diapirism, as both occur along the same vertical pathway. Thus, 

shallow dips favor diapirism and steep angles favor channel flow. We may now consider 

the effect of subduction angle on the transition from oceanic to continental subduction 
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during orogeny. During oceanic plate subduction, slab-pull forces are strong and dense 

oceanic lithosphere subducts fast. In this case, buoyant materials supplied to the trench 

are limited to oceanic sediments. This situation may continue until more buoyant crust 

enters the trench—in the form of a micro-continent, oceanic plateau, or continental 

margin. As subduction of continental lithosphere begins and the plate boundary evolves 

into a continental collision zone, subduction slows, and the subduction angle may shallow 

due to the decreasing negative buoyancy. Thus, we expect exhumation of buoyant 

material to transition from channel flow during oceanic subduction to that of diapirism 

during mature stages of continental collision. The evolution from oceanic to continental 

subduction may thus mark a transitional time for exhumation processes, as subduction 

angles change and the amount of low-density, dry, felsic material entering the subduction 

zone increases. This concept was first conceived to reconcile the differences between 

small and large UHP terranes (Kylander-Clark et al. 2012), but may be expanded to 

consider oceanic-type terranes.  

Because viscosity can vary by several orders of magnitude, we suggest the 

viscosity ratio may also play an important role in determining exhumation mode. When 

ηm > ηc and M < 1, channel flow acts as the dominant exhumation mode. This situation is 

favored by low internal viscosity—enhanced by high water contents and a high flux of 

sediment. As channel material dehydrates, a hydration front may move upward into the 

mantle wedge, in the form of serpentinized peridotite (e.g. Gerya et al. 2002). This 

process may widen the channel, increasing the exhumation rate by means of channel 

flow. As dehydration continues, however, the viscosity (and density) of the channel 

material will begin to rise, increasing the resistance to the buoyancy force. Thus, 
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dehydration will eventually cause ηc to approach ηm and, subsequently, their ratio to 

approach unity. This situation leads to a transition from channel flow exhumation to 

diapiric exhumation.  

We estimate when this transition occurs by modeling heat diffusion into a slab to 

determine the onset of dehydration. If the timescales for the slab to reach dehydration 

temperatures are known, the depth at which the transition occurs can be determined from 

the subduction rate and geometry. In the example shown in Figure 4-6, we calculate 1-D 

heat diffusion into a 50 Ma lithospheric slab inserted into a hot mantle with a constant 

far-field temperature (this was done by assuming a constant temperature at distances 

much farther than the characteristic diffusion length scale of interest). The slab’s initial 

thermal state is assumed to represent that of a growing thermal boundary layer, which is 

conventionally modeled by conductive cooling of an infinite half-space beginning with a 

vertically uniform mantle of 1400 °C (Eq. 4-113, Turcotte & Schubert 2002). The slab is 

then injected into a uniformly hot mantle and allowed to heat up, approximating 

subduction. Heat diffusion into the slab is calculated by solving the partial differential 

equation in MATLAB with a thermal diffusivity of 10-6 m2/s. The colored lines in Figure 

4-6A plot the temperature profiles for several time steps. Considering the top 10 km of 

this slab to represent the subducted crust, we plot temperature changes through time for 

this depth interval within the slab (Fig. 4-6B). 
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Figure 4 - 6: Heat diffusion into the slab. A) Cross-sectional 1-D temperature profiles achieved after 1, 5, 
10, 25, and 50 My of heat diffusion. The thick black line shows the initial temperature profile calculated for 
50 Ma lithosphere. Left and right boundaries are fixed at 1400 °C at significant distance from the slab 
surface. Positive x-axis distance values represent the depth into the slab; negative distances are above the 
slab surface. B) 1-D heat diffusion profiles through time for the top 10 km of the slab (shaded region). 
Dashed line approximates dehydration reactions at 700 °C. 

 
If we consider the transition from channel flow to diapiric exhumation to be 

primarily controlled by viscosity, and dehydration the chief control on viscosity, we can 

estimate the time it takes for dehydration to occur from calculations of heat diffusion. 

Dehydration of a heterogeneous lithologic terrane occurs over a spectrum of temperatures 

(Hacker et al. 2003). Due to this expected variability, we consider several relevant 

dehydration reactions to approximate complete devolatilization for a range of crustal 

compositions. In muscovite-bearing granitic compositions, muscovite dehydration occurs 

at ~750 °C at 2.0 GPa (Huang & Wyllie 1973). The water-saturated basalt solidus occurs 

at 700 °C at 2.0 GPa (Schmidt & Poli 1998). In water-saturated pelitic compositions, 
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melting begins ~650 °C at similar pressures (Schmidt et al. 2004). Additionally, 

serpentinite breakdown occurs at ~675 °C at 2.0 GPa (Bromiley & Pawley 2003). 

Because these dehydration temperatures are similar, we use ~700 °C as a generalized 

dehydration temperature to account for the wide compositional variation in subducted 

materials. The characteristic time required for the slab to dehydrate is given by: 

τ700 = ah2/κ  (5) 

where κ is the thermal diffusivity (10-6 m2/s) and a is a constant obtained from the 

numerical solutions of the heat diffusion equation and depends on the slab’s initial 

thermal state, including slab age and slab thickness. Figure 4-7 shows how the 

dehydration time scale changes with depth into the slab. Not surprisingly, dehydration 

occurs quickly (<1 to 3 Ma) in hot, young slabs and slowly (up to 10 Ma) in cool, old 

slabs. For hot, young slabs, this implies dehydration of the top 10 km of the slab (i.e. the 

oceanic crust) will occur at vertical subduction depths of 40–70 km and for cold, old 

slabs dehydration will occur at depths of 150–200 km in the mantle, assuming a 

subduction rate of 3 cm/yr and 45° slab dip. Thus, where young lithosphere subducts, 

channel flow may be limited to shallow depths. Where old lithosphere subducts, we 

predict that channel flow may extend to greater depths. This also implies that diapirism 

would commence earlier where young lithosphere subducts. 
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Figure 4 - 7: Estimating the slab dehydration time. Plot of the characteristic time it takes to reach 700 °C 
via heat diffusion (τ700) versus depth into the slab. Variation with lithosphere age is given by the dashed 
lines. Young, hot lithosphere heats up quicker than old, cold lithosphere.  

 
 We now return to the discussion of an evolving convergent margin to place it in 

the context of dynamically changing subduction angles and viscosity contrasts. Transition 

paths discussed below are depicted schematically in Figure 4-4 (paths A and B). In the 

early stages of ocean basin closure, subduction of oceanic lithosphere results in strong 

slab-pull forces and fast subduction velocities. Inputs to the trench include hydrous 

oceanic sediments and hydrothermally-altered oceanic crust. In such tectonic settings we 

may expect low channel viscosity—and thus a low viscosity contrast—which favors 

channel flow as the mode of ascent for buoyant material (spot A1 in Fig. 4-4). Upon 

encroachment of a micro-continent or continental margin to the trench, subduction of 

compositionally buoyant continental crust increases. Such material may include 

terrigenous sediments and continental basement complexes, the latter of which may be 

less hydrated compared to oceanic sediments and altered oceanic crust. The increased 

amounts of dry and buoyant material supplied to the trench may shallow the subduction 

angle, increase the viscosity contrast, and slow subduction (A2). The slowing of 
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subduction may also increase the thermal gradient (e.g., dT/dP) during descent, consistent 

with the slightly higher temperatures seen in continental-type eclogites. Due to these 

changes, we expect buoyancy-driven exhumation to shift to diapirism during the final 

closure of an ocean basin (A3). We might also predict diapirism to prevail if an arc or 

oceanic plateau collides with a trench. It has been suggested that an oceanic plateau 

collided with western North America around ~85 Ma (J. B. Saleeby 2003) and may be 

associated with the formation of the Pelona-Orocopia-Rand schist in California. Although 

continental-type rocks have not yet been found in the schist locality, our analysis suggests 

that underplated sediments might exist beneath southwestern USA. In the context of this 

model, it is not impossible that both oceanic- and continental-type terranes may form in 

the same orogen (e.g. Song et al. 2005). Our analysis predicts the two will be separated in 

time and space, with the continental-type terrane slightly younger and located further 

inboard of the trench than the oceanic-type terrane. However, subsequent removal of 

either terrane via subduction erosion, deformation, or incomplete exhumation may 

preclude outcrops of both terrane types in the field.   

 Finally, in addition to changes through time during the evolution of a convergent 

margin, the viscosity contrast may change within the subducting slab itself. Prograde 

metamorphism dehydrates subducting sediments and crust, leading to an increase in 

viscosity contrast at depth and, hence, a transition from channel flow (B1) to diapiric 

exhumation (B2) along the slab-mantle interface.  Thus, even in oceanic subduction 

zones where we would expect to see some materials being exhumed by channel flow into 

the forearc, we might also predict some materials to rise diapirically. However, any 

diapiric rise of sediments would occur further down the slab, depending on when 
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dehydration occurs and how long it takes for the diapir to develop and separate from the 

slab. For example, consider a 6-km-thick hydrated layer on a 50 Ma oceanic lithosphere 

subducting at 3 cm/yr with a 45° dip. The top 6 km will dehydrate in ~4 Ma (τ700 = 4 

Ma), at which point the slab will have descended a vertical distance of ~85 km. This is 

the depth at which channel flow ceases and exhumation transitions to diapirism. There is, 

however, a finite time for a diapir to separate from the down-going slab, causing 

exhumation to delay to greater depths. We estimate this time by dividing the layer 

thickness by the diapir ascent velocity, yielding a delay time of ~1 Myr (ascent velocity is 

~0.6 cm/yr assuming radius of 6 km and ηm = 1020 Pa∙s; Figure 4-5). Incorporating this 

delay time, we estimate the diapir separates from the slab at a vertical depth of ~105 km 

(20 km deeper than the onset of dehydration) and ~75 km inboard of the trench. 

Consequently, we predict that any underplating in oceanic subduction zones would occur 

well inboard of the trench and may not appear intimately linked to the fore-arc in the 

geologic record. 

 

4.4.3 The fate of ascending diapirs 

Finally, an important question to address is whether ascending diapirs will melt. 

Recently, it has been suggested that rising diapirs may accrete at the bottom of the over-

riding plate, which if true, would imply that continental crust could grow from below by 

relamination of sediments (Hacker et al. 2011). These authors suggest that buoyancy-

driven differentiation during subduction causes mafic rocks to subduct and felsic rocks to 

ascend. A potential problem with this hypothesis is that relaminated sediments would be 

expected to have high K, U and Th contents, resulting in high radiogenic heat production 
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in the lower crust, which seems unlikely given current understanding of the distribution 

and abundance of heat producing elements in the continental crust (Rudnick & Gao 

2003). Hacker et al. (2011) suggested that these rising diapirs might partially melt, and if 

such melts were extracted into the mid- or upper crust, the remaining solid residues 

(restites) at the base of the crust would be depleted in heat-producing elements. Indeed, 

many continental-type terranes contain abundant leucosomes or granitoid plutons, 

suggesting melting occurred during exhumation (e.g. Hill et al. 1995; Song et al. 2014). 

In addition, deep-seated metasedimentary xenoliths in collisional orogens appear to be 

restitic (Behn et al. 2011). Determining whether melting occurs upon diapiric exhumation 

through the mantle is thus important. 

We approach this problem by modeling the thermal evolution of a spherical 

diapir, assuming heat is transferred into the diapir only by conduction. We assume that 

the diapir is initially homogeneous in temperature at the point in which it separates from 

the slab. Heating of the diapir is then modeled by assuming the mantle wedge to be an 

infinite thermal reservoir whose initial temperature is set at 1400 oC. We assume that the 

initial temperature of the diapir is 700 oC, which is the temperature at which the 

sediments or serpentinites dehydrate and subsequently increase in viscosity so that 

diapiric flow—rather than channel flow—is permitted (see above for discussion on this 

transition). Figure 4-8A shows how a diapir with a 10 km radius heats up. In this 

calculation, the ambient mantle is fixed at 1400 °C at a distance much greater than the 

diffusive length scale. Figure 4-8B shows how the centers of diapirs of different radii 

evolve in temperature. Large diapirs, of course, heat up more slowly. Assuming that the 

buoyant material making up the diapir has already been dehydrated, we compare these 
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temperature curves to the dry granite solidus temperature (~1200 °C at 2 GPa) to evaluate 

if melting will occur.    

 

 

Figure 4 - 8: Heat diffusion into a diapir. A) Cross-sectional 1-D temperature profiles achieved after 0.5, 
1, 5, and 10 My of heat diffusion into a radially symmetric diapir at 700 °C with a radius of 10 km. Thick 
black line shows the initial conditions. The host is fixed to 1400 °C at significant distance from the diapir 
margin. B) 1-D heat diffusion profiles through time at the center of a diapir, for various diapir radii. Dashed 
line corresponds to the dry granite solidus at 2.0 GPa. 

 
To determine whether a diapir would melt before relaminating to the base of the 

over-riding plate, we estimate the vertical distance a diapir will travel by the time it 

melts. This is done by multiplying the time for melting by the diapir ascent velocity 

(Figure 4-9). We note that the retention of partial melts in a diapir would decrease its 

bulk density, thereby increasing its buoyancy, so these travelling distances are minimum 

bounds. Although the timescales of heating small diapirs are much faster than large 

diapirs, the ascent rates of small diapirs are far slower than large diapirs (i.e. Stokes’ law; 
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Figure 4-5). This means that diapirs that are too large will not melt. Diapirs that are too 

small will rise slowly and thus will melt, but these slowly rising diapirs may become 

entrained within the mantle flow field, preventing relamination or exhumation. Our 

calculations suggest that diapirs with a radius < 10 km will melt before travelling 20 km 

vertically. If small diapirs do form and separate from the slab, these results suggest that 

the melting diapirs could contribute to arc lavas, as suggested by (Behn et al. 2011), or 

they may be entrained in the mantle flow field. Our calculations also suggest that large-

radius diapirs will melt only partially and may remain largely intact during their ascent 

through the mantle. We recognize that deflection due to corner flow, internal deformation 

and melting, chemical exchange with the mantle, petrologic evolution, and barriers to 

flow (such as viscosity and density heterogeneities or ponding at the base of the crust) 

complicate the exhumation of buoyant material. The possible importance of some of 

these processes is discussed by Marschall & Schumacher (2012); Behn et al. (2011); 

Hacker et al. (2011); Gerya & Meilick (2011).  
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Figure 4 - 9: Estimating dehydration within an ascending diapir. Temperature at the center of a diapir 
versus vertical distance traveled at Stokes settling velocity, for various radii. Dashed line corresponds to the 
dry granite solidus at 2.0 GPa. 

 
 
 
4.5 Conclusions 

Recent papers have drawn attention to exhumation in subduction zones (e.g. Behn 

et al. 2011; Hacker et al. 2011; Kylander-Clark et al. 2012; Marschall & Schumacher 

2012; Hacker et al. 2013), raising questions about the mechanics, exhumation paths, and 

likely consequences of rising buoyant material. With implications for the chemical 

evolution of the crust through time, transport of material through subduction zones, and 

the composition of volcanic arcs, the fate of subducted material is an important chemical 

and physical consideration on Earth. This study explores the implications and limitations 
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of buoyancy-driven exhumation of high-pressure, low-temperature terranes in the 

following ways.  

1. We compiled 45 high-pressure, low-temperature terranes worldwide for which robust 

thermobarometry exists, categorizing each according to its tectonic environment and 

protolith. We show that oceanic-type terranes form under pressures less than ~2.7 GPa 

whereas continental-types form under greater pressures and along slightly higher 

geothermal gradients.  

2. We propose a buoyancy-driven model to explain the separation of the two end-member 

terrane types in P-T space, suggesting channel flow operates at shallow pressures to 

exhume oceanic-type terranes whereas continental-type terranes ascend via diapirism 

following slab dehydration. Balancing buoyancy forces and viscous drag, we determine 

the velocities of channel flow and diapiric ascent to depend on the density difference 

between the buoyant material and mantle wedge, gravitational acceleration, channel 

thickness squared, and inversely on viscosity. Channel flow velocity additionally depends 

on slab dip.  

3. We predict where the transition between exhumation modes occurs along the slab-mantle 

interface by calculating when dehydration occurs. For simplicity, we model dehydration 

to be temperature-dependent rather than vary with composition. Modeling dehydration to 

coincide with heat diffusion reaching 700 °C, we find the timescales of dehydration 

depend on the initial thermal state of the slab, channel thickness, and inversely on heat 

diffusivity. The transition from channel flow to diapirism depends on slab dip and the 

viscosity contrast between the subducted buoyant material and the overlying mantle 

wedge. We predict the dominant mode of exhumation varies along the slab-mantle 
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interface as well as during the closure of an ocean basin according to changes in these 

two parameters. 

4. We model the fate of rising diapirs by determining whether or not they will melt. 

Modelling heat diffusion into rising diapirs, we find those with radii less than 10 km will 

melt during the ascent through the mantle, where they may contribute to arc volcanism or 

be entrained in the mantle flow field. Larger diapirs may partially melt but remain largely 

intact during their ascent, suggesting they may relaminate to the base of the crust and 

potentially exhume to the surface. 

In summary, our model provides a simple, but predictive, framework for understanding 

the transport of chemically buoyant material in subduction zones.  
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CHAPTER 5 

Sulfur concentration in geochemical reference materials by 
solution inductively coupled plasma-mass spectrometry3 

 

ABSTRACT 

 With implications for the origin of ore deposits, redox state of the atmosphere, 

and effects of volcanic outgassing, understanding the sulfur cycle is vital to our 

investigation of earth processes. However, the paucity of sulfur concentration 

measurements in silicate rocks and the lack of well-calibrated standards with 

concentrations relevant to the rocks of interest have hindered such investigations. To aid 

in this endeavor, this study details a new method to determine sulfur concentration via 

high mass resolution solution ICP-MS. The method is based on an aqua regia leach, 

involves relatively rapid sample preparation and analysis, and uses small sample amounts 

                                                 
3 This chapter has been edited, reformatted, and reprinted from Geostandards and Geoanalytical Research 
(full citation below): 
 
Erdman, M.E., Lee, C-T.A., Yang, W., Ingram, L., 2014, Sulfur concentration in geochemical reference 
materials by solution inductively coupled plasma-mass spectrometry. Geostandards and Geoanalytical 
Research, 38(1), 51 – 60.  
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(<50 mg). We utilize two independently prepared gravimetric standard solutions to 

calibrate the analyses, resulting in 4% accuracy, and apply the method to eight 

geochemical reference materials. Measurements are reproducible to within ~10%. Sulfur 

concentrations and isotopes of six reference materials are additionally measured via EA-

combustion-IRMS to independently evaluate accuracy of the ICP-MS method. Reference 

materials that yield reproducible measurements identical to published values from other 

laboratories make good sulfur reference materials (JGb-1, JGb-2, MAG-1). Reference 

materials that vary between studies but are reproducible for a given split perhaps suffer 

from sample heterogeneity and are not recommended as sulfur reference materials. 

 

5.1 Introduction 

Because sulfur exists in several oxidation states, it is an important element in the 

study of redox reactions. With implications for the oxidation state of Earth’s atmosphere 

through geologic time, the origin of ore deposits, and weathering processes, as well as 

biogeochemical and inorganic reactions, the study of S has application to a wide variety 

of disciplines within the earth sciences (e.g. Hedenquist & Lowenstern 1994; Arthur 

2000; Wallace & Edmonds 2011). 

 Such investigations of the S cycle have been limited by the general dearth of S 

concentration measurements in silicate rocks, wherein S abundances are low but high 

enough to be petrologically relevant. In part, this is because few geochemical reference 

materials have been adequately characterized for bulk S content. In addition, the volatile 

nature of S makes it difficult to analyze using conventional bulk rock analytical methods. 

Sulfur can be reliably measured by combustion in conjunction with a gas source mass 
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spectrometer or infrared absorption spectrometer (e.g. Bach & Erzinger 1995; Studley et 

al. 2002). However, these techniques require large sample sizes and appropriate 

standards. Other bulk rock techniques include x-ray fluorescence (XRF), gravimetric 

methods (also known as the “Kiba” method), isotope dilution thermal ionization mass 

spectrometry (ID-TIMS), isotope dilution inductively coupled plasma mass spectrometry 

(ID-ICP-MS), and ion chromatrography.  

Though a common bulk technique in geochemistry, XRF is not routinely used for 

S determination in silicates because of S volatilization during sample fusion as well as 

poor reference values (Leoni et al. 1982; Giles et al. 1995; Hettipathirana et al. 2004). 

The “Kiba” method, first described by Kiba et al. (1955), uses a mixture of tin(II)-

chloride dehydrate and strong phosphoric acid to reduce sulfides and sulfates into H2S 

and SO2 gases; the volume of gas evolved determines the amount of S in the sample. This 

technique is laborious and requires a large amount of sample (Sasaki et al. 1979; Ueda & 

Sakai 1983). Isotope dilution TIMS (Paulsen & Kelly 1984) and ICP-MS (Makishima & 

Nakamura 2001) have also been used, though they require complicated chemistry to 

extract and purify the S. Ion chromatography (IC) requires large sample amounts and has 

high detection limits (e.g. Michel & Villemant 2003). Additional routinely-used bulk 

rock techniques include pyrolysis of S determined by iodometric titration (Gros et al. 

2005) and chromium reduction for recovery of total reduced inorganic sulfur (Canfield et 

al. 1986). A combination of S extraction techniques may be useful when the separate 

evaluation of reduced and oxidized S is desirable (e.g. Labidi et al. 2012).    

So far the best techniques for measuring S contents in silicate materials are micro-

analytical techniques, such as electron microprobe analysis (EMPA) and secondary ion 
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mass spectrometry (SIMS). As in situ techniques, they have been successful because of 

low detection limits and because glass or mineral reference materials have been well-

characterized (Hauri et al. 2002; Ripley et al. 2011).  In situ measurements by laser 

ablation-ICP-MS have also been explored (see Ripley et al. 2011), but issues with 

interferences, memory, and calibration have not yet been fully resolved. In any case, in 

situ techniques cannot be used to measure bulk rock S contents due to heterogeneities on 

the micron-scale.   

 As demonstrated by the poor calibration curves for most bulk-rock 

techniques(Ripley et al. 2011), the community needs well calibrated reference materials 

with appropriate S contents for analysis of silicates. This study presents a new method for 

determining S concentrations via high mass resolution solution ICP-MS and applies this 

method to determine the S concentrations of geochemical reference materials. In 

particular, we develop here two gravimetric standard solutions to serve as absolute 

calibrations of potential reference materials. Sulfur concentration and isotope ratios of 

reference materials are also measured by SO2 combustion in an Elemental Analyzer 

coupled with an isotope ratio mass spectrometer as an independent test. Agreement 

between S concentrations determined by both techniques lends credence to the new ICP-

MS method. The technique offers the ability to rapidly measure S in small sample sizes 

and utilizes simple chemistry. 

 

5.2 Methods 

5.2.1 Gravimetric standard solutions 
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 We purchased two independent lots of anhydrite (CaSO4) powder from Alfa-

Aesar.  Standard F refers to stock number 40144 and lot F21X040 with a reported purity 

of 99%. Standard A refers to stock number 11116 and lot A31X029 with a reported 

purity of 99.993%. These purity levels, however, do not include volatiles. In particular, 

any absorption of water could result in the formation of gypsum (CaSO4-nH2O), and 

failure to account for this would bias the calculation of S concentrations from gravimetry 

of anhydrite. To eliminate this problem, we heated a known weight of anhydrite powder 

at 170 oC for 15 hours in a gravity oven, following similar procedures outlined in Yin et 

al. (2001). Powder aliquots of >10 g were weighed on a Mettler balance sensitive to 0.01 

mg, suggesting weighing uncertainties less than 0.001-0.0001 %. Gypsum breaks down 

to anhydrite at 70 oC at 1 bar (Yamamoto & Kennedy 1969), so all water is driven off at 

these baking temperatures. After the oven was turned off, the anhydrite powder was 

weighed immediately and several hours later in order to assess the rate at which the 

powder re-absorbed water from the ambient Houston, TX atmosphere (Figure 5-1). 

Anhydrite F and A experienced 0.30 and 0.44% drop, respectively, in weight after 

baking, which we interpret to indicate loss of water by dehydration of small amounts of 

gypsum. Monitoring the weight of the baked powders in ambient condition showed a 

gradual increase in weight with time, most likely due to re-absorption of water from the 

ambient atmosphere. However, over the course of 3 hours, the relative weight increase 

was 0.1% and hence small. Nevertheless, the weight of the powder immediately after 

baking was adopted as the correct weight of anhydrite in the powders. Accurately 

weighed powders were then transferred into 2 wt. % HNO3 solution made from Seastar 

double-distilled concentrated HNO3 and Millipore 18.2 ohm water to obtain an 
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approximate S concentration of 800-1000 μg ml-1. The total weight of the solution was 

recorded on a top-loading balance. Anhydrite dissolved completely within one hour.  

These two solutions were used as our stock solutions A and F. From the stock 

solutions, we made a series of gravimetric sequential dilutions down to concentrations of 

~0.01 μg g-1. All dilutions were then spiked with a known amount of indium to serve as 

an internal standard for drift correction on the ICP-MS. After spiking, the total solution 

was weighed again and the final concentration of S in the solution was determined from 

the weight of anhydrite and assumption of perfect stoichiometry. Calibration curves of 

signal intensity versus concentration in solution were linear. The slope for anhydrite A 

dilutions was 5% higher than that of anhydrite F dilutions. Assuming that the 

uncertainties in weighing anhydrite powders are random, we used both anhydrite A and F 

solutions simultaneously to define calibration curves. This gives 4% accuracy to our 

measurements. 

 

Figure 5 - 1: Gravimetric standards. Relative weight change (in %) of anhydrite powders A and F 
following heating to 170 °C for different durations. 



137 
 

 
5.2.2 Dissolution Procedure 

 Sulfur concentration in bulk rocks is difficult to measure because S is volatile 

and/or insoluble in solution in reduced oxidation states. These complications are avoided 

by converting S to the S6+ species in the form of SO4
2-, a non-volatile and water-soluble 

species. Sulfur is thus leached from rock powders using aqua regia (3 parts concentrated, 

e.g., 9 mol l-1, HCl and 1 part concentrated, e. g. 16 mol l-1, HNO3). The reaction of HCl 

and HNO3 creates an oxidizing environment via the reaction: 

2HCl + 2HNO3  Cl2 + 2NO2 +2H2O   (1) 

where N is in the 4+ state on the right side of the equation. Reduced S is oxidized by 

transfer of electrons to reduce N via the following reaction: 

S2- + 8NO3
- + 8H+ SO4

2- + 8NO2 + 4H2O   (2) 

Aqua regia was used instead of HF to avoid the formation of SF6, a highly stable and 

volatile compound. In this technique, about 50 mg of finely ground, well mixed rock 

powder is added to a 3 mL wrench-cap Teflon vial to which 1.5 mL of pure concentrated 

HCl is added, followed by 0.5 mL of pure concentrated HNO3. The exact amount of 

sample powder is determined via weight difference. The caps are then tightened with the 

aid of a cap wrench. We strongly encourage the sequential addition of HCl and then 

HNO3 to the vial and discourage the dangerous and potentially lethal storage of aqua 

regia for future use. The formation of aqua regia rapidly evolves chlorine and nitrogen 

dioxide gases, both of which are dangerous chemicals. Additionally, the potency of aqua 

regia decreases with storage time.  

 Once sealed, the vials are heated overnight in a gravity oven at 125–140 °C. The 

next day, after allowing the vials to cool to room temperature, the vials are opened slowly 
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and carefully using a cap wrench under a fume hood (protective wear is highly 

recommended in case of rupture). The full contents of the vials are transferred to a 

centrifuge tube and diluted up to 10 mL with 2 wt. % HNO3. Contents are centrifuged for 

~15 minutes to separate the undissolved solids from the solution. The supernatant is then 

transferred to an empty 125 mL polypropylene bottle. The cycle of dilution, centrifuging, 

and transfer of solution is repeated three times to ensure complete removal of the leachate 

from the residual rock powder. The contents of the polypropylene bottle are measured via 

weight difference. Before analysis via ICP-MS, a known quantity of indium is added to 

the final solution to serve as an internal standard. A procedural blank was also prepared. 

 

5.2.3 Inductively coupled plasma mass spectrometry 

5.2.3.1 Instrumentation  

 All measurements were conducted on the ThermoFinnigan Element 2 magnetic 

sector ICP-MS at Rice University. The magnetic sector mass analyzer allows operation at 

high mass resolutions necessary to resolve S isotopes from isobaric interferences that 

cannot be resolved by conventional quadrupole ICP-MS. Samples were introduced by 

free aspiration using an Elemental Scientific 100 μL/min Teflon nebulizer attached to a 

25 mL cyclonic spray chamber. Samples were allowed a 1.2 minute uptake time and 3 

minute wash in 2% HNO3.  

 

5.2.3.2 Data acquisition 

 The Element 2 was operated at medium mass resolution (M/ΔM ≈ 3000 at 10% 

intensity) to resolve 32S from 16O16O and 31P1H, 33S from 16O17O, and 34S from 17O17O, 
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16O17O1H, and 16O18O. We also measured 115In as an internal standard and 40Ar40Ar to 

correct for long-term magnet drift. Sulfur and In were measured at a 100% mass window 

and 40Ar40Ar at a 200% mass window. The magnet mass was fixed to 31.972 u for S 

isotope measurements, 79.921 u for 40Ar40Ar, and 114.903 u for In and each scan was 

executed by sweeping the voltage in the electrostatic analyzer (Escan mode). We 

permitted both ion counting and analog mode detection. Small mass offsets due to 

magnetic hysteresis were empirically corrected in the method file. Overall magnetic drift 

during operation was corrected for in real-time by locking onto the 40Ar40Ar dimer. Ten 

slices of 0.01 s each were measured for each peak and a complete measurement consisted 

of 75 passes. Signals for each spectrum were integrated at a 50% mass window; the 

40Ar40Ar integration window was 80%. During data acquisition, sensitivity was ~5∙104 

cps In/ng ml-1 and ~2∙103 cps total S/ng ml-1. 

 

5.2.3.3 Data reduction 

 Geochemical reference materials, gravimetric standard solutions, and procedural 

blanks, all run in the same sequence, were first corrected for drift by normalizing In 

signals to the beginning of the sequence. The procedural blank was then subtracted from 

the sample unknowns. Assuming a linear relationship forced through zero, a calibration 

curve was then generated for each set of gravimetric standard solutions (Figure 5-2) and 

the drift- and blank-corrected signal was converted to solution concentration using the 

calibration curve. The solution concentration was then converted to rock powder 

concentration using the known weight of the dissolved powder and applying appropriate 

dilution correction.  
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5.2.4 Elemental analyzer mass spectrometry 

 Sulfur concentrations and isotope compositions (δ34S) were determined by SO2 

combustion in an Elemental Analyzer coupled with an isotope ratio mass spectrometer 

(EA-combustion-IRMS). The measurement was performed using the GV Isoprime 

isotope ratio mass spectrometer and Eurovector elemental analyser (EuroEA3028-HT) in 

the Laboratory for Environmental and Sedimentary Isotope Geochemistry (LESIG) at the 

University of California at Berkeley. Bulk powder samples (containing >3 μg sulfur) 

were mixed with V2O5 powder (used as a catalyst) and thermochemically decomposed 

with copper wires at 1020 oC to yield SO2 gas for S isotope analyses following these 

reactions:  

 S-compound + O2   SO2 + SO3 at > 950 °C    (3) 

 SO3 + Cu   SO2 + CuO at > 800 oC     (4) 

Small amounts of H2O and CO2 are also produced during these reactions, depending on 

the nature of the sample. H2O is removed by passing through a Mg(ClO4)2 trap and CO2 

is eluded through a dilutor. Several replicates of one International measurement standard 

NBS127 and two lab reference standards were measured along with samples in each 

batch run for data calibration and quality control. Measurement precision (1σ) for these 

standards is better than 0.2 ‰ for δ34S. For natural samples, any measurement precisions 

greater than 0.2 ‰ are due to sample heterogeneity or low S abundance.  All numbers are 

reported with respect to Vienna Canyon Diablo Troilite. 
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Figure 5 - 2: Calibration curves. Calibration curves for 32S determined by gravimetric standard solutions 
(A series, F series, and both) differ by ±4%. The 0.02 μg g-1 standard suffers from unresolved molecular 
interferences, but these values are far below any natural sample of interest. 
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Table 5 - 1: Analytical results via ICP-MS
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5.3 Results 

5.3.1 Background and detection limit for ICP-MS measurements 

 Inductively coupled plasma mass spectrometry offers very low detection limits, 

defined here as 3σ of the background. The instrumental limit of detection in solution is 5, 

36, and 11 ng ml-1 for 32S, 33S and 34S. The detection limits listed in Table 5-1, however, 
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denote the limit of detection for rock samples, which is higher because dissolution of the 

rock results in dilution of the rock concentration. We calculate the detection limit of the 

rock to be 

LODrock = LODsolution * Msolution / Mrock   (5) 

where LOD is the limit of detection (3σ) and M is the weight of the solution or rock 

sample. Thus, the dilution factor determines the detection limit of the rock and always 

results in a greater LODrock than LODsolution. All samples measured in this study report S 

concentration above detection limit except BIR-1 (discussed below). Our rock detection 

limits are ~1-50 μg g-1. 

Analyses are considered resolvable in this study if the drift-corrected sample signal 

differs from the background by 2σ or more. The background/signal ratio, or the blank 

correction, denotes how much of the total signal is attributable to the background level of 

the ICP-MS. Of the geochemical reference materials measured, JGb-1 and MAG-1 have 

negligible (≤ 3%) background/signal ratios, JGb-2 has very low values (3–7%), and 

BHVO-2 and BCR-2 range from 4 to 24%, depending on the dilution factor. Those with 

higher background/signal ratios include BHVO-1, JP-1, and the only resolvable analysis 

of BIR-1 (Analysis 10)—all with less than half of the signal attributable to noise. 

 

5.3.2 Geochemical reference materials 

 Powdered geochemical reference materials analysed in this study include four 

basalts (United States Geological Survey, BCR-2, BHVO-1, BHVO-2, and BIR-1), two 

gabbros (Japanese Geological Survey, JGb-1 and JGb-2), a peridotite (Japanese 

Geological Survey, JP-1), and a marine mud (United States Geological Survey, MAG-1). 
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To assess sample heterogeneity, different sample splits and Lot numbers were measured 

when possible and are denoted in Table 5-1. Values are reproducible to within 18% 

(RSD). Analysis 1 for BHVO-2 and the 32S measurement of analysis 11 for MAG-1 

differ from the mean by more than 2σ and are thus disregarded. For most samples, 

averages calculated for 32S, 33S, and 34S are indistinguishable within uncertainty, but in 

some cases results from 33S are higher. In the hundreds of μg g-1 range, averages 

calculated from 33S may be up to 11% greater than averages calculated for 32S or 34S. The 

low isotopic abundance of 33S renders it more susceptible to blank-subtraction 

uncertainties. We have reported 33S values but, from here on, will only use 32S and 34S 

concentrations.  

 Reference materials with S concentrations greater than 30 μg g-1 were additionally 

measured using the EA-combustion-IRMS method (Table 5-3). Results agree well with 

our solution ICP-MS determinations (Figure 5-3), suggesting that complete oxidation of 

sulfur is achieved via aqua regia digestion, volatile loss is negligible, and matrix effects 

are minimal. 

For comparison, Table 5-2 lists published values of S concentration for the same 

reference materials analysed here but using different techniques. MAG-1, JGb-1, JGb-2 

and JP-1 report S concentrations that are indistinguishable within uncertainty from our 

EA-combustion-IRMS results as well as published reference values (Imai et al. 1999; 

Okai et al. 2001; Kubota 2009). Table 5-4 lists recommended values for geochemical 

reference materials determined by this study. 
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Table 5 - 2: Published sulfur values for reference materials 
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Table 5 - 3: EA-combustion-IRMS results 
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Our measurements of BHVO-1 and BHVO-2 are lower than those previously 

determined but identical to the EA-combustion-IRMS results. The solution ICP-MS 

determinations appear to be reproducible and show good agreement between the three S 

isotopes. The agreement between our ICP-MS and EA-combustion-IRMS results 

suggests that S determinations are accurate for the split and lot numbers we have 

measured. If published S measurements are assumed to be correct, the disagreement with 

previously published values suggests that BHVO-1 and BHVO-2 are heterogeneous with 

regard to S.  

 BCR-2 shows reproducible results that are well above detection limit. Averages 

calculated for 32S and 34S are indistinguishable but are slightly lower than results from the 

EA-combustion-IRMS method. Sulfur concentration determined in this study overlaps 

within uncertainty with that determined by Fehr et al. (2010) but is much greater than 

Michel & Villemant's (2003) values. The disagreement with EA-combustion-IRMS 

results and published S abundances may result from incomplete oxidation of S from rock 

powders using our aqua regia method or from heterogeneity in the powder reference 

materials between different aliquots. We attribute this disagreement to sample 

heterogeneity and not the method employed here because our new method generates S 

contents indistinguishable from EA-combustion-IRMS results and published values for 

nearly all other samples.  
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Figure 5 - 3: Comparison of analytical techniques. Comparison between solution ICP-MS and EA-
combustion-IRMS determinations of a) 32S and b) 34S (in μg g-1). Error bar values are listed in Table 5-1. 
The dashed line marks the 1:1 of equivalence. 

 

BIR-1 has been reported to contain between 47 and 104 μg g-1S (Michel & 

Villemant 2003; Savard et al. 2006), however our analyses never exceed 19 μg g-1. All 

but one analysis reported here are below detection limit. Sulfur concentrations greater 



150 
 

than 50 μg g-1 are resolvable using the method employed here and the reproducibility 

among 10 analyses of concentrations below the LOD suggests the extremely low 

concentrations are real. In any case, because of the low concentrations, BIR-1 should not 

be used as a geochemical reference material. 

Finally, δ34S values are known to range between +20 and -20 ‰ in materials 

ranging from modern seawater to sulfides in organic-rich sediments (Holland 1973). This 

could generate an uncertainty as great as 4 % for S concentrations determined from 

gravimetric standard solutions with unknown δ34S. For the reference materials with 

known δ34S (listed in Table 5-3), the uncertainty of S concentration determined via 

solution ICP-MS is at most 2.6 % (BHVO-2) and is thus not considered here to be a 

serious problem.  

Table 5 - 4: Recommended values from this study 
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5.4 Conclusions 

 The new method to determine S concentration via solution ICP-MS presented 

here produces reproducible measurements using small aliquots of sample (<50 mg). 

Sample preparation and analytical time is rapid and straightforward. Accuracy was 

assessed using two independently prepared gravimetric standard solutions, resulting in 

4% accuracy, as well as comparison with results utilizing the EA-combustion-IRMS 

method. Measurement reproducibility is ~10% for samples with >50 μg g-1 S and is 

mostly limited by uncertainties in procedural blanks, weighing, δ34S variations, and 

intrinsic sample heterogeneity. Reproducible measurements that are identical to EA-

combustion-IRMS values and published values make GSJ JGb-1, JGb-2, and JP-1, and 

USGS marine mud MAG-1 good reference materials for S concentration. Although 

USGS basalt reference materials BHVO-1 and BHVO-2 concentrations are reproducible 

for a given split or lot number using both methods employed here, our results differ from 

other studies. BCR-2 gives reproducible S concentrations for each method, but differs by 

~35 μg g-1 between methods. Our study also gives significantly lower S concentrations 

(<50 μg g-1) than published measurements (50–100 μg g-1) for USGS basalt BIR-1. These 

differences in the USGS basalt geochemical reference materials may be due to sample 

heterogeneity between splits. 

  



152 
 

References	
 
Ague, J.J. & Brimhall, G.H., 1988. Regional variations in bulk chemistry, mineralogy, 

and the compositions of mafic and accessory minerals in the batholiths of California. 
Geological Society of America Bulletin, 100, pp.891–911. 

Alonso-Perez, R., Müntener, O. & Ulmer, P., 2008. Igneous garnet and amphibole 
fractionation in the roots of island arcs: experimental constraints on andesitic 
liquids. Contributions to Mineralogy and Petrology, 157(4), pp.541–558. 

Anczkiewicz, R. et al., 2004. Franciscan subduction off to a slow start: evidence from 
high-precision Lu–Hf garnet ages on high grade-blocks. Earth and Planetary 
Science Letters, 225(1-2), pp.147–161. 

Arculus, R.J. et al., 1988. Trace element and isotopic characteristics of eclogites and 
other xenoliths derived from the lower continental crust of southeastern Australia 
and southwestern Colorado Plateau, USA. In D. Smith, ed. Eclogites and eclogite-
facies rocks. Amsterdam: Elsevier, pp. 335–386. 

Arculus, R.J. & Smith, D., 1979. Eclogite, pyroxenite and amphibolite inclusions in the 
Sullivan Buttes latite, Chino Valley, Yavapai County, Arizona. In H. O. A. Boyd, 
F.R. and Meyer, ed. The Mantle Sample: Inclusions in Kimberlites and Other 
Volcanics. Procedings of the Second International Kimberlite Conference: American 
Geophysical Union, pp. 309–317. 

Arndt, N.T. & Goldstein, S.L., 1989. An open boundary between lower continental crust 
and mantle: its role in crust formation and crustal recycling. Tectonophysics, 161(3-
4), pp.201–212. 

Arthur, M.A., 2000. Volcanic contributions to the carbon and sulfur geochemical cycles 
and global change. Encyclopedia of volcanoes, pp.1045–1056. 

Bach, W. & Erzinger, J., 1995. 3 . Volatile components in basalts and basaltic glasses 
from the EPT at 9°30’N. In R. Batiza, M. A. Storms, & J. F. Allan, eds. Proceedings 
of the Ocean Drilling Program, Scientific Results. pp. 23–29. 

Bakun-Czubarow, N., 1991. On the possibility of occurrence of quartz pseudomorphs 
after coesite in the eclogite-granulite rock series of the Zlote Mountains in the 
Sudetes (SW Poland). Archiwum Mineralogiczne, 47, pp.5–16. 

Bakun-Czubarow, N., 1992. Quartz pseudomorphs after coesite and quartz exsolution in 
eclogitic omphacites of the Zlote Mountains in the Sudetes (SW Poland). Archiwum 
Mineralogiczne, 48, pp.3–25. 

Baldwin, J.A., Bowring, S.A. & Williams, M.L., 2003. Petrological and geochronological 
constraints on high pressure, high temperature metamorphism in the Snowbird 
tectonic zone, Canada. Journal of Metamorphic Geology, 21(1), pp.81–98. 

Baldwin, S.L., Webb, L.E. & Monteleone, B.D., 2008. Late Miocene coesite-eclogite 
exhumed in the Woodlark Rift. Geology, 36(9), p.735. 

Ballevre, M., Pitra, P. & Bohn, M., 2003. Lawsonite growth in the epidote blueschists 
from the Ile de Groix (Armorican Massif, France): a potential geobarometer. 
Journal of Metamorphic Geology, 21(7), pp.723–735. 

Bally, A.W., 1981. Thoughts on the tectonics of folded belts. In Thrust and Nappe 
Tectonics. Geological Society, London, Special Publications, pp. 13–32. 

Barbarin, B. et al., 1989. Mafic inclusions, aggregates and dikes in granitoid rocks, 
central Sierra Nevada batholith, California--Analytic data. In U.S. Geological 



153 
 

Survey Bulletin 1899. p. 28. 
Bateman, P.C., 1989. Bass Lake quadrangle, west-central Sierra Nevada, California--

Analytic data. In U.S. Geological Survey Bulletin 1809-B. p. 20. 
Bateman, P.C., Chappell, B.W., et al., 1988. Tuolumne Meadows quadrangle, California-

-Analytic data. In U.S. Geological Survey Bulletin 1819-B. p. 33. 
Bateman, P.C., Krauskopf, K.B. & Sheridan, M.F., 1988. Cowtrack Mountain and Glass 

Mountain quadrangles, California and Nevada--analytic data. In U.S. Geological 
Survey Bulletin 1783. p. 19. 

Bateman, P.C. & Nokleberg, W.J., 1978. Solidification of the Mount Givens 
Granodiorite, Sierra Nevada, California. Journal of Geology, 86, pp.59–75. 

Beaumont, C. et al., 2009. Crustal structure: A key constraint on the mechanism of ultra-
high-pressure rock exhumation. Earth and Planetary Science Letters, 287(1-2), 
pp.116–129. 

Behn, M.D. et al., 2011. Diapirs as the source of the sediment signature in arc lavas. 
Nature Geoscience, 4(9), pp.641–646. 

Bills, B.G., Currey, D.R. & Marshall, G.A., 1993. Viscosity estimates for the crust and 
upper mantle from patterns of lacustrine shoreline deformation in the Eastern Great 
Basin. Journal of Geophysical Research, 99, pp.22,059–22,086. 

Bird, P., 1979. Continental delamination and the Colorado Plateau. Journal of 
Geophysical Research, 84(B13), pp.7561–7571. 

Blatter, D.L., Sisson, T.W. & Hankins, W. Ben, 2013. Crystallization of oxidized, 
moderately hydrous arc basalt at mid- to lower-crustal pressures: implications for 
andesite genesis. Contributions to Mineralogy and Petrology, 166(3), pp.861–886. 

Bosse, V. et al., 2005. Rb–Sr and 40Ar/39Ar ages in blueschists from the Ile de Groix 
(Armorican Massif, France): Implications for closure mechanisms in isotopic 
systems. Chemical Geology, 220(1-2), pp.21–45. 

Bostick, B.C. et al., 2003. Low-temperature microdiamond aggregates in the Maksyutov 
Metamorphic Complex , South Ural Mountains , Russia. American Mineralogist, 88, 
pp.1709–1717. 

Brady, J.B., 1995. Diffusion Data for Silicate Minerals , Glasses , and Liquids. Mineral 
Physics and Crystallography, pp.269–290. 

Brey, G.P. & Köhler, T., 1990. Geothermobarometry in four-phase lherzolites II. New 
thermobarometers, and practical assessment of existing thermobarometers. Journal 
of Petrology, 31(c), pp.1353–1378. 

Bromiley, G.D. & Pawley, A.R., 2003. The stability of antigotite in the systems MgO-
SiO2-H2O (MSH) and MgO-Al2O3-SiO2-H2O (MASH): The effects of Al3+ 
substitution on high-pressure stability. American Mineralogist, 88, pp.99–108. 

Brown, M., 2007. Metamorphic Conditions in Orogenic Belts: A Record of Secular 
Change. International Geology Review, 49(3), pp.193–234. 

Burov, E. et al., 2001. A thermomechanical model of exhumation of high pressure (HP) 
and ultra-high pressure (UHP) metamorphic rocks in Alpine-type collision belts. 
Tectonophysics, 342(1-2), pp.113–136. 

Caby, R., 1994. Precambrian coesite from northern Mali: first record and implications for 
plate tectonics in the trans-Saharan segment of the Pan-African belt. European 
Journal of Mineralogy, 6(2), pp.235–244. 

Canfield, D.E. et al., 1986. The use of chromium reduction in the analysis of reduced 



154 
 

inorganic sulfur in sediments and shales. Chemical Geology, 54(1-2), pp.149–155. 
Carlson, R.L., 2001. Chapter 13: Rock and Earth’s Crust. In R. R. S. M. Levy, H.E. Bass, 

ed. Handbook of Elastic Properties of Solids, Liquids, and Gases. Academic Press, 
pp. 377–461. 

Caron, J.-M. & Péquignot, G., 1986. The transition between blueschist and lawsonite-
bearing eclogites based on observations from Corsican metabasalts. Lithos, 19, 
pp.205–218. 

Cassel, E.J. et al., 2014. Profile of a paleo-orogen: High topography across the present-
day Basin and Range from 40 to 23 Ma. Geology, 42(11), pp.1007–1010. 

Cawthorn, R.G. & O’Hara, M.J., 1976. Amphibole fractionation in calc-alkaline magma 
genesis. American Journal of Science, 276(3), pp.309–329. 

Chapman, J.B. et al., 2015. Tracking changes in crustal thickness during orogenic 
evolution with Sr / Y : An example from the North American Cordillera. Geology, 
43(10), pp.919–922. 

Chemenda, A.I. et al., 1995. A mechanism for syn-collisional rock exhumation and 
associated normal faulting: Results from physical modelling. Earth and Planetary 
Science Letters, 132(1-4), pp.225–232. 

Chiaradia, M., 2015. Crustal thickness control on Sr/Y signatures of recent arc magmas: 
an Earth scale perspective. Scientific reports, 5, p.8115. 

Chin, E.J. et al., 2012. Deep Lithospheric Thickening and Refertilization beneath 
Continental Arcs: Case Study of the P, T and Compositional Evolution of Peridotite 
Xenoliths from the Sierra Nevada, California. Journal of Petrology, 53(3), pp.477–
511. 

Chopin, C., 1984. Coesite and pure pyrope in high-grade blueschists of the Western Alps: 
a first record and some consequences. Contributions to Mineralogy and Petrology, 
86(2), pp.107–118. 

Christensen, N.I. & Mooney, W.D., 1995. Seismic velocity structure and composition of 
the continental crust: A global view. Journal of Geophysical Research, 100(B6), 
pp.9761–9788. 

Clarke, G.L., Aitchison, J.C. & Cluzel, D., 1997. Eclogites and Blueschists of the Pam 
Peninsula, NE New Caledonia: a Reappraisal. Journal of Petrology, 38(7), pp.843–
876. 

Clarke, G.L., Daczko, N.R. & Miescher, D., 2013. Identifying relic igneous garnet and 
clinopyroxene in eclogite and granulite, Breaksea orthogneiss, New Zealand. 
Journal of Petrology, 54(9), pp.1921–1938. 

Clift, P.D. & Vannucchi, P., 2004. Controls on tectonic accretion versus erosion in 
subduction zones: Implications for the origin and recycling of the continental crust. 
Reviews of Geophysics, 42, p.RG2001. 

Cloos, M., 1982. Flow melanges: Numerical modeling and geologic constraints on their 
origin in the Franciscan subduction complex, California. Geological Society of 
America Bulletin, 93(4), pp.330–345. 

Coleman, R.G. et al., 1965. Eclogites and eclogites: their differences and similarities. 
Geological Society of America Bulletin, 76(5), pp.483–508. 

Coleman, R.G. & Lee, D.E., 1963. Glaucophane-bearing metamorphic rock types of the 
cazadero area, California. Journal of Petrology, 4(2), pp.260–301. 

Conrad, C.P. & Molnar, P., 1997. The growth of Rayleigh-Taylor-type instabilities in the 



155 
 

lithosphere for various rheological and density structures. Geophysical Journal 
International, 129, pp.95–112. 

Corfu, F., Krogh-Ravna, E.J. & Kullerud, K., 2003. A Late Ordovician U-Pb age for the 
Tromsø Nappe eclogites, Uppermost Allochthon of the Scandinavian Caledonides. 
Contributions to Mineralogy and Petrology, 145(4), pp.502–513. 

Crow, R. et al., 2010. Shrinking of the Colorado Plateau via lithospheric mantle erosion: 
Evidence from Nd and Sr isotopes and geochronology of Neogene basalts. Geology, 
39(1), pp.27–30. 

Crow, R. et al., 2014. Steady incision of Grand Canyon at the million year timeframe: A 
case for mantle-driven differential uplift. Earth and Planetary Science Letters, 397, 
pp.159–173. 

Currie, C.A. et al., 2015. Geodynamic models of Cordilleran orogens: Gravitational 
instability of magmatic arc roots. Geological Society of America Memoirs , 212 (01), 
pp.1–22. 

Currie, C.A., Beaumont, C. & Huismans, R.S., 2007. The fate of subducted sediments: A 
case for backarc intrusion and underplating. Geology, 35(12), p.1111. 

Cuthbert, S.J. et al., 2000. Eclogites and eclogites in the Western Gneiss Region, 
Norwegian Caledonides. Lithos, 52(1-4), pp.165–195. 

DeBari, S.M. & Greene, A.R., 2011. Vertical Stratification of Composition, Density, and 
Inferred Magmatic Processes in Exposed Arc Crustal Sections. In Frontiers in Earth 
Sciences. Frontiers in Earth Sciences. Berlin, Heidelberg: Springer Berlin 
Heidelberg, pp. 121–144. 

DeCelles, P.G., 2004. Late Jurassic to Eocene evolution of the Cordilleran thrust belt and 
foreland basin system, western U.S.A. American Journal of Science, 304, pp.105–
168. 

Dhuime, B. et al., 2009. Geochemical architecture of the lower- to middle-crustal section 
of a Paleo-island arc (Kohistan Complex, Jijal-Kamila area, Northern Pakistan): 
Implications for the evolution of an oceanic subduction zone. Journal of Petrology, 
50(0), pp.531–569. 

Dhuime, B. et al., 2007. Multistage evolution of the Jijal ultramafic-mafic complex 
(Kohistan, N Pakistan): Implications for building the roots of island arcs. Earth and 
Planetary Science Letters, 261, pp.179–200. 

Dickinson, W.R., 1989. Tectonic setting of Arizona through geologic time. In J. P. 
Jenney & S. J. Reynolds, eds. Geologic evolution of Arizona. Tuscon: Arizona 
Geological Society Digest 17, pp. 1–16. 

Dodge, F.C.W. & Calk, L.C., 1986. Lake Eleanor quadrangle, central Sierra Nevada, 
California--analytical data. In U.S. Geological Survey Bulletin 1585. p. 20. 

Ducea, M.N., 2002. Constraints on the bulk composition and root foundering rates of 
continental arcs: A California arc perspective. Journal of Geophysical Research, 
107(B11), pp.1–13. 

Ducea, M.N. et al., 2009. Tectonic underplating of trench sediments beneath magmatic 
arcs: the central California example. International Geology Review, 51, pp.1–26. 

Ducea, M.N. & Saleeby, J.B., 1996. Buoyancy sources for a large, unrooted mountain 
range, the Sierra Nevada, California: Evidence from xenolith thermobarometry. 
Journal of Geophysical Research, 101(B4), pp.8229–8244. 

Ducea, M.N. & Saleeby, J.B., 1998. The age and origin of a thick mafic-ultramafic keel 



156 
 

from beneath the Sierra Nevada batholith. Contributions to Mineralogy and 
Petrology, 133(1-2), pp.169–185. 

Ducea, M.N., Saleeby, J.B. & Bergantz, G., 2015. The Architecture, Chemistry, and 
Evolution of Continental Magmatic Arcs. Annual Review of Earth and Planetary 
Sciences, 43, pp.299–331. 

Dueker, K.G. & Sheehan, A.F., 1997. Mantle discontinuity structure from midpoint 
stacks of converted P to S waves across the Yellowstone hotspot track. Journal of 
Geophysical Research, 102(B4), pp.8313–8327. 

Elkins-Tanton, L.T., 2007. Continental magmatism, volatile recycling, and a 
heterogeneous mantle caused by lithospheric gravitational instabilities. Journal of 
Geophysical Research: Solid Earth, 112(3), pp.1–13. 

Ellis, D.J. & Green, D.H., 1979. An experimental study of the effect of Ca upon garnet-
clinopyroxene Fe-Mg exchange equilibria. Contributions to Mineralogy and 
Petrology, 71(1), pp.13–22. 

Erdman, M.E. et al., 2016. Role of arc magmatism and lower crustal foundering in 
controlling elevation history of the Nevadaplano and Colorado Plateau: A case study 
of pyroxenitic lower crust from central Arizona, USA. Earth and Planetary Science 
Letters, 439, pp.48–57. 

Ernst, W.G., 2005. Alpine and Pacific styles of Phanerozoic mountain building: 
subduction-zone petrogenesis of continental crust. Terra Nova, 17(2), pp.165–188. 

Ernst, W.G., 1993. Metamorphism of Franciscan tectonostratigraphic assemblage, 
Pacheco Pass area, east-central Diablo Range, California Coast Ranges. Geological 
Society of America Bulletin, 105(5), pp.618–636. 

Ernst, W.G., 1975. Systematics of large-scale tectonics and age progressions in Alpine 
and Circum-Pacific blueschist belts. Tectonophysics, 26(3-4), pp.229–246. 

Ernst, W.G., Maruyama, S. & Wallis, S., 1997. Buoyancy-driven, rapid exhumation of 
ultrahigh-pressure metamorphosed continental crust. Proceedings of the National 
Academy of Sciences of the United States of America, 94(18), pp.9532–9537. 

Esperança, S. et al., 1997. Dating crust-mantle separation: Re-Os isotopic study of mafic 
xenoliths from central Arizona. Geology, 25(7), p.651. 

Esperança, S., Carlson, R.W. & Shirey, S.B., 1988. Lower crustal evolution under central 
Arizona: Sr, Nd and Pb isotopic and geochemical evidence from the mafic xenoliths 
of Camp Creek. Earth and Planetary Science Letters, 90(1), pp.26–40. 

Esperança, S. & Holloway, J.R., 1984. Lower crustal nodules from the Camp Creek 
latite, Carefree, Arizona. In Kimberlites II: The Mantle and Crust-Mantle 
Relationships. pp. 219–227. 

Fehr, M.A. et al., 2010. Iron enrichments and Fe isotopic compositions of surface 
sediments from the Gotland Deep, Baltic Sea. Chemical Geology, 277(3-4), pp.310–
322. 

Fitzherbert, J.A., 2003. Lawsonite-Omphacite-Bearing Metabasites of the Pam Peninsula, 
NE New Caledonia: Evidence for Disrupted Blueschist- to Eclogite-Facies 
Conditions. Journal of Petrology, 44(10), pp.1805–1831. 

Flowers, R. & Farley, K., 2012. Apatite 4He/3He and (U-Th)/He evidence for an ancient 
Grand Canyon. Science (New York, N.Y.), 338(December), pp.1616–1619. 

Flowers, R.M., 2010. The enigmatic rise of the Colorado Plateau. Geology, 38(7), 
pp.671–672. 



157 
 

Fotoohi Rad, G.R. et al., 2005. Eclogites and blueschists of the Sistan Suture Zone, 
eastern Iran: A comparison of P–T histories from a subduction mélange. Lithos, 
84(1-2), pp.1–24. 

Frost, B.R., Chamberlain, K.R. & Schumacher, J.C., 2000. Sphene (titanite): phase 
relations and role as a geochronometer. Chemical Geology, 172(1-2), pp.131–148. 

Garrido, C.J. et al., 2006. Petrogenesis of mafic garnet granulite in the lower crust of the 
Kohistan paleo-arc complex (Northern Pakistan): Implications for intra-crustal 
differentiation of Island arcs and generation of continental crust. Journal of 
Petrology, 47(10), pp.1873–1914. 

Gerya, T. V. et al., 2006. Seismic implications of mantle wedge plumes. Physics of the 
Earth and Planetary Interiors, 156(1-2), pp.59–74. 

Gerya, T. V. & Meilick, F.I., 2011. Geodynamic regimes of subduction under an active 
margin: effects of rheological weakening by fluids and melts. Journal of 
Metamorphic Geology, 29(1), pp.7–31. 

Gerya, T. V., Stöckhert, B. & Perchuk, A.L., 2002. Exhumation of high-pressure 
metamorphic rocks in a subduction channel: A numerical simulation. Tectonics, 
21(6), pp.6–1–6–19. 

Gerya, T. V. & Yuen, D.A., 2003. Rayleigh–Taylor instabilities from hydration and 
melting propel “cold plumes” at subduction zones. Earth and Planetary Science 
Letters, 212(1-2), pp.47–62. 

Ghent, E.D., Stout, M.Z. & Erdmer, P., 1993. Pressure-temperature evolution of 
lawsonite-bearing eclogites, Pinchi Lake, British Columbia. Journal of Metamorphic 
Geology, 11, pp.279–290. 

Giles, H.L., Hurley, P.W. & Webster, H.W.M., 1995. Simple approach to the analysis of 
oxides, silicates and carbonates using x- ray fluorescence spectrometry. X-Ray 
Spectrometry , 24, pp.205–218. 

Gilotti, J.A. & Krogh-Ravna, E.J., 2002. First evidence for ultrahigh-pressure 
metamorphism in the North-East Greenland Caledonides. Geology, 30, pp.551–554. 

Girardi, J.D. et al., 2012. Elemental and isotopic evidence for granitoid genesis from 
deep-seated sources in the Coast Mountains Batholith, British Columbia. Journal of 
Petrology, 53(7), pp.1505–1536. 

Glazner, A.F., Coleman, D.S. & Bartley, J.M., 2008. The tenuous connection between 
high-silica rhyolites and granodiorite plutons. Geology, 36(2), p.183. 

Green, T.H. & Hellman, P.L., 1982. Fe-Mg partitioning between coexisting garnet and 
phengite at high pressure, and comments on a garnet-phengite geothermometer. 
Lithos, 15, pp.253–266. 

Greene, A.R. et al., 2006. A Detailed Geochemical Study of Island Arc Crust: the 
Talkeetna Arc Section, South-Central Alaska. Journal of Petrology, 47(6), pp.1051–
1093. 

Groppo, C. & Castelli, D., 2010. Prograde P-T evolution of a lawsonite eclogite from the 
Monviso meta-ophiolite (Western Alps): Dehydration and redox reactions during 
subduction of oceanic FeTi-oxide gabbro. Journal of Petrology, 51(12), pp.2489–
2514. 

Gros, M., Lorand, J.-P. & Bezos, A., 2005. Determination of Total Sulfur Contents in the 
International Rock Reference Material SY-2 and Other Mafic and Ultramafic Rocks 
Using an Improved Scheme of Combustion/Iodometric Titration. Geostandards and 



158 
 

Geoanalytical Research, 29(1), pp.123–130. 
Grove, T.L. et al., 2003. Fractional crystallization and mantle-melting controls on calc-

alkaline differentiation trends. Contributions to Mineralogy and Petrology, 145(5), 
pp.515–533. 

Guiraud, M., Holland, T.J.B. & Powell, R., 1990. Calculated mineral equilibria in the 
greenschist-blueschist-eclogite facies in Na2O-FeO-MgO-Al2O3-SiO2-H2O. 
Contributions to Mineralogy and Petrology, 104, pp.85–98. 

Hacker, B.R., 2006. Pressures and temperatures of ultrahigh-pressure metamorphism: 
implications for UHP tectonics and H2O in subducting slabs. International Geology 
Review, 48, pp.1053–1066. 

Hacker, B.R. & Abers, G. a., 2004. Subduction Factory 3: An Excel worksheet and macro 
for calculating the densities, seismic wave speeds, and H 2 O contents of minerals 
and rocks at pressure and temperature. Geochemistry, Geophysics, Geosystems, 5(1). 

Hacker, B.R., Abers, G.A. & Peacock, S.M., 2003. Subduction factory 1. Theoretical 
mineralogy, densities, seismic wave speeds, and H 2 O contents. Journal of 
Geophysical Research, 108(B1), pp.1–26. 

Hacker, B.R., Gerya, T. V. & Gilotti, J.A., 2013. Formation and Exhumation of 
Ultrahigh-Pressure Terranes. Elements, 9(4), pp.289–293. 

Hacker, B.R., Kelemen, P.B. & Behn, M.D., 2011. Differentiation of the continental crust 
by relamination. Earth and Planetary Science Letters, 307(3-4), pp.501–516. 

Hall, P.S. & Kincaid, C., 2001. Diapiric flow at subduction zones: a recipe for rapid 
transport. Science, 292(5526), pp.2472–5. 

Harley, S.L., 1984. An experimental study of the partitioning of Fe and Mg between 
garnet and orthopyroxene. Contributions to Mineralogy and Petrology, 86(4), 
pp.359–373. 

Harley, S.L. & Green, D.H., 1982. Garnet–orthopyroxene barometry for granulites and 
peridotites. Nature, 300(5894), pp.697–701. 

Harlow, G.E. et al., 2004. Two high-pressure–low-temperature serpentinite-matrix 
mélange belts, Motagua fault zone, Guatemala: A record of Aptian and 
Maastrichtian collisions. Geology, 32(1), p.17. 

Hauri, E.H. et al., 2002. SIMS analysis of volatiles in silicate glasses: 1. Calibration, 
matrix effects and comparisons with FTIR. Chemical Geology, 183, pp.99–114. 

Hedenquist, J.W. & Lowenstern, J.B., 1994. The role of magmas in the formation of 
hydrothermal ore deposits. Nature, 370, pp.519–527. 

Henry, C.D. et al., 2012. Eocene-Early Miocene paleotopography of the Sierra Nevada-
Great Basin-Nevadaplano based on widespread ash-flow tuffs and paleovalleys. 
Geosphere, 8(1), pp.1–27. 

Hermann, J., 2003. Experimental evidence for diamond-facies metamorphism in the 
Dora-Maira massif. Lithos, 70(3-4), pp.163–182. 

Hettipathirana, T.D., Grey, N.A. & Naidu, R., 2004. Analysis of silicates using 
wavelength-dispersive x-ray fluorescence spectrometry for major elements: effects 
of loss elimination and catch-weights. X-Ray Spectrometry, 33(2), pp.117–123. 

Heuret, A. et al., 2012. Relation between subduction megathrust earthquakes, trench 
sediment thickness and upper plate strain. Geophysical Research Letters, 39, 
p.L05304. 

Hill, E.J., Baldwin, S.L. & Lister, G.S., 1995. Magmatism as an essential driving force 



159 
 

for formation of active metamorphic core complexes in eastern Papua New Guinea. 
Journal of Geophysical Research, 100(B6), p.10441. 

Hirajima, T. et al., 1988. Phase petrology of eclogites and related rocks from the 
Motalafjella high-pressure metamorphic complex in Spitsbergen (Arctic Ocean) and 
its significance. Lithos, 22(2), pp.75–97. 

Hirschmann, M.M. & Stolper, E.M., 1996. A possible role for garnet pyroxenite in the 
origin of the “garnet signature” in MORB. Contributions to Mineralogy and 
Petrology, 124(2), pp.185–208. 

Hirth, G. & Kohlstedt, D.L., 2003. Rheology of the upper mantle and the mantle wedge: 
A view from the experimentalists. In J. Eiler, ed. Inside the Subduction Factory. 
Washington, D.C.: Geophysical Monograph American Geophysical Union, pp. 83–
105. 

Hirth, G. & Kohlstedt, D.L., 1996. Water in the oceanic upper mantle: Implications for 
rheology, melt extraction and the evolution of the lithosphere. Earth and Planetary 
Science Letters, 144, pp.93–108. 

Hofmann, A.W., 1988. Chemical differentiation of the Earth: the relationship between 
mantle, continental crust, and oceanic crust. Earth and Planetary Science Letters, 
90(3), pp.297–314. 

Holland, H.D., 1973. Systematics of the isotopic composition of sulfur in the oceans 
during the Phanerozoic and its implications for atmospheric oxygen. Geochimica et 
Cosmochimica Acta, 37(1), pp.2605–2616. 

Holland, T.J.B., 1979. Experimental determination of the reaction paragonite= jadeite+ 
kyanite+ H2O, and internally consistent thermodynamic data for part of the system 
Na2O− Al2O3−. Contributions to Mineralogy and Petrology, 301, pp.293–301. 

Holland, T.J.B., 1980. The reaction albite= jadeite+ quartz determined experimentally in 
the range 600-1200 degrees C. American Mineralogist, 65, pp.129–134. 

Horodyskyj, U., Lee, C.-T.A. & Luffi, P., 2009. Geochemical evidence for exhumation of 
eclogite via serpentinite channels in ocean-continent subduction zones. Geosphere, 
5(5), pp.426–438. 

Horton, T.W. & Chamberlain, C.P., 2006. Stable isotopic evidence for Neogene surface 
downdrop in the central Basin and Range Province. Bulletin of the Geological 
Society of America, 118(3/4), pp.475–490. 

Hoschek, G., 2001. Thermobarometry of metasediments and metabasites from the 
Eclogite zone of the Hohe Tauern, Eastern Alps, Austria. Lithos, 59(3), pp.127–150. 

Huang, W.L. & Wyllie, P.J., 1973. Melting relations of muscovite-granite to 35 kbar as a 
model for fusion of metamorphosed subducted oceanic sediments. Contributions to 
Mineralogy and Petrology, 42, pp.1–14. 

Humphreys, E., 1995. Post-Laramide removal of the Farallon slab, western United States. 
Geology, 23, pp.987–990. 

Huntington, K.W., Wernicke, B.P. & Eiler, J.M., 2010. Influence of climate change and 
uplift on Colorado Plateau paleotemperatures from carbonate clumped isotope 
thermometry. Tectonics, 29(3), pp.1–19. 

Imai, N. et al., 1999. 1998 Compilation of Analytical Data for Five GSJ Geochemical 
Reference Samples: The “Instrumental Analysis Series.” Geostandards Newsletter, 
23(2), pp.223–250. 

Indares, A.D., 2003. Metamorphic textures and P-T evolution of high-P granulites from 



160 
 

the Lelukuau terrane, NE Grenville Province. Journal of Metamorphic Geology, 
21(1), pp.35–48. 

Jagoutz, O. et al., 2006. Lower continental crust formation through focused flow in km-
scale melt conduits: The zoned ultramafic bodies of the Chilas Complex in the 
Kohistan island arc (NW Pakistan). Earth and Planetary Science Letters, 242, 
pp.320–342. 

Jagoutz, O. et al., 2007. Petrology and mineral chemistry of lower crustal intrusions: The 
Chilas complex, Kohistan (NW Pakistan). Journal of Petrology, 48(10), pp.1895–
1953. 

Jagoutz, O. et al., 2013. TTG-type plutonic rocks formed in a modern arc batholith by 
hydrous fractionation in the lower arc crust. Contributions to Mineralogy and 
Petrology, 166(4), pp.1099–1118. 

Jagoutz, O. & Kelemen, P.B., 2015. Role of Arc Processes in the Formation of 
Continental Crust. Annual Review of Earth and Planetary Sciences, 43(1), pp.363–
404. 

Jagoutz, O.E., 2010. Construction of the granitoid crust of an island arc. Part II: A 
quantitative petrogenetic model. Contributions to Mineralogy and Petrology, 160, 
pp.359–381. 

Jahn, B., Caby, R. & Monie, P., 2001. The oldest UHP eclogites of the World: age of 
UHP metamorphism, nature of protoliths and tectonic implications. Chemical 
Geology, 178(1-4), pp.143–158. 

Janák, M. et al., 2004. First evidence for ultrahigh-pressure metamorphism of eclogites in 
Pohorje, Slovenia: Tracing deep continental subduction in the Eastern Alps. 
Tectonics, 23(5), p.n/a–n/a. 

Jiang, H. et al., 2015. Geochemistry and thermodynamics of an earthquake: A case study 
of pseudotachylites within mylonitic granitoid. Earth and Planetary Science Letters, 
430, pp.235–248. 

Johnson, C.M., 1990. Comment on “Lower crustal evolution under central Arizona: Sr, 
Nd and Pb isotopic and geochemical evidence from the mafic xenoliths of Camp 
Creek” by S. Esperanca, R.W. Carlson and S.B. Shirey. Earth and Planetary 
Science Letters, 99, pp.400–405. 

Johnston, A.D. & Wyllie, P.J., 1989. The System Tonalite-Periodotite-H2o at 30 Kbar, 
with Applications to Hybridization in Subduction Zone Magmatism. Contributions 
to Mineralogy and Petrology, 102(3), pp.257–264. 

Jull, M. & Kelemen, P.B., 2001. On the conditions for lower crustal convective 
instability. Journal of Geophysical Research, 106(B4), pp.6423–6446. 

Karlstrom, K.E. et al., 2014. Formation of the Grand Canyon 5 to 6 million years ago 
through integration of older palaeocanyons. Nature Geoscience, 7(3), pp.239–244. 

Kay, R.W. & Kay, S.M., 1988. Crustal recycling and the Aleutian arc. Geochimica et 
Cosmochimica Acta, 52(6), pp.1351–1359. 

Kay, R.W. & Kay, S.M., 1993. Delamination and delamination magmatism. 
Tectonophysics, 219(1-3), pp.177–189. 

Kelemen, P.B., 1995. Genesis of high Mg# andesites and the continental crust. 
Contributions to Mineralogy and Petrology, 120(1), pp.1–19. 

Kelemen, P.B., Hanghoj, K. & Greene, A.R., 2003. One view of the geochemistry of 
subduction-related magmatic arcs, with an emphasis on primitive andesite and lower 



161 
 

crust. Treatise on Geochemistry, 3, pp.593–659. 
Kiba, T. et al., 1955. Tin (II)-Strong Phosphoric Acid. A New Reagent for the 

Determination of Sulfate by Reduction to Hydrogen Sulfide. Bulletin of the 
Chemical Society of Japan, 28(9), pp.641–644. 

Krieger, M.H., Creasey, S.C. & Marvin, R.F., 1971. Ages of some Tertiary andesitic and 
latitic volcanic rocks in the Prescott-Jerome area, north-central Arizona. US 
Geological Survey Professional Paper 750-B, pp.B157–B160. 

Krogh, E.J., 1988. The garnet-clinopyroxene Fe-Mg geothermometer--A reinterpretation 
of existing experimental data. Contributions to Mineralogy and Petrology, 99(1), 
pp.44–48. 

Krogh-Ravna, E.J., 2000. The garnet-clinopyroxene Fe2+-Mg geothermometer: an 
updated calibration. Journal of Metamorphic Geology, 18(2), pp.211–219. 

Krogh-Ravna, E.J., Oh, C.W. & Liou, J.G., 1994. Polyphase and anticlockwise P-T 
evolution for Franciscan eclogites and blueschists from Jenner, California, USA. 
Journal of Metamorphic Geology, 12, pp.121–134. 

Krogh-Ravna, E.J. & Terry, M.P., 2004. Geothermobarometry of UHP and HP eclogites 
and schists - an evaluation of equilibria among garnet-clinopyroxene-kyanite-
phengite-coesite/quartz. Journal of Metamorphic Geology, 22(6), pp.579–592. 

Kubota, R., 2009. Simultaneous Determination of Total Carbon, Nitrogen, Hydrogen and 
Sulfur in Twenty-seven Geological Reference Materials by Elemental Analyser. 
Geostandards and Geoanalytical Research, 33(2), pp.271–283. 

Kylander-Clark, A.R.C., Hacker, B.R. & Mattinson, C.G., 2012. Size and exhumation 
rate of ultrahigh-pressure terranes linked to orogenic stage. Earth and Planetary 
Science Letters, 321-322, pp.115–120. 

Kylander-Clark, A.R.C., Hacker, B.R. & Mattinson, J.M., 2008. Slow exhumation of 
UHP terranes: Titanite and rutile ages of the Western Gneiss Region, Norway. Earth 
and Planetary Science Letters, 272(3-4), pp.531–540. 

Labidi, J. et al., 2012. Determination of multiple sulfur isotopes in glasses: A reappraisal 
of the MORB δ34S. Chemical Geology, 334, pp.189–198. 

Lardeaux, J.M. et al., 2001. The Variscan French Massif Central—a new addition to the 
ultra-high pressure metamorphic “club”: exhumation processes and geodynamic 
consequences. Tectonophysics, 332, pp.143–167. 

Lee, C.-T. a. et al., 2015. The rise and fall of continental arcs: Interplays between 
magmatism, uplift, weathering, and climate. Earth and Planetary Science Letters, 
425, pp.105–119. 

Lee, C.-T.A., 2003. Compositional variation of density and seismic velocities in natural 
peridotites at STP conditions: Implications for seismic imaging of compositional 
heterogeneities in the upper mantle. Journal of Geophysical Research, 108(B9), 
p.2441. 

Lee, C.-T.A. et al., 2007. Petrology and tectonics of Phanerozoic continent formation: 
From island arcs to accretion and continental arc magmatism. Earth and Planetary 
Science Letters, 263(3-4), pp.370–387. 

Lee, C.-T.A., 2014. Physics and chemistry of deep continental crust recycling. Treatise of 
Geochemistry, 4, pp.1–53. 

Lee, C.-T.A., Cheng, X. & Horodyskyj, U., 2006. The development and refinement of 
continental arcs by primary basaltic magmatism, garnet pyroxenite accumulation, 



162 
 

basaltic recharge and delamination: insights from the Sierra Nevada, California. 
Contributions to Mineralogy and Petrology, 151(2), pp.222–242. 

Leeman, W.P. et al., 2005. Petrologic constraints on the thermal structure of the Cascades 
arc. Journal of Volcanology and Geothermal Research, 140(1-3), pp.67–105. 

Lehnert, K. et al., 2000. A global geochemical database structure for rocks. 
Geochemistry, Geophysics, Geosystems, 1, p.1999GC000026. 

Leoni, L., Menichini, M. & Saitta, M., 1982. Determination of S, Cl and F in silicate 
rocks by X- ray fluorescence analyses. Xâ  € Ray Spectrometry, 11(4), pp.156–158. 

Levander, A. et al., 2011. Continuing Colorado plateau uplift by delamination-style 
convective lithospheric downwelling. Nature, 472(7344), pp.461–5. 

Levander, A. & Miller, M.S., 2012. Evolutionary aspects of lithosphere discontinuity 
structure in the Western U.S. Geochemistry, Geophysics, Geosystems, 13(1), pp.1–
22. 

Liao, K.Z., Morton, D.M. & Lee, C.-T. a., 2013. Geochemical diagnostics of 
metasedimentary dark enclaves: a case study from the Peninsular Ranges Batholith, 
southern California. International Geology Review, 55(March 2014), pp.1049–1072. 

Liou, J.G. et al., 2004. Global UHP Metamorphism and Continental 
Subduction/Collision: The Himalayan Model. International Geology Review, 46(1), 
pp.1–27. 

Liou, J.G., Hacker, B.R. & Zhang, R.Y., 2000. Into the forbidden zone. Science, 
287(5456), pp.4–6. 

Lipman, P.W., 1992. Magmatism in the Cordilleran United States; progress and 
problems. In B. C. Burchfiel, P. W. Lipman, & M. L. Zoback, eds. The Cordilleran 
Orogen; conterminous U.S. Geological Society of America, pp. 481–514. 

Little, T.A. et al., 2011. Diapiric exhumation of Earth’s youngest (UHP) eclogites in the 
gneiss domes of the D'Entrecasteaux Islands, Papua New Guinea. Tectonophysics, 
510(1-2), pp.39–68. 

Liu, K. et al., 2011. Imaging crustal and upper mantle structure beneath the Colorado 
Plateau using finite frequency Rayleigh wave tomography. Geochemistry, 
Geophysics, Geosystems, 12(7), pp.1–24. 

Liu, Y. et al., 2005. Melt-peridotite interactions: Links between garnet pyroxenite and 
high-Mg# signature of continental crust. Earth and Planetary Science Letters, 
234(1-2), pp.39–57. 

Lü, Z. et al., 2008. Coesite inclusions in garnet from eclogitic rocks in western Tianshan, 
northwest China: Convincing proof of UHP metamorphism. American Mineralogist, 
93(11-12), pp.1845–1850. 

Luffi, P. et al., 2009. Lithospheric mantle duplex beneath the central Mojave Desert 
revealed by xenoliths from Dish Hill, California. Journal of Geophysical Research, 
114(B3), p.B03202. 

Makishima, A. & Nakamura, E., 2001. Determination of total sulfur at microgram per 
gram levels in geological materials by oxidation of sulfur into sulfate with in situ 
generation of bromine using isotope dilution high-resolution ICPMS. Analytical 
chemistry, 73(11), pp.2547–53. 

Mallik, A. & Dasgupta, R., 2012. Reaction between MORB-eclogite derived melts and 
fertile peridotite and generation of ocean island basalts. Earth and Planetary Science 
Letters, 329-330, pp.97–108. 



163 
 

Manchester, J.E., 1989. Petrology and significance of sphene eclogite xenoliths from the 
Sullivan Buttes Latite, Yavapai County, Arizona. Univ. of Texas at Austin. 

Marschall, H.R. & Schumacher, J.C., 2012. Arc magmas sourced from mélange diapirs in 
subduction zones. Nature Geoscience, 5(12), pp.862–867. 

Maruyama, S., Liou, J.G. & Terabayashi, M., 1996. Blueschists and Eclogites of the 
World and Their Exhumation. International Geology Review, 38(6), pp.485–594. 

Massonne, H.-J., 1999. A new occurrence of microdiamond in quartzo-feldspathic rocks 
of the Saxonian Erzgebirge, Germany, and their metamorphic evolution. In J. J. 
Gurney et al., eds. Proceedings of the 7th International Kimberlite Conference, 
Cape Town. Cape Toen, South Africa: Redroof Publishing, pp. 533–539. 

Massonne, H.-J. & Schreyer, W., 1989. Stability field of the high-pressure assemblage, 
talc + phengite and two new phengite barometers. European Journal of Mineralogy, 
1, pp.391–410. 

McDonough, W.F. & Sun, S.S., 1995. The composition of the Earth. Chemical Geology, 
120(3-4), pp.223–253. 

McQuarrie, N. & Chase, C.G., 2000. Raising the Colorado plateau. Geology, 28, pp.91–
94. 

Michel, A. & Villemant, B., 2003. Determination of Halogens (F, Cl, Br, I), Sulfur and 
Water in Seventeen Geological Reference Materials. Geostandards and 
Geoanalytical Research, 27(2), pp.163–171. 

Mitrovica, J.X., 1996. Haskell [1935] revisited. Journal of Geophysical Research, 101, 
pp.555–569. 

Miyashiro, A., 1974. Volcanic rock series in island arcs and active continental margins. 
American Journal of Science, 274(4), pp.321–355. 

Moore, J., 1987. Mount Whitney quadrangle, Inyo and Tulare counties, California - 
analytic data. U.S. Geological Survey Bulletin 1760. 

Moucha, R. et al., 2008. Mantle convection and the recent evolution of the Colorado 
Plateau and the Rio Grande Rift valley. Geology, 36(6), p.439. 

Mposkos, E.D. & Kostopoulos, D.K., 2001. Diamond, former coesite and supersilicic 
garnet in metasedimentary rocks from the Greek Rhodope: a new ultrahigh-pressure 
metamorphic province established. Earth and Planetary Science Letters, 192(4), 
pp.497–506. 

Mukherjee, B.K. & Sachan, H.K., 2001. Discovery of coesite from Indian Himalaya: a 
record of ultra-high pressure metamorphism in Indian continental crust. Current 
Science, 81(10), pp.1358–1361. 

Müntener, O., Kelemen, P.B. & Grove, T.L., 2001. The role of H2O during 
crystallization of primitive arc magmas under uppermost mantle conditions and 
genesis of igneous pyroxenites: an experimental study. Contributions to Mineralogy 
and Petrology, 141(6), pp.643–658. 

Nakamura, D. et al., 2004. Very high-pressure (>4 GPa) eclogite associated with the 
Moldanubian Zone garnet peridotite (Nové Dvory, Czech Republic). Journal of 
Metamorphic Geology, 22, pp.593–603. 

Nealy, L.D. & Sheridan, M.F., 1989. Post-Laramide volcanic rocks of Arizona and 
northern Sonora, Mexico, and their inclusions. In J. P. Jenney & S. J. Reynolds, eds. 
Geologic evolution of Arizona. Tuscon: Arizona Geological Society Digest 17, pp. 
609–647. 



164 
 

Nimis, P. & Taylor, W.R., 2000. Single clinopyroxene thermobarometry for garnet 
peridotites. Part I. Calibration and testing of a Cr-in-Cpx barometer and an enstatite-
in-Cpx thermometer. Contributions to Mineralogy and Petrology, 139(5), pp.541–
554. 

O’Brien, P.J. et al., 2001. Coesite in Himalayan eclogite and implications for models of 
India-Asia collision. Geology, 29, pp.435–438. 

Och, D.J. et al., 2003. Blueschist and eclogite in tectonic melange, Port Macquarie, New 
South Wales, Australia. Mineralogical Magazine, 67(4), pp.609–624. 

Okai, T., Terashima, S. & Imai, N., 2001. Determination of Total Sulfur in Thirty One 
Geochemical Reference Materials Using an Inductively Coupled Plasma-Atomic 
Emission Spectrometer Fitted with a Semiconductor Photodiode Detector. 
Geostandards and Geoanalytical Research, 25(1), pp.133–136. 

Okay, A.I., Harris, N.B.W. & Kelley, S.P., 1998. Exhumation of blueschists along a 
Tethyan suture in northwest Turkey. Tectonophysics, 285(3-4), pp.275–299. 

Osborn, E.F., 1959. Role of oxygen pressure in the crystallization and differentiation of 
basaltic magma. American Journal of Science, 257(9), pp.609–647. 

Palmeri, R., Talarico, F.M. & Ricci, C.A., 2011. Ultrahigh-pressure metamorphism at the 
Lanterman Range (northern Victoria Land, Antarctica). Geological Journal, 46(2-3), 
pp.126–136. 

de Paoli, M.C. et al., 2009. The eclogite-granulite transition: Mafic and intermediate 
assemblages at Breaksea sound, New Zealand. Journal of Petrology, 50(12), 
pp.2307–2343. 

Parkinson, C.D. et al., 1998. An overview and tectonic synthesis of the pre-Tertiary very-
high-pressure metamorphic and associated rocks of Java, Sulawesi and Kalimantan, 
Indonesia. The Island Arc, 7(1-2), pp.184–200. 

Parkinson, C.D. et al., 2001. Ultrahigh-pressure pyrope-kyanite granulites and associated 
eclogites in Neoproterozoic Nappes of Southeast Brazil. In UHPM Workshop. 
Waseda University, pp. 87–90. 

Paterson, S.R. & Ducea, M.N., 2015. Arc Magmatic Tempos: Gathering the Evidence. 
Elements, 11(2), pp.91–98. 

Paulsen, P.J. & Kelly, W.R., 1984. Determination of sulfur as arsenic monosulfide ion by 
isotope dilution thermal ionization mass spectrometry. Analytical Chemistry, 56(4), 
pp.708–713. 

Peck, D.L. & Van Kooten, G.K., 1983. Merced Peak Quadrangle, central Sierra Nevada, 
California--Analytic data. In U.S. Geological Survey Professional Paper, vol. 1170-
D. p. 29. 

Pertermann, M. et al., 2004. Experimental determination of trace element partitioning 
between garnet and silica-rich liquid during anhydrous partial melting of MORB-
like eclogite. Geochemistry, Geophysics, Geosystems, 5(5). 

Pertermann, M. & Hirschmann, M.M., 2003. Anhydrous Partial Melting Experiments on 
MORB-like Eclogite: Phase Relations, Phase Compositions and Mineral-Melt 
Partitioning of Major Elements at 2-3 GPa. Journal of Petrology, 44(12), pp.2173–
2201. 

Pertermann, M. & Hirschmann, M.M., 2003. Partial melting experiments on a MORB-
like pyroxenite between 2 and 3 GPa: Constraints on the presence of pyroxenite in 
basalt source regions from solidus location and melting rate. Journal of Geophysical 



165 
 

Research, 108(B2), p.2125. 
Pilet, S., Baker, M.B. & Stolper, E.M., 2008. Metasomatized lithosphere and the origin of 

alkaline lavas. Science, 320, pp.916–919. 
Platt, J.P., 1993. Exhumation of high-pressure rocks: A review of concepts and processes. 

Terra Nova, 5, pp.119–133. 
Polyak, V., Hill, C. & Asmerom, Y., 2008. Age and Evolution of the Grand Canyon 

Revealed by U-Pb Dating of Water Table-type Speleotherms. Science, 319(August 
2007), pp.1377–1380. 

Raimbourg, H., Jolivet, L. & Leroy, Y., 2007. Consequences of progressive eclogitization 
on crustal exhumation, a mechanical study. Geophysical Journal International, 168, 
pp.379–401. 

Ratajeski, K., Glazner, A.F. & Miller, B.V., 2001. Geology and geochemistry of mafic to 
felsic plutonic rocks in the Cretaceous intrusive suite of Yosemite Valley, 
California. Geological Society of America Bulletin, 113, pp.1486–1502. 

Ratajeski, K., Sisson, T.W. & Glazner, A.F., 2005. Experimental and geochemical 
evidence for derivation of the El Capitan Granite, California, by partial melting of 
hydrous gabbroic lower crust. Contributions to Mineralogy and Petrology, 149(6), 
pp.713–734. 

Reid, M.R. et al., 2012. Melting under the Colorado Plateau, USA. Geology, 40(5), 
pp.387–390. 

Reinecke, T., 1991. Very-high pressure metamorphism and uplift of coesite bearing 
metasediments from the Zermatt-Saas zone, Western Alps. European Journal of 
Mineralogy, 3, pp.7–17. 

Richard, S. et al., 2002. DGM-17 Digital Graphics Files for the Geologic Map of 
Arizona, a representation of Arizona Geological Survey Map 35, v. 1.0, 

Ripley, E.M. et al., 2011. Analytical methods for sulfur determination in glasses, rocks, 
minerals, and fluid inclusions. Reviews in Mineralogy and Geochemistry, 73, pp.9–
39. 

Roy, M., Jordan, T.H. & Pederson, J.L., 2009. Colorado Plateau magmatism and uplift by 
warming of heterogeneous lithosphere. Nature, 459(7249), pp.978–82. 

Rudnick, R. & Fountain, D., 1995. Nature and composition of the continental crust: a 
lower crustal perspective. Reviews of Geophysics, (95), pp.267–309. 

Rudnick, R.L., 1995. Making continental crust. Nature, 378, pp.571–57. 
Rudnick, R.L. & Gao, S., 2003. 3.01 - Composition of the Continental Crust. In H. D. 

Holland & K. K. Turekian, eds. Treatise on Geochemistry. Oxford: Elsevier-
Pergamon, pp. 1–64. 

Săbău, G., 2000. A possible UHP-eclogite in the Leaota Mts. (South Carpathians) and its 
history from high-pressure melting to retrograde inclusion in a subduction melange. 
Lithos, 52, pp.253–276. 

Sahagian, D., Proussevitch, A. & Carlson, W., 2002. Timing of Colorado Plateau uplift: 
Initial constraints from vesicular basalt-derived paleoelevations. Geology, (9), 
pp.807–810. 

Saleeby, J., 2003. Production and loss of high-density batholithic root, southern Sierra 
Nevada, California. Tectonics, 22(6), pp.89–92. 

Saleeby, J.B. et al., 1990. Chapter 14: Middle Cretaceous silicic metavolcanic rocks in 
the Kings Canyon area, central Sierra Nevada, California. In Geological Society of 



166 
 

America Memoirs. pp. 251–271. 
Saleeby, J.B., 2003. Segmentation of the Laramide Slab—evidence from the southern 

Sierra Nevada region. Geological Society of America Bulletin, 115(6), pp.655–668. 
Sasaki, A., Arikawa, Y. & Folinsbee, R.E., 1979. Kiba reagent method of sulfur 

extraction applied to isotopic work. Bulletin of the Geological Survey of Japan, 30, 
pp.241–245. 

Sautter, V. & Fabriès, J., 1990. Cooling kinetics of garnet websterites from the 
Freychinède orogenic lherzolite massif, French Pyrenees. Contributions to 
Mineralogy and Petrology, 105(5), pp.533–549. 

Savard, D., Paul Bédard, L. & Barnes, S.-J., 2006. TCF selenium preconcentration in 
geological materials for determination at sub-mugg(-1) with INAA (Se/TCF-INAA). 
Talanta, 70(3), pp.566–71. 

Schmädicke, E. & Will, T.M., 2003. Pressure-temperature evolution of blueschist facies 
rocks from Sifnos, Greece, and implications for the exhumation of high-pressure 
rocks in the Central Aegean. Journal of Metamorphic Geology, 21(8), pp.799–811. 

Schmidt, M.W. & Poli, S., 1998. Experimentally based water budgets for dehydrating 
slabs and consequences for arc magma generation. Earth and Planetary Science 
Letters, 163, pp.361–379. 

Schmidt, M.W., Vielzeuf, D. & Auzanneau, E., 2004. Melting and dissolution of 
subducting crust at high pressures: the key role of white mica. Earth and Planetary 
Science Letters, 228(1-2), pp.65–84. 

Schulte, B. & Sindern, S., 2002. K-rich fluid metasomatism at high-pressure 
metamorphic conditions: Lawsonite decomposition in rodingitized ultramafite of the 
Maksyutovo Complex, Southern Urals (Russia). Journal of Metamorphic Geology, 
20(6), pp.529–541. 

Schulze, D.J. & Helmstaedt, H., 1979. Garnet pyroxenite and eclogite xenoliths from the 
Sullivan Buttes latite, Chino Valley, Arizona. In F. Boyd & H. O. A. Meyer, eds. 
The Mantle Sample: Inclusions in Kimberlites and Other Volcanics. Santa Fe: AGU 
Proceedings of the Second International Kimberlite Conference, pp. 318–329. 

Sekine, T. & Wyllie, P.J., 1982. The system granite-peridotite-H2O at 30 kbar, with 
applications to hybridization in subduction zone magmatism. Contributions to 
Mineralogy and Petrology, 81(3), pp.190–202. 

Shatsky, V.S., Sobolev, N.V. & Vavilov, M.A., 1995. Diamond-bearing metamorphic 
rocks of the Kokchetav Massif (Northern Kazakhstan). In R. G. Coleman & X. 
Wang, eds. Ultrahigh pressure metamorphism. Cambridge, UK: Cambridge 
University Press, pp. 427–455. 

Shibakusa, H. & Maekawa, H., 1997. Lawsonite-bearing eclogitic metabasites in the 
Cazadero area, northern California. Mineralogy and Petrology, 61(1-4), pp.163–180. 

Shreve, R.L. & Cloos, M., 1986. Dynamics of sediment subduction, melange formation, 
and prism accretion. Journal of Geophysical Research, 91(B10), p.10229. 

Sisson, T.W., 1992. Triple Divide Peak quadrangle, Fresno and Tulare counties, 
California--Analytic data. In U.S. Geological Survey Bulletin 2026. 

Sisson, T.W. & Grove, T.L., 1993. Experimental investigations of the role of H2O in 
calc-alkaline differentiation and subduction zone magmatism. Contributions to 
Mineralogy and Petrology, 113(2), pp.143–166. 

Sisson, T.W., Grove, T.L. & Coleman, R.G., 1996. Hornblende gabbro sill complex at 



167 
 

Onion valley, California, and a mixing origin for the Sierra Nevada batholith. 
Contributions to Mineralogy and Petrology, 126, pp.81–108. 

Smith, D. et al., 1994. Garnet-pyroxene-amphibole xenoliths from Chino Valley, 
Arizona, and implications for continental lithosphere below the Moho. Journal of 
Geophysical Research, 99(B1), pp.683–696. 

Smith, D., 2013. Olivine thermometry and source constraints for mantle fragments in the 
Navajo Volcanic Field, Colorado Plateau, southwest United States: Implications for 
the mantle wedge. Geochemistry, Geophysics, Geosystems, 14(3), pp.693–711. 

Smith, D. & Barron, B.R., 1991. Pyroxene-garnet equilibration during cooling in the 
mantle. American Mineralogist, 76, pp.1950–1963. 

Smith, D.K. & Cohen, L.H., 1996. Shallow Mesozoic layered gabbros of the Shadow 
Mountains, San Bernadino County, California. Journal of Volcanology and 
Geothermal Research, 73(3), pp.267–283. 

Sobolev, N.V. & Shatsky, V.S., 1990. Diamond inclusions in garnets from metamorphic 
rocks: a new environment for diamond formation. Nature, 343, pp.742–746. 

Song, S. et al., 2014. Adakitic (tonalitic-trondhjemitic) magmas resulting from eclogite 
decompression and dehydration melting during exhumation in response to 
continental collision. Geochimica et Cosmochimica Acta, 130, pp.42–62. 

Song, S. et al., 2007. Eclogite and carpholite-bearing metasedimentary rocks in the North 
Qilian suture zone, NW China: implications for Early Palaeozoic cold oceanic 
subduction and water transport into mantle. Journal of Metamorphic Geology, 25(5), 
pp.547–563. 

Song, S. et al., 2005. Evolution from Oceanic Subduction to Continental Collision: a 
Case Study from the Northern Tibetan Plateau Based on Geochemical and 
Geochronological Data. Journal of Petrology, 47(3), pp.435–455. 

Song, S. et al., 2003. Petrology, geochemistry and isotopic ages of eclogites from the 
Dulan UHPM Terrane, the North Qaidam, NW China. Lithos, 70(3-4), pp.195–211. 

Stern, C. & Wyllie, P., 1978. Phase compositions through crystallization intervals in 
basalt-andesite-H2O at 30kbar with implications for subduction zone magmas. 
American Mineralogist, 63, pp.641–663. 

Studley, S.A. et al., 2002. Analysis of sulfides in whole rock matrices by elemental 
analyzer-continuous flow isotope ratio mass spectrometry. Chemical Geology, 
192(1-2), pp.141–148. 

Syracuse, E.M., van Keken, P.E. & Abers, G.A., 2010. The global range of subduction 
zone thermal models. Physics of the Earth and Planetary Interiors, 183(1-2), pp.73–
90. 

Tagiri, M. et al., 1995. Mineral parageneses and metamorphic P-T paths of ultrahigh-
pressure eclogites from Kyrgyzstan Tien-Shan. Island Arc, 4, pp.280–292. 

Thompson, G. & Zoback, M., 1979. Regional geophysics of the Colorado Plateau. 
Tectonophysics, 61, pp.149–181. 

Tsuchiya, S. & Hirajima, T., 2013. Evidence of the lawsonite eclogite facies 
metamorphism from an epidote-glaucophane eclogite in the Kotsu area of the 
Sanbagawa belt , Japan. , 108, pp.166–171. 

Tsujimori, T., Matsumoto, K., et al., 2006. Franciscan eclogite revisited: Reevaluation of 
the P–T evolution of tectonic blocks from Tiburon Peninsula, California, U.S.A. 
Mineralogy and Petrology, 88(1-2), pp.243–267. 



168 
 

Tsujimori, T., Sisson, V.B., et al., 2006. Very-low-temperature record of the subduction 
process: A review of worldwide lawsonite eclogites. Lithos, 92(3-4), pp.609–624. 

Tsujimori, T. & Ernst, W.G., 2014. Lawsonite blueschists and lawsonite eclogites as 
proxies for palaeo-subduction zone processes: A review. Journal of Metamorphic 
Geology, 32(5), pp.437–454. 

Turcotte, D.L. & Schubert, G., 2002. Geodynamics 2nd ed., New York: Cambridge 
University Press. 

Ueda, A. & Sakai, H., 1983. Simultaneous determinations of the concentration and 
isotope ratio of sulfate- and sulfide-sulfur and carbonate-carbon in geological 
samples. Geochemical Journal, 17, pp.185–196. 

Vielzeuf, D. & Schmidt, M.W., 2001. Melting relations in hydrous systems revisited: 
application to metapelites, metagreywackes and metabasalts. Contributions to 
Mineralogy and Petrology, 141(3), pp.251–267. 

Wada, I. & Wang, K., 2009. Common depth of slab-mantle decoupling: Reconciling 
diversity and uniformity of subduction zones. Geochemistry Geophysics 
Geosystems, 10(10). 

Wallace, P.J. & Edmonds, M., 2011. The Sulfur Budget in Magmas: Evidence from Melt 
Inclusions, Submarine Glasses, and Volcanic Gas Emissions. Reviews in Mineralogy 
and Geochemistry, 73(1), pp.215–246. 

Wang, X., Liou, J.G. & Mao, H.K., 1989. Coesite-bearing eclogite from the Dabie 
Mountains in central China. Geology, 17, pp.1085–1088. 

Warren, C.J., Beaumont, C. & Jamieson, R.A., 2008. Formation and exhumation of ultra-
high-pressure rocks during continental collision: Role of detachment in the 
subduction channel. Geochemistry, Geophysics, Geosystems, 9(4). 

Waters, D.J., 1996. The garnet-cpx-phengite barometer--recommended calibration and 
calculation method. Available at: 
http://www.earth.ox.ac.uk/~davewa/research/eclogites/ecbarcal.html. 

Waters, D.J. & Martin, H.N., 1993. Geobarometry of phengite-bearing eclogites. Terra 
Abstracts, 5, pp.410–411. 

Watson, E.B. & Harrison, T.M., 2005. Zircon thermometer reveals minimum melting 
conditions on earliest Earth. Science (New York, N.Y.), 308(5723), pp.841–4. 

Watson, E.B., Wark, D.A. & Thomas, J.B., 2006. Crystallization thermometers for zircon 
and rutile. Contributions to Mineralogy and Petrology, 151(4), pp.413–433. 

Weber, M.B.I. et al., 2002. Crustal make-up of the Northern Andes: Evidence based on 
deep crustal xenolith suites, Mercaderes, SW Colombia. Tectonophysics, 345(1-4), 
pp.49–82. 

Wendlandt, E., Depaolo, D.J. & Baldridge, W.S., 1993. Nd and Sr isotope 
chronostratigraphy of Colorado Plateau lithosphere: Implications for magmatic and 
tectonic underplating of the continental crust. Earth and Planetary Science Letters, 
116, pp.23–43. 

Wenner, J.M. & Coleman, D.S., 2004. Magma mixing and Cretaceous crustal growth: 
geology and geochemistry of granites in the central Sierra Nevada batholith, 
California. International Geology Review, 46, pp.880–903. 

Wernicke, B. et al., 1996. Origin of high mountains in the continents: The Southern 
Sierra Nevada. Science, 271, pp.190–193. 

Wiebe, R.A. et al., 2002. Mafic injections, in situ hybridization, and crystal accumulation 



169 
 

in the Pyramid Peak granite, California. Geological Society of America Bulletin, 
114, pp.909–920. 

Wyllie, P.J., Osmaston, M.F. & Morrison, M.A., 1984. Constraints Imposed by 
Experimental Petrology on Possible and Impossible Magma Sources and Products 
[and Discussion]. Philosophical Transactions of the Royal Society A: Mathematical, 
Physical and Engineering Sciences, 310(1514), pp.439–456. 

Yamamoto, H. & Kennedy, G.C., 1969. Stability relations in the system CaSO4-H2O at 
high temperatures and pressures. American Journal of Science, 267-A, pp.550–557. 

Yin, Q. et al., 2001. A gravimetric K2OsCl6 standard: Application to precise and 
accurate Os spike calibration. Geochimica et Cosmochimica Acta, 65(13), pp.2113–
2127. 

Zack, T., Rivers, T., et al., 2004. Cold subduction of oceanic crust: Implications from a 
lawsonite eclogite from the Dominican Republic. European Journal of Mineralogy, 
16(6), pp.909–916. 

Zack, T., Moraes, R. & Kronz, A., 2004. Temperature dependence of Zr in rutile: 
empirical calibration of a rutile thermometer. Contributions to Mineralogy and 
Petrology, 148(4), pp.471–488. 

Zandt, G., Myers, S.C. & Wallace, T.C., 1995. Crust and mantle structure across the 
Basin and Range--Colorado Plateau boundary at 37N latitude and implications for 
Cenozoic extensional mechanism. Journal of Geophysical Research, 100(B6), 
pp.10529–10548. 

Zeng, L., Saleeby, J.B. & Ducea, M.N., 2005. Geochemical characteristics of crustal 
anatexis during the formation of migmatite at the Southern Sierra Nevada, 
California. Contributions to Mineralogy and Petrology, 150(4), pp.386–402. 

Zhang, G. et al., 2009. UH<I>P</I> metamorphic evolution of coesite-bearing eclogite 
from the Yuka terrane, North Qaidam UH<I>P</I>M belt, NW China. European 
Journal of Mineralogy, 21(6), pp.1287–1300. 

Zhang, J. et al., 2001. Petrology and geochronology of eclogites from the western 
segment of the Altyn Tagh, northwestern China. Lithos, 56(2-3), pp.187–206. 

Zhang, L. et al., 2007. Triassic collision of western Tianshan orogenic belt, China: 
Evidence from SHRIMP U-Pb dating of zircon from HP/UHP eclogitic rocks. 
Lithos, 96(1-2), pp.266–280. 

Zhang, R.Y. et al., 1995. Petrology of ultrahigh-pressure rocks from the southern Su-Lu 
region, eastern China. Journal of Metamorphic Geology, 13, pp.659–675. 

 
 
  



170 
 

Appendix	A	
 
Table A - 1: Whole-rock major and trace element geochemistry of Arizona xenoliths. 
Samples are garnet pyroxenites unless otherwise noted. 
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Table A - 2: Major element composition (wt. %) of minerals in sample SB3-ME37 
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Table A - 3: Mineral major element compositions (wt. %) 
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Table A - 4: Clinopyroxene trace element chemistry of Arizona xenoliths 
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Table A - 5: Garnet trace element chemistry of Arizona xenoliths  
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Appendix	B	
 

 

Table B - 1: List of blueschist and eclogite 
occurrences by geographic location. 
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Appendix	C	
 
Table C - 1: Sulfur abundance and isotopic composition measured via EA-IRMS in eclogite 
and garnet pyroxenite 
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Table C - 2: Sulfur concentration measured via solution ICP-MS in eclogite and garnet 
pyroxenite 
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Appendix	D	
 

What follows is a petrographic atlas of xenolith samples from central Arizona (Chapters 

2 and 3). Table D-1 lists each sample by name and rock type. Scanned thin section 

photomicrographs follow. For each sample, a 30 μm thick thin section has been scanned 

in plane light (left) and cross-polarized light (right). One sample, SB3-ME30, has two cut 

sections: X (perpendicular to foliation) and Z (parallel to foliation). All photos are taken 

at the same scale, indicated in the bottom right corner.  
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Table D - 1: List of Arizona xenolith samples 
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