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ABSTRACT 
Tracing oxygen cycling in the ocean by dissolved oxygen multi-isotopologues 

by 

Boda Li 

Understanding the distribution and cycling of O2 is one of the core scientific 

questions in oceanography. The distribution of dissolved oxygen is influenced by 

physical, biochemical, and abiotic chemical processes. However, determining the relative 

importance of each mechanism in different environments remains difficult. This thesis 

utilizes the dissolved oxygen multiple isotopologues (16O16O, 16O17O, 16O18O, 17O18O, 

18O18O), which participate biogeochemical cycling, advection, and diffusion as new 

direct tracers to constrain these processes. 

 The theme of my first project is the oxygen production in the surface ocean, with 

a particular focus on the isotopic effects of gas exchange when the mixed layer is out of 

solubility equilibrium. Here we measured the kinetic and equilibrium fractionation 

factors for the four rare O2 isotopologues 16O17O, 16O18O, 17O18O, 18O18O relative to 

16O16O in air-water gas transfer experiments. Moreover, we evaluate the possible effects 

of the updated fractionation factors on multiple isotopologue-based gross oxygen 

production (GOP) estimates and connect the observed air-water kinetic fractionation 

factors to dissolved-phase diffusive isotopic fractionation.  

Next, this thesis shifts the focus to the subsurface ocean, where uncertainties in 

transport flux and isotopic fractionation factors have long confounded the interpretation 

of the isotopic composition of dissolved oxygen. Therefore, we investigated the   
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systematics of oxygen isotopologues in the subsurface Pacific using new data and a 2-D 

isotopologues-enabled isopycnal reaction-transport model. We measured multiple O2 

isotopologues in the northeast Pacific, and compared them to previously published data. 

We find that transport and respiration rates constrained by O2 concentrations in the 

oligotrophic Pacific yield good measurement-model agreement across all O2 

isotopologues when using a recently reported set of respiratory isotopologue fractionation 

factors. Estimated respiration rates range from 0.5 to 3.0 μmol/kg/yr for various isopycnal 

surfaces consistent with those previously inferred for the Atlantic.  

  Lastly, this thesis attempts to address the mystery of puzzlingly low 17O/16O ratios 

observed for some subsurface low-oxygen samples. We resampled and remeasured the 

dissolved oxygen isotopologues at the San Pedro Ocean Time Series (SPOT) site, where 

low 17O/16O ratios were reported in previous studies. We find that this low ratio is caused 

by a typical analytical artifact, pressure baseline effect (PBE), which exhibits a non-linear 

behavior with the fraction of inert gas present in the analyte and can cause an 

overestimation of GOP at SPOT. A correction on these previously reported low 17O/16O 

ratios were applied to the GOP estimation model, in which we find that calculated GOP 

at SPOT can be overestimated by ~50 mmol O2/(m
2d). Therefore, we underscore the 

necessity of a pre-purification process for insert gas removal during dissolved oxygen 

isotope measurements to avoid this potential PBE artifact. 
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Chapter I 

Introduction 

 

One of the fundamental challenges in oceanography is understanding the 

distribution and cycling of O2. The concentration of O2 in the ocean provides constraints 

on the efficiency of the biological “pump” that mediates the sequestration of carbon in 

the deep ocean (Devol & Hartnett, 2001; Honjo et al., 2008; Buesseler & Boyd, 2009) 

and influences the biological communities (Stramma et al., 2012; Sarmiento et al., 2007). 

The distribution of dissolved oxygen is influenced by biochemical (Froelich et al., 

1979; Gruber & Sarmiento, 1997) and physical processes (Rahmstorf, 2003). 

Biochemical processes include sources and sinks of O2 due to marine production, 

respiration, and oxidation of organic matter. Physical processes include mass transfer of 

O2 caused by water mass ventilation, air-sea gas exchange, gas solubility changes, and 

mixing by advection and diffusion. The oceanic O2 inventory is sensitive to changes 

driven by the physical and biological state of the ocean as well as anthropogenic impacts 

acting on different time and spatial scales (e.g., Keeling & Garcia, 2002; Matear & Hirst, 

2003; Stramma et al., 2008; Shaffer et al., 2009; Riebesell et al., 2009; Hofmann & 

Schellnhuber, 2009). Global O2 changes in ocean can be substantial. For example, 

Schmidtko et al., (2017) suggested that the global ocean O2 inventory has decreased by 

about 2% since 1960 due to a warming induced decrease in solubility and biological 

consumption. 
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To understand and predict the changes on global ocean O2 inventory, we need to 

examine the oceanic oxygen budget. Physical, biochemical, and abiotic chemical 

processes are all important components of the oceanic oxygen budget, but determining 

the relative importance of each mechanism in different environments can be challenging. 

Indirect tracers such as the concentrations of nutrients (e.g., nitrate and phosphate) or 

concentration ratio (e.g., nitrate/ammonium) are closely coupled to dissolved O2 

concentration (activity) when biologically cycled, so they may offer some information on 

oxygen cycling (Bianchi et al., 2018). Radiometric tracers such as 14C are used to 

calculated apparent oxygen utilization rates (AOU), but cannot distinguish large-scale 

mixing and transport from diffusion. 

 Oxygen isotopologues occupy a unique niche for these studies because they are 

direct tracers and participants of biogeochemical cycling, advection, and diffusion 

(Bender, 1990; Luz & Barkan, 2000; Levine et al., 2009). Initially, the apparent oxygen 

utilization rates (AOU), based on the bulk O2 concentration, has been applied to estimate 

oxygen utilization rates (OURs) (Feely et al., 2004). However, the mean water mass ages 

estimation and water parcel mixing could influence the estimation. Then, the distribution 

of O2 isotopologues―the 18O value of O2 in particular―has been used to disentangle 

respiration from transport, as closed-system respiration and mixing effects are 

distinguishable (Bender, 1990; Quay et al., 1993; Levine et al., 2009). Still, this single 

new dimension of constraint has proven non-unique because reproducing 18O-O2 

relationships requires independent knowledge of isotopic fractionation factors in the deep 

ocean (Levine et al., 2009). These fractionation factors can vary widely depending on 

environmental conditions such as diffusive limitations (Bender, 1990; Chapter 2), 
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temperature (Stolper et al., 2018) or depth (eg., Mehler reaction, photorespiration (Angert 

et al., 2003)). Fortunately, oxygen has three stable isotopes and O2 has six stable 

isotopologues by combination. The mass dependency during various processes are 

slightly different for multi-O2 isotopologues which help to constrain the system (Angert 

et al., 2003; Yeung et al., 2015; Li et al., 2019; Ash et al., 2020). As a result, 

measurements of multiple O2 isotopologues in the same sample may decouple the 

influences from different processes.  

Previous work on the triple oxygen isotope composition of O2 (i.e., 17Δ values, 

which are derived from δ18O and δ17O values) has focused on estimating productivity 

(GOP) in the surface ocean (Bender, 2000; Juranek & Quay, 2013; Luz & Barkan, 2000). 

Multiple methodological improvements have refined the fluxes in the surface O2 budgets 

(Prokopenko et al., 2011; Kaiser, 2011; Luz & Barkan, 2011; Nicholson et al., 2012; 

Manning et al., 2017), but uncertainties in the approach related to physical fractionation 

have persisted. For example, the kinetic isotopic effects due to gas exchange at the ocean 

surface are only known for 18O/16O. Yet, large regions of the global ocean are out of 

solubility equilibrium with respect to O2, resulting in net outgassing or ingassing at 

steady state that could bias estimates of GOP due to without concerning kinetic isotope 

fractionation for 17O/16O and 18O/16O (Kaiser, 2011). In Chapter 2 of this thesis, we 

performed experiments to measure this kinetic fractionation factors for 18O/16O, 17O/16O, 

18O18O/16O16O, 17O18O/16O16O and resolved this potential bias during GOP estimation. 

Moreover, we present molecular diffusion fractionation factors in the dissolved phase for 

all isotopologues for future usage in the benthic environment. 
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In addition to the work on surface ocean, a few studies report data in the 

subsurface ocean. For example, Hendricks et al., (2005) and Nicholson et al., (2014) 

reported/collected the most extensive dataset from the ocean subsurface in equatorial 

Pacific and Atlantic and Haskell et al., (2017) extended the productivity estimation to the 

euphotic zone by measuring subsurface ocean data at San Pedro Ocean Time-Series site 

(SPOT). Intriguingly, there are some observations of triple oxygen isotope composition 

of O2 in the subsurface samples that remain unaccounted for. First, non-monotonically 

varying 17Δ values in the aphotic zone were observed in the subsurface equatorial Pacifc, 

peaking at moderate (50 - 80%) O2 saturation and low (~10%) O2 saturation (Hendricks 

et al., 2005). This phenomenon is resolved in Chapter 3 by developing a 2-D isopycnal 

reaction-transport model to examine the effects of respiration, photosynthesis, and 

diapycnal mixing on O2 isotopologue patterns.  

Another puzzling observation concerns some 17Δ values at <50% O2 saturation 

being unusually low and even negative in both coastal and open ocean samples 

(Hendricks et al., 2005; Nicholson et al., 2014; Haskell et al., 2017). Neither ordinary 

dark respiration, oxygen production, nor air-sea gas transfer can sufficiently lower 17Δ 

values to the extent of these signals observed in the subsurface/deep ocean (Luz & 

Barkan, (2000, 2005, 2009, 2011), Bender, (2000), Angert et al., (2003), Juranek & 

Quay, (2013)). In Chapter 4, two leading hypothesis including non-linear mixing of 17Δ 

(Nicholson et al., 2014) and temperature-dependent mass dependency during respiration 

are tested to be not the case. We propose an alternative explanation that involves an 

previously unrecognized analytical artifacts, first identified by Yeung et al., (2018). 
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Overall, the 17Δ values could bring us more information about the photosynthesis, 

but the sensitivity of 17Δ values to photosynthesis, and uncertainty in the relevant isotopic 

fractionation factors complicates their use as tracers of respiration and mixing in the 

ocean. 

The distributions of the remaining resolvable (at present) O2 isotopologues in the 

ocean, 17O18O and 18O18O, have not yet been investigated. Yeung et al., (2015) and Ash et 

al., (2020) showed that they are affected by photosynthesis and respiration, but in a 

manner different from either of the singly-substituted isotopologues (16O17O and 16O18O). 

This complementary sensitivity to biogeochemical isotopologue fractionation, 

constrained by preliminary isotopic fractionation factors and potentially weekly affected 

by diffusion, may facilitate a unified description of O2 consumption and transport in deep 

ocean. 

Here we present new O2 concentration and multi-isotopologue data from northeast 

Pacific ocean and SPOT Site, from the surface into the aphotic zone (dataset DOI: 

10.1575/1912/bco-dmo.753594.1). Bulk- (i.e., δ18O and 17Δ values) and clumped-isotope 

(i.e., Δ36 values reflecting 18O18O) compositions were measured in the same dissolved O2 

samples for the first time to explore the potential utility of this suite of tracers to constrain 

respiration and transport (isopycnal mixing/vertical mixing) in the ocean/coastal region. 

Finally, a 2-D isopycnal reaction-transport model is developed to examine the effects of 

respiration, photosynthesis, and diapycnal mixing on O2 isotopologue patterns in the 

Pacific (Chapter 3) and estimate the mean respiration rate for various isopycnal surfaces. 

 



 
 

Chapter 2 

Kinetic and equilibrium fractionation of O2 isotopologues 

during air-water gas transfer and implications for tracing 

oxygen cycling in the ocean 
 

2.1. Introduction 

One of the fundamental challenges in oceanography is understanding the 

distribution and cycling of O2. The concentration of O2 in the ocean is influenced by 

oceanic food webs(Stramma et al., 2012), biogeochemical cycles (Froelich et al., 1979; 

Gruber & Sarmiento, 1997), and provide constraints on the efficiency of the biological 

“pump” mediating the sequestration of carbon in the deep ocean (Devol & Hartnett, 

2001; Honjo et al., 2008; Buesseler & Boyd, 2009). Physical, biochemical, and abiotic 

chemical processes are all important components of the oceanic oxygen budget, but 

determining the relative importance of each mechanism in different environments can be 

challenging. Indirect tracers such as the concentrations of nutrients (e.g., nitrate and 

phosphate) are closely related to O2 when biologically cycled, so they may offer some 

information on oxygen cycling (Bianchi et al., 2018). Radiometric tracers such as 14C, 

which are used to calculated apparent oxygen utilization rates, cannot distinguish large-

scale mixing and transport from diffusion. Oxygen isotopologues occupy a unique niche 

for these studies because they are direct tracers of biogeochemical cycling, mixing, and 

diffusion (Bender, 1990; Luz & Barkan, 2000; Levine et al., 2009). However, isotopic 

fractionation during these processes has not been fully characterized. In this paper, we 

will focus on the isotopic systematics of molecular diffusion. 
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At the air-water boundary, molecular diffusion is the rate-limiting step for the 

dissolution of sparingly soluble gases (e.g. O2, Ar, N2, etc.) (Jähne & Haußecker, 1998). 

In the ocean interior, molecular diffusion can limit oxygen availability to sediments, 

particles, and micro- and macrofauna. Kinetic isotope fractionation occurs during these 

processes, but experimental and theoretical studies suggest that the mass, size and shape 

of the diffusing species are all important determinants of their fractionation factors (Knox 

et al., 1992; Richter et al., 2006; Bourg & Sposito, 2008; Tempest & Emerson, 2013). 

Few studies have focused on the isotope effects of O2 diffusion. The only study to date, 

by Knox et al., (1992), determined a small 18O/16O fractionation factor of 0.9972 for O2 

transfer across the air-water boundary. It was used to support 18O-based estimates of 

primary productivity (Quay, Emerson, Wilburn, et al., 1993) and to illustrate how 

diffusion did not follow a simple gas-kinetic mass dependence (i.e., scaling with the 

inverse-square-root of the molecular mass). 

Understanding multi-isotope systematics has since become important for 

oceanography (triple oxygen 17), renewing interest in the mass dependence of diffusion 

for O2. In situ estimates of primary productivity—or, more precisely, gross oxygen 

productivity (GOP)—have relied on the simultaneous mass balance of multiple O2 

isotopologues in the mixed layer. Using a multiple O2-isotopologue mass balance 

mitigates some of the key uncertainties of bottle incubations and in situ 18O/16O-isotope 

based approaches to primary productivity (Juranek & Quay, 2005, 2013; Quay et al., 

2010); thus it has been adopted widely in studies of the carbon budget of the surface 

ocean. In particular, the multi-isotopologue approach has proven useful for determining 

the carbon export efficiency in the surface ocean (i.e., the net-to-gross oxygen production 
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ratio) when paired with O2/Ar ratio measurements (Luz & Barkan, 2000, 2005; Bender, 

2000; Juranek & Quay, 2013). While methodological improvements have refined the 

fluxes in the surface O2 budgets (Kaiser, 2011; Prokopenko et al., 2011; Luz & Barkan, 

2011; Nicholson et al., 2012; Manning et al., 2017), uncertainties in the approach related 

to physical fractionation have persisted. For example, the kinetic isotopic effects due to 

gas exchange are only known for 18O/16O. Yet, large regions of the global ocean are out 

of solubility equilibrium with respect to O2 (Fig. 2.1), resulting in net outgassing or 

ingassing at steady state that could bias estimates of GOP due to kinetic isotope 

fractionation for all O2 isotopologues (Kaiser, 2011). Moreover, much of the surface 

ocean is characterized by low productivity. In oligotrophic regions in particular, factors 

that might otherwise be minor such as gas exchange and bubble injection could become 

important, leading to biases in the interpretation of small O2 signals if such processes are 

not considered explicitly. 

 

Figure 2.1 Annual-mean dissolved oxygen saturation (%) in the surface oceans in 

2013. Data from Garcia et al., (2014).  
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In this paper, we evaluate the importance of non-equilibrium gas exchange on the 

isotopologue budgets of dissolved O2. We conducted new measurements of the kinetic 

and equilibrium isotope fractionation for O2 transfer through the air-water interface, for 

both the singly-substituted (16O17O and 16O18O) and multiply-substituted rare 

isotopologues (17O18O and 18O18O) of O2. An earlier experiment had suggested that air-

water gas exchange may exhibit an unusual mass dependence, one that concentrates 

18O18O in the gas phase much more than expected (Yeung et al., 2015). Our experiments 

test this hypothesis directly, free from the biological cycling that complicated the 

previous experiment. In addition, simultaneous measurements of five O2 isotopologues 

(16O16O, 16O17O, 16O18O, 17O18O, and 18O18O) provide an opportunity to examine the 

mass dependence of gas exchange and diffusion in the aqueous phase.  

 

2.2. Methods 

Kinetic fractionation factors were measured for O2 diffusion into water following 

the methodology of Knox et al., (1992) and Tempest & Emerson (2013). The experiment 

progressed as follows: We introduced O2 into the headspace of a closed system that 

contained degassed, deionized water. As the O2 dissolved into the water, changes in the 

volume and isotopic composition of O2 in the headspace were monitored. Equilibrium 

air-water isotopologue fractionations were also measured in a separate set of experiments. 

By fitting a forward model of the headspace evolution to the isotopic data—from 

solubility disequilibrium to solubility equilibrium—we obtained kinetic fractionation 

factors for four rare O2 isotopologues (16O17O, 16O18O, 17O18O, and 18O18O) 

simultaneously during O2 dissolution.  
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2.2.1. Experiments 

2.2.1.1. Air-water equilibration 

Bottles for dissolved-gas sampling (1L) were prepared according to established 

methods (Reuer et al., 2007): First, they were washed with phosphate-free detergent 

(Liquinox) and then triple-rinsed with distilled water. After the flasks were dried, they 

were poisoned with 200 μL saturated HgCl2 solution, and dried at 40-45 °C. Calculated 

concentrations of HgCl2 after introducing a water sample into the flasks are 30 – 50 μg 

mL-1, more than the 20 μg mL-1 recommended by Kirkwood (1992) to halt biological 

activity. Finally, all flasks were evacuated on a turbo-pumped high-vacuum line to ≤1 × 

10-3 mbar through the altered Louwers-Hapert high-vacuum valve. The side arm of the 

valve on each bottle was filled with distilled water to reduce atmospheric contaminants 

during storage and sampling.  

Laboratory air was equilibrated with distilled water at 25.0 °C by shaking a 

covered 5L beaker containing 3 L of water on an orbital shaker (110 rpm) for 48 – 96 h. 

To facilitate air-water gas exchange, the shaking direction was reversed every minute 

during this time period. Water samples (300 – 500 mL) were then extracted into 

evacuated sample flasks, which were pre-poisoned with mercuric chloride (HgCl2). After 

shaking for >48 h, the residual gas in the drained bottles was collected onto silica gel 

fingers at –196 °C for 45 minutes. The sample flasks were kept at ‒30 °C to -40 °C 

during the gas transfer to limit the transfer of residual water and HgCl2 into the vacuum 

system. The gases were further dried and CO2 removed by passing them through two U-

shaped traps at ‒196 °C upstream of the silica gel sample finger. 
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2.2.1.2. Kinetic gas transfer 

Three kinetic gas-transfer experiments were conducted using a closed, modified 

5.53 ± 0.04 L Kimax flask system (Fig. 2.2). Gas exchange and headspace sampling took 

place in the Kimax flask, which is filled with degassed, deionized water. All the water in 

the system was first deionized on a Millipore system (18.2 MΩcm) and then passed 

through an additional sterilizing filter (0.22 μm). The water was then degassed by boiling 

for 2 hours. The boiled water was immediately transferred to the Kimax flask and 

isolated using a high-vacuum Louwers-Hapert valve to minimize headspace volume. It 

was then cooled to room temperature. A buret was connected to the flask through an 

Ultra-Torr connection with the valve that was attached to the side of the flask. Degassed 

water was later added to the buret; an unavoidable, but small, amount of air 

contamination was associated with this step (<5% of the total dissolved O2 in the Kimax 

flask at the end of the experiment; see Section 2.3.4 for further discussion). The top of the 

buret was connected to a 14.00.3 L gas bulb filled with air, which acts as a ballast 

volume to sustain a stable atmospheric pressure during the experiment. It isolates the 

system from barometric fluctuations that may affect the headspace pressure during the 

experiment. The headspace gas was sampled at various times during the experiment by 

expanding the headspace gas into the volume between the two valves at the top of the 

flask. The aliquot volume was (2.470.27) ml (102.011.5 mol O2 at 1 atm pure O2). 
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Figure 2.2 Schematic diagram of the gas-exchange experiment. During an 

experiment, the water level in the buret drops, and the water level in the Kimax flask 

rises, as O2 gas dissolves from the flask headspace into the water. 

 

The experiment was conducted at room temperature (221 °C) without active 

temperature stabilization. No significant temperature dependence for the 18O/16O kinetic 

fractionation factor for O2 has been observed between 10°C and 20°C (Knox et al., 1992; 

Tempest & Emerson, 2013). Before each experiment, the headspace pressure was 

pumped until it reached a pressure equal to the vapor pressure of water (24.91.6 mbar at 

room temperature). Next, we opened the valve on the side of the flask to allow water to 

flow between the buret and the Kimax flask, which balanced the pressure in the 

headspace. The experiment was initiated upon introducing pure O2 (ultra-high purity; 
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99.9999%) into the headspace of the water flask. As O2 dissolves into the water, the 

headspace pressure in the main volume decreases, drawing in water from the buret. The 

volume change observed at the buret is thus used to determine the volume of O2 

dissolved in the water (after accounting for the change in hydrostatic pressure). The 

headspace was sampled at intervals corresponding to 5 to 15% change in O2 saturation. 

Two types of glass stir bars (lengths 4.50.1 cm, 2.30.1 cm) were used to mix the water 

in the flask at different rates while limiting visible perturbations to the air-water interface.  

Prior to isotopic analysis, each headspace O2 aliquot was transferred to a silica gel 

finger held at ‒196 °C for 15 minutes. Water and other condensable gases were removed 

cryogenically through two U-traps held at ‒196 °C by liquid nitrogen. The sampled O2 

was purified according to methods described previously using an Agilent 7890B Gas 

Chromatograph (GC) held at –80 °C (Yeung et al., 2018). Samples were then analyzed on 

a modified, high-resolution Nu Instruments Perspective IS isotope ratio mass 

spectrometer (IRMS) in dual-inlet mode according to established techniques (Yeung et 

al., 2016). Long-term external precision for 18O, 17, 35, and 36 values is ±0.025‰, ±3 

ppm, ±0.12‰, and ±0.04‰, respectively (1), based on replicate analyses of atmospheric 

O2. 

2.2.2. Isotopic terminology 

The 33O2/
32O2, 

34O2/
32O2, 

35O2/
32O2, and 36O2/

32O2 ratios measured on the mass 

spectrometer are reported as 18O values for 18O/16O ratios (eq. 2.1), 17 values for triple-

oxygen composition (eq. 2.2), and 35 and 36 values for clumped-isotope composition 

(eqs. 2.3-2.6).  



14 
 

δ O18 = (
RSample

18

RWG
18 − 1) × 1000‰                                         (2.1) 

∆17 = ln
R17

Sample

R17
WG

− 0.518 × ln
R18

Sample

R18
WG

                                     (2.2) 

Δ36 = (
RSample

36

RStochastic
36 − 1) × 1000‰                   (2.3) 

Δ35 = (
RSample

35

RStochastic
35 − 1) × 1000‰                            (2.4) 

R36
stochastic = R18 2                                                    (2.5) 

R35
stochastic = 2 R17 R18                                                 (2.6) 

Here, R refers to the ratio of relative concentration of a specific isotope or isotopologue 

to the most abundant isotope or isotopologue. For example, 18R refers to the 18O mole 

concentration divided by the mole concentration of most abundant isotope 16O, while for 

36R refers to the 18O18O mole concentration divided by the mole concentration of most 

abundant isotopologue 16O16O. In equation (2.6) a factor of two is included for 35Rstochastic 

because both 18O17O and 17O18O molecules have cardinal mass 35. The subscript WG 

refers to working gas, which is the starting gas of the experiment. The 17 value describes 

the “excess” 17O relative to an expected abundance of 17O, based on the 18O value 

(Young et al., 2002). We choose a reference slope of 0.518, which is most relevant to 

oceanographic applications (Luz & Barkan, 2005). The clumped-isotope distribution in 

O2 is reported as 36 and 35 values, which quantify the excess in 18O18O and 17O18O, 

respectively, relative to the stochastic distribution of isotopes in O2. The 18O and 17 

values in this study quantify the changes in bulk isotopic composition of the O2, 
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expressed in parts per thousand (‰) and parts-per-million (ppm), respectively. The 35 

and 36 values are absolute clumped-isotope excesses or deficits reported in parts per 

thousand (‰).  

The gas exchange experiment involves both kinetic and equilibrium fractionation 

processes, which will be defined and related to / terminology below. Kinetic 

fractionation of O2 isotopologues occurs when they diffuse into or out of the water; the 

magnitude of the fractionation reflects the relative diffusion rates across the air-water 

boundary for different isotopologues. Equilibrium fractionation occurs when ingassing 

and outgassing of O2 is equal. Differences in free energy for different O2 isotopologues 

dissolved in water lead to small fractionations typically <1‰ at 25 °C at equilibrium 

(Benson & Krause, 1984). The equilibrium isotopic fractionation factor, eq, is defined 

as: 

αeq =
(H/L)d

(H/L)g
=

Hd/Hg

Ld/Lg
=

γH

γL
                                                             (2.7) 

Here, H represents the concentration of heavy isotopologues (16O17O, 16O18O, 17O18O, or 

18O18O) and L represents the concentration of 16O16O. The subscripts d and g represent 

the dissolved and gas phase, respectively. Note that eq can also be represented as the 

ratio of the Henry’s constants, H/L. 

 Benson & Krause (1984) determined the equilibrium fractionation for 16O18O 

(18eq) to be 1.00072 at 22 °C, which is not sensitive to temperature changes around room 

temperature. For example, the equilibrium fractionation for 16O18O (18eq) changes from 

1.00073 to 1.00071 between 20 °C and 24 °C. Over this range, the change in 18O at 
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equilibrium would not be detectable. The equilibrium fractionation factor for 16O17O is 

inferred to be 1.00038 between    20 °C and 24 °C based on previous triple-oxygen 

measurements (Reuer et al., 2007; Stanley et al., 2010; Nicholson et al., 2012; Palevsky 

et al., 2016). 

Previous work suggests that the gas transfer coefficient has a power-law 

dependence on the Schmidt number (Sc) of the gas in the fluid (Jähne & Haußecker, 

1998). The Schmidt number equals to kinematic viscosity of the fluid (, in this case for 

water) divided by the molecular diffusivity of the gas in the dissolved phase (D); thus, 

the gas transfer coefficient can be rewritten as: 

k = B × Sc−n = B(ν/D)−n                                                        (2.8) 

where the coefficient B depends on physical parameters such as the boundary-layer 

thickness and mixing rate, and -n is power-law exponent. Different isotopologues share 

the same B value during gas transfer because of the same physical conditions. 

The kinetic fractionation factor for gas transfer k is defined as kH/kL, the ratio of 

gas transfer flux between different species under the same concentration gradient: 

αk =
kH

kL
                                                                      (2.9) 

Because different isotopic species share the same B value and kinematic viscosity, k can 

be simply related to the ratio of aqueous diffusion coefficients of different isotopologues 

(DH/DL):  

αk = (
DH

DL
)n = αD

n                                                       (2.10) 
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The value of n varies between 1/2 and 2/3 depending on the roughness of the air-water 

interface, with n = 1/2 describing rough surfaces and n = 2/3 describing the limit of a 

perfectly smooth surface (Jähne & Haußecker, 1998). Kinetic isotopologue fractionation 

across the air-water interface can therefore be used to constrain isotopologue 

fractionation during aqueous-phase diffusion as well. We will discuss this application in 

detail in the section 2.4.4. 

One can also define terms that characterize mass-dependent fractionation for this 

process. The triple-oxygen term 17/18 is defined here as (Angert et al., 2003): 

θ17/18 ≈ θ33/34 =
ln αk

33

ln α34
k
                                                               (2.11) 

Values of 17/18 are close to 0.5 for most processes because the mass difference 

between 33 and 32 is roughly half that between 34 and 32 (Young et al., 2002; Angert et 

al., 2003; Y. Helman, 2005). Similarly,  values for isotopically “clumped” species 

(18O18O and 17O18O) can be defined: 

θ36/34 =
ln αk

36

ln α34
k
                                                                    (2.12) 

θ35/34 =
ln αk

35

ln α34
k
                                                                    (2.13) 

Here, a value for 36/34 of 2 and 35/34 of 1+17/18 would preserve 36 and 35 values upon 

fractionation (Yeung et al., 2012). Higher values of 36/34 and 35/34 relative to those 

specified above would yield increases in 36 and 35 values, while lower values of 36/34 

and 35/34 relative to those specified above would yield decreases in 36 and 35 values. 
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2.2.3. Model of the gas-exchange experiment 

To model the kinetic component of the gas-transfer process, one must derive an 

expression for the fluxes of O2 isotopologues across the air-water interface. Net O2 fluxes 

F depend on a transfer coefficient (k) and the concentration gradient (∆C) across the 

interface: 

                                                           F = k × ∆C                                                            (2.14) 

Following Knox et al., (1992), and Tempest & Emerson, (2013), we express eq. 2.14 in 

terms of the O2 partial pressure P, its Henry’s law constant , and the concentration of O2 

in the dissolved phase cd: 

dCd

dt
= k(Pγ − cd)                                                      (2.15) 

The Henry’s constant of O2 can be calculated from its solubility at air partial pressure 

(Garcia & Gordon, 1992). The term (P-cd) represents the “concentration gradient” across 

the air-water boundary when out of solubility equilibrium. 

Because 16O16O occupies >99.5% of the total oxygen budget, we assume that the 

volumetric change in O2 measured at the buret is equal to the change in 16O16O. This 

assumption results in a <0.5% error, which is negligible. Using this assumption, the net 

flux of 16O16O across the air-water interface is expressed as a change in its concentration 

in the dissolved phase (Ld): 

dLd

dt
= kL(PγL − Ld)                                                           (2.16) 
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Ld equals to the mole number of 16O16O divided by the volume of water (V) in the flask. 

A similar expression can be derived for the heavy isotopologues (16O17O, 16O18O, 17O18O, 

and 18O18O) in the dissolved phase (Hd): 

                                       
dHd

dt
= kH[P ∗ (

H

L
)

g
∗ γH − Hd]                                                   (2.17) 

where each isotopologue has its own Henry’s law constant and a partial pressure 

corresponding to its abundance in the gas phase. 

Mass balance connects the dissolved phase and the gas phase because the 

headspace-water system can be treated as a closed system. The isotopic composition of 

the headspace gas [i.e., (H/L)g] at any point in time is therefore related to the isotopic 

composition of the initial headspace gas and the concurrent dissolved gas via eq. 2.18: 

(
H

L
)g =

VgiHi−VHd

VgiLi−VLd
                                                                   (2.18) 

In eq. 2.18, Vgi, Hi, and Li represent the initial head space volume, gas phase heavy 

isotopologue concentration, and light isotopologue concentration, respectively. V, Hd, and 

Ld correspond to the water volume, dissolved heavy isotopologue concentration, and 

dissolved light isotopologue concentration at time t. By substituting (H/L)g (eq. 2.18), kH 

(eq. 2.9) and H (eq. 2.7) into eq. 2.17 we arrive at: 

dHd

dt
= kLαk(P ∗

VgiHi−VHd

VgiLi−VLd
 ∗ γL ∗ αeq − Hd)                                      (2.19) 

The kL value is calculated from the temporal evolution of the buret water level, while the 

other variables are known, measured, or inferred (see below). The model can be stepped 

in a forward direction using eqs. 2.16 and 2.19 starting with known isotopologue 



20 
 

compositions at time t = 0 to calculate the temporal evolution of the headspace O2 

isotopologue composition. 

Our model inherits most of the notation and expressions used in Knox et al., 

(1992). Kaiser (2011) derived a slightly different model, defining separate evasion 

(outgassing) and invasion (ingassing) kinetic fractionation factors:  

c
dδ

dt
= kL[csat(εI − δ) − cεE(1 + δ)]                                        (2.20) 

The evasion kinetic fractionation factor (1+E) in eq. 2.20 is the same as k in eq. 2.19, 

while the invasion kinetic fractionation factor (1+I) is equal to the product of the kinetic 

and equilibrium fractionation factors k × eq. 

Note that over the course of the gas exchange experiment, the falling water level 

in the buret causes the flask’s headspace pressure P to decrease. This pressure drop arises 

from an increase in the ballast volume (the volume above the headspace of the buret in 

Fig. 2.2) and a decrease in the hydrostatic pressure (Phydrostatic). The former accounts for 

about one-third of the excess pressure drop and the latter accounts for the remaining two-

thirds. Both of these effects are included in the calculation of the flask headspace 

pressure according to eq. 2.21, 

P = Pi − ∆Phydrostatic − ∆Pballast = Pi − ρg∆h − Patm
∆V

Vbulb+∆V
                      (2.21) 

where Pi is the initial headspace pressure of water flask, Pballast is the pressure change in 

the ballast volume caused by the volume change V,  is the density of water, g is the 

acceleration due to gravity (9.81 m s-2), and h is the drop in water level in the buret 
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relative to that in the flask (it increases over the course of the experiment). The 

atmospheric pressure (Patm) used here is the average sea-level pressure, 101.325 kPa.  

Finally, during the experiment, the volume of the gas in the flask headspace also 

changes by a volume ΔVdis as the gas dissolves into water:  

∆Vdis = Vgi − Vg                                                              (2.22) 

We update this volume change into our forward model at each time step. An ideal gas 

law is used to calibrate both the volume change and the pressure change in the flask 

system. 

A systematic error may arise from the initial O2 saturation state of the water in the 

buret. Although the water was carefully degassed via boiling, air ingassing during buret 

filling was unavoidable. This ingassing caused a non-zero saturation for the buret water, 

which enters the flask during the experiment and degasses into the headspace. The 

potential errors due to this complication will be discussed in the context of the results in 

Section 2.3.4. 

 

2.3. Results 

2.3.1. Air-water equilibration 

Measurements of O2 dissolved in water yielded 18O and 17 values consistent 

with previous determinations, i.e., 0.699 ± 0.032 ‰ and 10 ± 2 ppm (95% confidence 

intervals, n = 12; see Table 2.1), which suggest that 17/18,eq = 0.528 (Reuer et al., 2007; 

Palevsky et al., 2016). The 36 values may be slightly lower than from those of air, but 
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they are not distinguishable at the 95% confidence level: At 25°C, we measured a 

clumped-isotope compositions of dissolved O2 in water of 35 = 0.98 ± 0.07 ‰ and 36 = 

1.944 ± 0.018 ‰ (95% CI; n = 12) compared to 35 = 1.02 ± 0.05 ‰ and 36 = 1.972 ± 

0.023 ‰ (95% CI; n = 17) for Houston air measured during the same analytical sessions 

(Yeung et al., 2016). These values are consistent with equilibrium dissolution 

fractionating O2 isotopologues with θ35/34 = 1 + θ17/18 and θ36/34 = 2.00. While we cannot 

rule out θ36/34,eq ≤ 2 at solubility equilibrium, θ36/34,eq > 2 appears unlikely. Neither 

isotopologue mass law leads to detectable changes in n values upon dissolution. Based 

on these results, we will use θ17/18,eq = 0.528, θ35/34,eq = 1.528, and θ36/34,eq = 2.00 to 

describe the isotopologue fractionation at solubility equilibrium. 

Table 2.1 Isotopic compositions for air dissolved in distilled water at 25°C. 

Sample δ18O / ‰ 17Δ / ppm Δ35 / ‰ Δ36 / ‰ 

1 0.724 9 0.89 1.916 

2 0.627 14 0.96 1.992 

3 0.620 12 0.93 1.933 

4 0.704 4 0.93 1.957 

5 0.776 6 0.76 1.961 

6 0.717 17 1.02 1.900 

7 0.764 5 1.07 1.904 

8 0.724 9 0.95 1.970 

9 0.727 10 1.05 1.938 

10 0.634 10 1.16 1.951 

11 0.689 10 1.08 1.937 

12 0.680 9 0.92 1.968 

Mean ± 1σ 0.699 ± 0.051 10 ± 4 0.98 ± 0.11 1.944 ± 0.028 

Mean ± 95% CI 0.699 ± 0.032 10 ± 2 0.98 ± 0.07 1.944 ± 0.018 

Air ± 95% CI† 0.000 ± 0.016 0 ± 2 1.02 ± 0.05 1.972 ± 0.023 
†Measured during the same analytical sessions as the experiments. 
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2.3.2. kL value (gas transfer coefficient for 16O16O) 

The kL value is the rate coefficient describing O2 dissolution into water. To obtain 

this value, we first calculated the O2 saturation state in water over time using observed 

buret volume changes, the ideal gas law, the O2 solubility, and the total volume of water 

in the flask. Next, we used the solution to eq. 2.16, i.e., 

Ld = PγL(1 − e−kLt)                                                         (2.23) 

to obtain kL from an exponential fit to the temporal evolution of dissolved O2 

concentration. The results are shown in Fig. 2.3. The misfit between some fitted values 

and experimental data is mainly caused by the variation of temperature during the 

experiment. Gas transfer rates were modulated by changing the size and rotation rate of 

the stir bar between experiments. 

 

Figure 2.3 Oxygen saturation vs. time for all three experiments along with the kinetic gas 

transfer coefficient of O2. The uncertainty in the saturation measurements is 0.5%, but the 

overall uncertainty is larger due to potential temperature fluctuations and inaccuracies in the 

initial buret-water saturation (see Section 2.3.4). The kL values obtained were 0.0351 ± 0.004 h-1 

(R2=0.999), 0.138−0.006
+0.005 h-1 (R2=0.992), and 0.0990 ± 0.003 h-1 (R2=0.998) for experiments 1, 2, 

and 3, respectively, with the uncertainty limits reflecting 95% confidence intervals. 
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2.3.3. Kinetic fractionation factors 

Kinetic fractionation factors were determined from the time-evolution of 

headspace O2 isotopic compositions. Representative plots of the change in isotopic 

composition as a function of O2 saturation are shown in Fig. 2.4. The rest 2 experiments 

results are presented in supplementary materials.  We fit the experimental data to the 

model curve (eqs. 2.16 and 2.19) using a least-square algorithm and obtained best-fit 

kinetic fractionation factors and their fitting errors for the minor isotopologues. The 

results are listed in Table 2.2. 

 

Figure 2.4 Representative experimental results for the kinetic gas transfer experiment. The 

red points show the measured data points with analytical 1 error bars and the dark blue line 

shows the best-fit model result. Values of (A) 18O, (B) 17, (C) 36, and (D) 35 for the 

headspace O2 are plotted against dissolved O2 saturation. In A, near 100% saturation, there is an 

offset between the modelled 18O and experimental one which is discussed in section 2.3.4. In B, 

C, and D, the green and yellow lines show sensitivities of the model curve to assumed  value. In 

D, a best-fit 35/34 was not found, so the dark blue line corresponds to a model that assumes 
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35k=34k
33k or 35/341+17/18. The data for the other two experiments can be found in the 

supplementary materials. 

 

Table 2.2 Best-fit kinetic fractionation factors and θ values for 16O17O, 16O18O, and 
18O18O obtained from gas-exchange experiments. 

Experiment 𝜶𝟑𝟒
𝒌 𝜶𝟑𝟑

𝒌 𝜽𝟏𝟕/𝟏𝟖,𝒌 𝜽𝟑𝟔/𝟑𝟒,𝒌 

1 0.9974† 0.9987† 0.514±0.003 1.950±0.043 

2 0.9980† 0.9990† 0.520±0.005 1.936±0.063 

3 0.9981† 0.9990† 0.517±0.004 1.957±0.058 

Mean ± 1σ 0.9978±0.0004 0.9989±0.0001 0.517±0.002 1.948±0.032 

†Fit uncertainties not shown because they are much smaller than the experimental reproducibility. 

 

Figure 2.4A shows an increase in 18O values of headspace O2 at the beginning of 

the experiment, reaching a peak at around 50% or 60% saturation. The precise O2 

saturation state corresponding to the maximum 18O value depends on kL. In general, 

lighter isotopologues diffuse into water faster than heavy isotopologues, so the residual 

O2 in the headspace has a higher proportion of heavy isotopologues during early stages of 

the experiment. As O2 builds up in the dissolved phase, the outgassing flux from the 

dissolved phase increases. The lighter isotopologues outgas preferentially from the 

dissolved phase, which then lowers the proportion of heavy isotopologues in the 

headspace. An equilibrium is reached when the outgassing and ingassing rates are equal 

for all species. The expected equilibrium values of 18O are -0.265‰, -0.245‰, and -

0.257‰ for Experiments 1, 2, and 3, respectively. We note here that all three experiments 

showed a lower 18O than expected at equilibrium. This deviation is also apparent in the 
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previous experiment by Knox et al. (1992), although it was not discussed; we will address 

this disparity and its implications in more detail in Section 2.3.4.  

The mean 34k value derived from the three experiments was 0.9978  0.0004 

(1σ). The change in 17, 35, and 36 values was small, suggesting a 17/18,k ≈ 0.518, 

35/34,k  1+17/18,k  1.5, and 36/34,k  2. We also obtained a mean 17/18,k value of 0.517  

0.002 and a mean 36/34,k value of 1.948  0.032 (1σ, n = 3 experiments). The fitting 

errors are performed by the model and fitting errors for 34k and 33k are smaller than the 

last digits which are not reported in Table 2.2. To test the veracity of these results, we 

also ran 3000 independent fits for each parameter in each experiment after randomly 

varying all data points in a normal distribution about the measured values (within the 

analytical standard deviation, i.e., ±3 ppm for 17 and ±0.04‰ for 36). The means of the 

probability distributions for these “Monte Carlo” experiments (Fig. 2.5) yield 17/18,k = 

0.517 ± 0.003 and 36/34,k = 1.948 ± 0.011 (1) for the three experiments, which are 

indistinguishable from the unperturbed best-fit results. Shapiro-Wilk normality tests 

suggest that the Monte Carlo distributions are quasi-normal: they are indistinguishable 

from normal when n = 300 (p =0.08), but distinguishable for n = 3000 (p < 3 × 10-4).  
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Figure 2.5 Histograms of (A) 17/18 and (B) 36/34 by the Monte Carlo method (n=3000). The 

histograms show quasi-normal distributions (see text). The red dotted lines show theoretical θ17/18 

and θ36/34 values for pinhole diffusion (0.509 and 1.943, respectively), and O2-water interdiffusion 

for one water molecule (0.514 and 1.907, respectively). 

 

2.3.4. Main Uncertainties 

As shown in Fig. 2.4A, we observed an offset between the modeled and 

experimental 18O value at the end of the experiment (~100% O2 saturation). This offset 

may have had four potential origins: air contaminations present at the start of the 

experiment, air contaminations that accumulated over the course of the experiment, 

artifacts associated with repeated sampling of the headspace O2, and artifacts associated 

with temperature inaccuracy. Below we examine each possibility. 

The most likely source of air contamination at the start of the experiment was air 

dissolved in the buret water; although the water was degassed by boiling, air ingassing 

during buret filling was unavoidable. Dissolved air in the buret water can outgas into the 

headspace once it enters the Kimax flask. To estimate the potential effects from this 

contamination, we use a mass balance relationship to calculate the isotopic composition 

of the headspace gas: 

V1δ18Oair + V2δ18OWG = (V1 + V2)δ18OWG altered                             (2.24) 

where V1 and V2 represent the volume of buret oxygen and the volume of headspace 

oxygen, respectively. Here, 18OWG = 0 and 18Oair is equal to the ambient atmospheric 

value of –3.2‰. We estimate the maximum contamination by calculating V1 assuming 

100% air saturation for the buret water based on Henry’s law. If V2 is the initial 

headspace volume, ~450 ml, we obtain 18OWG altered = –0.008‰, which is not enough to 



28 
 

explain the –0.11‰ offset between the expected value and experimental value. To 

achieve –0.11‰ for 18OWG altered, V1 needs to be 14.5 ml, which requires 2.4 L of air-

saturated water (about 12 times more than observed) to enter the Kimax flask. If V2 is the 

final headspace volume, ~250 ml, we obtain 18OWG altered= –0.015‰, which is still not 

enough to explain the –0.11‰ difference. Another potential source of air contamination 

at the start of the experiment is incompletely degassed water. We had verified that the 

headspace pressure was equal to the vapor pressure of water (24.9±1.6 mbar) before each 

experiment, so the total contaminant from this source was negligible.  

Air leaks through vacuum fittings during the experiment may also have affected 

18O values of the headspace O2. Indeed, we observed small argon peaks during gas 

chromatography (GC) purification of the latter samples, consistent with the hypothesis of 

air leaking into the Kimax flask. The integrated area of argon on the GC suggests that the 

total contribution from air-O2 was ~1.4% of the headspace O2, or –0.04‰ in 18O, during 

the longest experiment. That experiment had the largest 18O offset at the end (–0.11‰), 

while the shorter second and third experiments had smaller offsets (–0.05‰ and –

0.09‰). This effect may also have been important for the Knox et al., (1992) study, in 

which the experiment lasted more than 400 hours and showed a 18O offset >0.1‰ at 

100% O2 saturation. 

A third possible source of error is the removal of headspace O2 during the 

experiment for analysis. It yields two possible errors. The first error arises from the 

sampling-induced decrease in the headspace volume of ~30 ml (~60 ml for experiment 1 

because the headspace was inadvertently expanded into a larger volume just before 

sampling the last two samples) over the course of an experiment. This decrease in 
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headspace volume alters the partitioning of O2 between the dissolved and gas phase—a 

larger proportion of the total O2 remaining is dissolved—resulting in a 18O change of 

about –0.02‰ (–0.04‰ for experiment 1) at equilibrium. Samples collected at early 

stages of the experiments are affected less. The second error arises from the removal of 

kinetically fractionated gas from the system when the 18O of the headspace is higher 

than 0‰. If all the O2 removed has 18Oremoved = 0.2‰, the maximally fractionated gas in 

the experiment and the initial headspace is ~450 ml, the total change on the 18O of the 

system that results –0.014‰ (–0.030‰ for experiment 1). Note that this is an extreme 

case because 18Oremoved ≤ 0.2‰ under most conditions. 

The fourth possible source of error is an inaccuracy in the temperature during the 

experiment. Temperature changes would affect the concentration of O2 in the dissolved 

phase. The maximum variance of temperature during the experiment is <2 C (i.e., the 

temperature was 22  1 C), which results in an uncertainty of ±2% in solubility and 

0.005‰ in 18O values. The temperature inaccuracy would be manifest on the saturation 

plot because the saturation state is calculated according to the measured temperature. The 

final saturation values were within 3.5% of 100%, which is similar to the expected 

accuracy. Temperature may have affected the gas transfer rate kL, but its effects were 

small compared to those of the water-mixing rate. 

We estimate that the cumulative 18O offset at 100% O2 saturation due to all four 

of the effects described above is –0.086‰ (–0.121‰ for experiment 1), which can 

explain the offset observed. We also calculated the expected cumulative offsets due to the 

four effects described above for 17, 36, and 35 values. The maximum variance in 18O 
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for the whole experiment is -0.11‰ which account for 3.4% air contamination according 

to eq. 2.24. The 17 value for air is –100 ppm relative to the working gas, whereas the 36 

and 35 values for air are about 0.64‰, and 0.3‰ higher than that for air, respectively. 

By substituting 17, 36, or 35 into eq. 2.24—which is a sufficiently accurate 

approximation of the true mixing relationship in this case—we obtain deviations of –

3ppm, 0.02‰, and 0.01‰ in the 17, 36, and 35 values, respectively. These deviations 

are not detectable based on our long-term external precision (1). Air contaminants 

similar in magnitude to the one observed would not result in a detectable offset in those 

values.  

Consequently, the main uncertainty arising from the 18O offset is in the 34k 

value. Yet, most data points still show good agreement with the model: the high-

saturation points (those in the equilibrium-dominated regime) are the most affected, while 

the low-saturation points (those in the kinetically controlled regime) were less affected. 

The sampling density was highest in the low-saturation region, so the 34k value is likely 

robust. 

 

2.4. Discussion 

2.4.1. Kinetic fractionation factors of O2 isotopologues 

Our mean measured 34k value is 0.99780.0004 (1σ), which is not significantly 

different (using p = 0.05) from the value determined by Knox et al., (1992), 34k = 

0.99720.0002 (1σ). The mean 17/18,k value of 0.5170.002 (1σ) falls in a reasonable 

range for mass dependent fractionation (Young et al., 2002). It is also consistent with the 
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estimated value of ~0.510 invoked by Yeung et al., (2015) to explain bulk-isotope 

variations coming from gas transfer in a terrarium experiment. That value had been 

inferred from a biogeochemical model of the terrarium and was not a direct measurement. 

The mean 36/34,k value of 1.9480.032 is different from the estimated value of ~3.2 

suggested by Yeung et al., (2015) to explain bulk-isotope variations in a terrarium 

experiment, but the latter may have been affected by instrumental artifacts (see Section 

2.4.2). Although we were unable to find a best-fit 35/34 value from the data, the lack of 

change in 35 values during gas exchange (Fig. 2.4D) suggests that the kinetic 

fractionation of 17O18O during air-water gas transfer yields a 35/34 value close to 1.5. 

Taken together, these data provide insight into the mass-dependent fractionation 

mechanism during gas transfer across the air-water boundary.  

To understand the physical origin of these kinetic values, one can compare the 

experimental 17/18,k and 36/34,k values with mass-dependent fractionation factors for 

pinhole diffusion and gas-phase O2 diffusion (inter-diffusion) in pure water vapor. The 

17/18 and 36/34 values for these two processes are 0.509 and 1.943 for pinhole diffusion 

and 0.514 and 1.907 for inter-diffusion, respectively (Eq. 2.14), calculated using 1/2 = 

(m2/m1)
1/2 and 1/2 = (2/1)

1/2, respectively, where  is the reduced mass between the 

molecular mass of O2 and a water molecule, i.e. =mO2mH2O/(mO2+mH2O). As the number 

of water molecules increases [e.g., μO2-H2O = mO2 × 8mH2O/(mO2 + 8mH2O) for an 8-water 

hydration shell], the 17/18 and 36/34 values trend from 0.514 and 1.907 toward 0.509 and 

1.943, respectively, i.e., from the inter-diffusion to pinhole-diffusion limits. 
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The measured 17/18,k and 36/34,k values for air-water gas transfer—0.517  0.002 

and 1.948  0.032 (1σ), respectively—are close to theoretical 17/18 and 36/34 values for 

gas-phase O2 diffusion in water vapor, but they do not unequivocally reflect pinhole- or 

inter-diffusion mass dependence. The kinetic 17/18 value is indistinguishable from the 

inter-diffusion 17/18 value, but it is >2σ different from that for pinhole diffusion. 

Moreover, the Monte Carlo fit results (Fig. 2.5) show fewer than 5% of the possible 

kinetic 17/18 values being ≤0.509. In contrast, a large proportion of the possible kinetic 

36/34 values lie near 1.907. Note also that the 36/34,k value for air-water gas transfer 

depends on the assumed value for 36/34,eq at solubility equilibrium. If 36/34,eq < 2—which 

the experiments cannot not rule out (see Section 2.3.1)—then the 36/34,k value for air-

water gas transfer would be lower than the reported mean value of 1.948. In both cases, 

the data are more consistent with an inter-diffusion mass dependence than a pinhole-

diffusion mass dependence being the rate-limiting step in air-water gas transfer (Jähne & 

Haußecker, 1998). 

2.4.2. Explaining the unusual clumped-isotope fractionation in the Yeung et al., (2015) 

dark incubation experiments  

 Yeung et al., (2015) presented a clumped isotope analysis of headspace O2 in a 

closed system terrarium experiment. During the dark respiration period, they observed a 

rapid increase in both 36 and 35 values that they hypothesized could arise from kinetic 

gas-transfer fractionation with apparent 36/34 and 35/34 values of 3.2 and 1.8, 

respectively. The hypothesized kinetic 36/34 and 35/34 values are non-mass-dependent, 

being significantly different from 2.0 and 1.5, respectively. Our experiments show only 
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subtle kinetic effects for 36O2 and 35O2 beyond those expected for mass-dependent 

fractionation (36/34=1.9480.032 and 35/34 ≈ 1.5; Figs. 2.4C and 2.4D). The 36 and 35 

signals in the terrarium incubation experiment therefore did not arise from gas-transfer 

fractionation. Unusual clumped-isotopologue fractionation during respiration cannot be 

ruled out as a factor and awaits further testing. Analytical artifacts could also have 

contributed to the apparent non-mass-dependent fractionation in the Yeung et al., (2015) 

terrarium experiment. An empirical ion correction at mass 36 was used in those analyses 

because the IRMS was unable to resolve 18O18O (35.9983 amu) from its isobar 36Ar 

(35.9676 amu) and H35Cl (35.9767 amu). The correction was performed by peak-hopping 

to mass 40 and assuming a constant 40Ar/36Ar ratio and constant H35Cl. Variations in 35Cl 

and H35Cl ion currents could have affected the measurement of both 36 and 35 values in 

the earlier experiments. We note these corrections were not necessary on the high-

resolution IRMS used in this study (Yeung et al., 2016). 

2.4.3. Effect of kinetic gas-transfer fractionation on GOP estimates 

 The triple oxygen isotope composition of dissolved O2 in the oceanic mixed layer 

has been widely used for determining the gross oxygen productivity (GOP) (Luz & 

Barkan, 2000, 2005, 2009; Hendricks et al., 2004; Juranek & Quay, 2005, 2010, 2013; 

Sarma et al., 2005; Reuer et al., 2007; Quay et al., 2010; Kaiser, 2011; Prokopenko et al., 

2011; Munro et al., 2013; Nicholson et al., 2014; Palevsky et al., 2016; Haskell et al., 

2016). However, kinetic gas-transfer effects on these estimates have not yet been 

determined in part because the 17/18,k value had not been measured before this study. 

Most of the surface ocean is out of solubility equilibrium for O2 by several percent, so 

kinetic gas-transfer fractionation could be important. In particular, portions of the 
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Southern Ocean are undersaturated with respect to O2 on an annual-mean basis (Fig. 2.1), 

and it is a key region for the oceanic biological carbon “pump” on glacial-interglacial 

timescales (Sigman & Boyle, 2000). 

 A kinetic isotopic effect-enabled box model for the mixed layer was first derived 

by Kaiser (2011). Below, we present the model using the notation of Prokopenko et al. 

(2011): 

h
d([O2])

dt
= G − R − k([O2] − [O2]eq)                                            (2.25) 

h
d([O2] Xdis

∗ )

dt
= G X∗

p − Rαres Xdis
∗ − kαk([O2] Xdis

∗ − [O2]eq Xeq
∗ )      (2.26) 

In eq. 2.25, h is the depth of mixed layer, d([O2])/dt is the change in dissolved O2 

concentration through time, G and R are the gross photosynthesis and respiration rates in 

the mixed layer, respectively. The third term, k([O2]-[O2]eq), is the gas-transfer term in 

which k is the piston velocity and [O2]-[O2]eq is the extent of O2 solubility disequilibrium 

in the mixed layer. Eq. 2.26 describes the isotopologue-specific concentration change 

through time using the term *X to quantify the relative concentration of each minor 

isotopologue *O2: 

X∗ =
[ O2

∗ ]

[ O32
2]

                                                       (2.27) 

corresponding to O2 produced by photosynthesis (Xp), the O2 dissolved in that water 

sample (Xdis), and O2 at solubility equilibrium in the local environment (Xeq). On the 

right side of eq. 2.26, GXp and RresXdis characterize the photosynthetic and respiratory 

fluxes of O2 isotopologues, respectively, relative to the flux of the major 16O16O 

isotopologue (32O2 comprises 99.5% of all O2, so the model assumes that the total O2 flux 
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is the same as 32O2 flux). The respiration and gas-transfer terms include respective 

fractionation factors res and k to represent the dependence of their rates on 

isotopologue. The kinetic k term is the only modification from the Prokopenko et al. 

(2011) steady-state model. 

If the mixed layer is in a steady state for both O2 concentration and O2 

isotopologues (i.e., d([O2])/dt = 0 and d([O2]Xdis)/dt = 0), then eqs. 25 and 26 simplify to: 

G

k[O2]eq
=

F1−0.518F2+(0.518−1)(
[O2]

[O2]eq
−1)

F3−0.518F4
                                               (2.28) 

where 

F1 = α
k

θ17/18,k ∗ (
[O2]

[O2]eq
−

δ O17
eq∗10−3+1

δ O17 ∗10−3+1

18 )                                          (2.29) 

F2 = αk ∗ (
[O2]

[O2]eq
−

δ O18
eq∗10−3+1

δ O18 ∗10−3+1

18 )                                             (2.30) 

F3 =
δ O17

GOP∗10−3+1

δ O17 ∗10−3+1
− 1                                                        (2.31) 

F4 =
δ O18

GOP∗10−3+1

δ O18 ∗10−3+1
− 1                                                        (2.32) 

These equations are similar to those in Prokopenko et al. (2011), except with kinetic 

fractionation terms included in the expressions for F1 and F2. We note that eq. 2.28 is 

similar to Eq. (1) in the paper of (Kaiser & Abe, 2012),which has a different preferred 

notation. All the terms in eq. 2.28-2.32 can be measured in the mixed layer or have been 

measured in the lab; the terms without subscripts are measured in the mixed-layer O2.  

To evaluate potential effects of kinetic gas-transfer fractionation on open-ocean 
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estimates of GOP, we used a triple-isotope dataset from the Southern Ocean reported in 

Reuer et al., (2007). Because the authors did not report the O2 saturation state, we 

assumed an Ar saturation state in this region of 95%, which, when combined with their 

reported O2/Ar values, yields an O2 saturation state similar to the annually-averaged 

range in this region (i.e., 90%-100%). We then compared the relative error in GOP 

incurred for several values of 17/18, k (Fig. 2.6). We evaluated the effects of kinetic gas 

transfer for three values of 17/18, k: 0.517, the mean experimental value; 0.520, the highest 

measured value; and 0.514, the lowest measured value. 

Figure 2.6 Potential effects from O2 solubility disequilibrium on Southern-Ocean GOP 

estimated using data reported by Reuer et al., (2007). Relative error is defined as 

(GOPKinetic/GOPWithout_Kinetic -1)*100%. The dashed lines show bounds of ±10% relative error. 

Plots show relative error in GOP as a function of (A) GOP and (B) O2 saturation. 

 

The calculation shows that kinetic gas-transfer fractionation of isotopologues can 

have a significant impact on GOP estimates, but only when GOP is low. When GOP is 
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high, the error is generally small (<5%). When GOP is low (e.g., GOP < 50 mmol O2 m
-2 

d-1), the error incurred can be up to 50% in this dataset; however, most data points are 

within 10% of the GOP calculated if kinetic gas-exchange fractionation is omitted, with 

a maximum observed inaccuracy of 12 mmol O2 m
-2 d-1. Evidently, the large relative 

errors for low GOP are driven by the small magnitude of triple-isotope signals when GOP 

is close to zero. This result highlights not the importance of kinetic gas-exchange 

fractionation, but instead the difficulty in measuring GOP in low-productivity regions, 

which can also be biased by entrainment of thermocline waters (Nicholson et al., 2012) or 

errors in bulk gas transfer rates (Ho et al., 2006). 

The Southern Ocean is an extreme case with respect to dissolved oxygen 

saturation, so we expect triple-isotope-based GOP errors arising from omitting kinetic 

gas-exchange fractionation to be even smaller in most open-ocean environments. In some 

estuaries and coastal environments, O2 can be strongly supersaturated, however, so GOP 

determinations in those contexts may require an explicit treatment of O2 kinetic 

fractionation across the air-water interface (Manning, 2017). 

2.4.4. Potential implications for respiration under diffusion limitation 

 Both theory and the isotopic data suggest that the rate-limiting step for O2 gas 

transfer across the air-water interface is diffusion across the aqueous boundary layer 

(Jähne & Haußecker, 1998). Consequently, kinetic fractionation across the air-water 

interface can be connected to diffusive fractionation in the dissolved phase. 

Diffusive fractionation is important in marine communities that are endemic to 

sediments and in particles, where the fractionation of isotopes is determined by both 



38 
 

diffusion and respiration. One can use a “community” fractionation factor to represent the 

overall effect of these mechanisms. For a benthic environment (treated as a semi-infinite 

slab), it can be shown that the O2 concentration profile inside the slab follows an 

exponential decay below the sediment-water interface. The fractionation factor for this 

process equals (Bender, 1990): 

α34
c = (

k34 D34

k32 D32 )1/2                                                        (2.33) 

where k is the respiration rate and D is the diffusion coefficient for different dissolved O2 

isotopologues. The kinetic fractionation due to microbial O2 consumption is 34r=
34k/32k 

≈ 0.982 (Schleser, 1979; Bender, 1990), while the kinetic fractionation due to diffusion is 

the ratio of coefficients, 34D =34D/32D. The ratio of diffusion coefficients is related to the 

kinetic gas transfer fractionation via eq. 2.11. In our experiment, we observed no visible 

waves, so the exponent may be closer to 2/3 (limit of perfectly smooth surface) than ½ 

(rough surface), i.e., 

α34
k = (

D34

D32 )
2

3                                                                       (2.34) 

Using this relationship, we calculate a community fractionation factor of 34c = 0.989 for 

exponents of 2/3 and 1/2. The results for the other isotopologues are shown in Table 2.3. 
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Table 2.3. The fractionation factors of dissolved O2 and the relationship between 
16O17O, 16O18O, and 18O18O in the aphotic zone (n=2/3) 

Factors Diffusion Respiration Community  

𝛼33  0.9983 0.991 0.994 

𝛼34  0.9968 0.982 0.989 

𝛼36  0.9937 - - 

𝜃17/18,𝑘 0.517 0.518 0.518 

𝜃36/34,𝑘 1.948 - - 

𝜃17/18,𝑡ℎ𝑒𝑜𝑟𝑦
† 0.514 0.518 0.518 

𝜃36/34,𝑡ℎ𝑒𝑜𝑟𝑦
† 1.907 - - 

†For interdiffusion of O2 through water vapor. 

  

Kinetic fractionation from diffusion, community fractionation, and respiration 

fractionation are all important in the aphotic zone. Depending on whether respiration is 

diffusion-limited, the expression of these fractionation factors could be variable; in the 

case of 18O fractionation, the total range of variability is a factor of two. The θ values 

may be more constant. Mixing, however, is also important for the O2 budget (Bender, 

1990; Levine et al., 2009). Complementary analysis of 17, 36, and 35 values in the 

aphotic zone, which reflect the same contributions from diffusion, respiration, and 

mixing, may provide the needed additional constraints on these processes in the dark 

ocean. 
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2.5. Conclusions 

We present the first experimental determinations of the kinetic isotopic 

fractionation factors of oxygen isotopologues during air-water gas transfer, k, for 

16O17O, 17O18O, and 18O18O relative to 16O16O, and the equilibrium isotopic fractionation 

factor for 17O18O and 18O18O relative to 16O16O. We also re-determined the kinetic 

16O18O/16O16O fractionation factor, quantified as a 34k value, which agrees with the 

previous determination by Knox et al., (1992). The results suggest that kinetic gas 

transfer likely has negligible effects on GOP in the open ocean. However, in areas of low 

GOP, analytical uncertainties and uncertainties in gas transfer rate dominate the 

uncertainties in GOP estimates. The results may also be applicable to the study of O2 in 

the deep ocean, where diffusion, respiration, and mixing render the budget difficult to 

constrain uniquely. Finally, these data will support fundamental theoretical studies of 

diffusive fractionation in the liquid phase, for which experimental data on the mass 

dependence of diffusion for diatomic molecules has been lacking. 

 

 

 

 

 

 



 
 

Chapter 3 

On the use of dissolved oxygen isotopologues as biogeochemical 

tracers in the Pacific Ocean 
 

3.1. Introduction: 

3.1.1 Overview 

Respiration and transport play fundamental roles in the chemical budgets of the 

subsurface ocean. Yet the myriad physical and biological processes comprising these 

budgets are challenging to resolve. Aerobic respiration remineralizes nutrients contained 

in organic matter, removes dissolved O2 from seawater, and produces CO2, while large-

scale advection redistributes these constituents globally. Eddy diffusion operates in 

concert, decreasing concentration gradients on a smaller scale. Finally, ventilation at the 

surface drives the concentration of dissolved O2 and CO2 toward solubility equilibrium 

with the atmosphere. In principle, bioactive tracers like nutrients, dissolved inorganic 

carbon (DIC) and oxygen concentration can track features of these processes, but they 

cannot fully decouple respiration and transport in deep sea: Distributions of nutrients and 

DIC vary stoichiometrically with oxygen concentration, and hence none of them provides 

independent constraints on respiration or transport (Takahashi et al., 1985). 

 Direct measurements of respiration rates in the deep sea are challenging because 

rates are slow and vary with location. Apparent oxygen utilization (AOU) can be 

combined with mean water mass ventilation ages to estimate oxygen utilization rates 

(OURs) (Feely et al., 2004). Mean water mass ages can be obtained through ocean 

circulation modeling (Riley, 1951; Craig, 1969; Haine & Hall, 2002), radiometric dating 
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(e.g., 14C of DIC) (Matsumoto, 2007; Koeve et al., 2015) or via the evolution of recently 

incorporated chemical constituents (e.g., chlorofluorocarbons) (Sonnerup, 2001). Implicit 

in the OUR method, however, are the assumptions that ventilation results in solubility 

equilibrium for O2 and diffusive mixing influences AOU and age in the same way. The 

former is violated at high latitudes (Ito et al., 2004), while the latter depends on the 

characteristic timescales of O2 consumption and tracer decay. For example, a water mass 

at 50% O2 saturation may have formed via closed-system respiration (i.e., OUR = 

AOU/age) or through mixing of many partially respirated water masses (i.e., OUR = 

ΣfiAOUi/agei, where the AOU, age, and mixing fraction f of each constituent water mass i 

is not known) (Bender, 1990). Consequently, other tracers are needed to characterize the 

marine oxygen budget. 

The distribution of O2 isotopologues―the 18O value of O2 in particular―has 

been used to disentangle respiration from transport, as closed-system respiration and 

mixing effects are distinguishable (Bender, 1990; Quay et al., 1993; Levine et al., 2009). 

Still, this single additional constraint has proven non-unique in part because reproducing 

18O-O2 relationships requires independent knowledge of isotopic fractionation factors in 

the deep ocean. These fractionation factors can vary widely depending on environmental 

conditions such as diffusive limitations (Bender, 1990) or temperature (Stolper et al., 

2018). Oxygen has three stable isotopes and O2 has six stable isotopologues, however, so 

measurements of multiple O2 isotopologues in the same sample of seawater may alleviate 

some of these uncertainties. Previous work on the triple oxygen isotope composition of 

O2 (i.e., 17Δ values, which are derived from δ18O and δ17O values; see Methods) has 

focused on estimating productivity in the surface ocean (Bender, 2000; Juranek & Quay, 
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2013; Luz & Barkan, 2000), although a few studies report data in the deep ocean. 

Hendricks et al., (2005) reported the most extensive dataset from the subsurface 

equatorial Pacific, which revealed some surprising and unexplained observations. First, 

non-monotonically varying 17Δ values in the aphotic zone were observed, peaking at 

moderate (50 - 80%) O2 saturation, which were interpreted as a combination of 

photosynthesis in waters below the 1% light level and entrainment of productive waters. 

Second, some 17Δ values at <50% O2 saturation were unusually low and only explicable 

as two-component mixtures between extreme endmembers (e.g., surface water and a ~5% 

O2 saturation water mass). Moreover, recent experimental and theoretical evidence for 

variable isotopic fractionation factors in the 17Δ system have offered alternate 

explanations for these data (Stolper et al., 2018; Ash et al., 2020). The sensitivity of 17Δ 

values to photosynthesis, and uncertainty in the relevant isotopic fractionation factors 

complicates their use as tracers of respiration and mixing in the ocean. 

The distributions of the remaining resolvable O2 isotopologues in the ocean, 

17O18O and 18O18O, have not yet been investigated. Yeung et al., (2015) and Ash et al., 

(2020) showed that they are affected by photosynthesis and respiration, but in a manner 

different from either of the singly-substituted isotopologues (16O17O and 16O18O). This 

complementary sensitivity to biogeochemical isotopologue fractionation, constrained by 

preliminary isotopic fractionation factors, may facilitate a unified description of O2 

consumption and transport in deep ocean. 

Here we present new O2 concentration and isotopologue data from northeast 

Pacific, from the surface into the aphotic zone. Bulk- (i.e., δ18O and 17Δ values) and 

clumped-isotope (i.e., Δ36 values reflecting 18O18O) compositions were measured in the 



44 
 

same dissolved O2 samples for the first time to explore the potential utility of this suite of 

tracers to constrain respiration and transport in the ocean. We develop a 2-D isopycnal 

reaction-transport model to examine the effects of respiration, photosynthesis, and 

diapycnal mixing on O2 isotopologue patterns in the Pacific. Finally, we revisit previous 

interpretations of deep-sea δ18O and 17Δ data and discuss the potential role of the recently 

proposed superoxide O2 consumption pathway (Sutherland et al., 2020) on the O2 budget 

of the ocean. 

 

3.2. Methods: 

3.2.1 Isotope terminology and systematics 

Dissolved O2 isotopologue ratios are reported as 18O, 17 and 36 values for 

16O17O, 16O18O, and 18O18O, respectively. The definitions of these terms are based on 

isotope/isotopologue ratios R. The denominator for R is always the most abundant isotope 

or isotopologue (i.e., 16O or 16O16O), while the numerator is the rare isotope or 

isotopologue of interest. For example, the 18O18O isotopologue has a R value defined by 

𝑅36 =
[ 𝑂18 𝑂18 ]

[ 𝑂16 𝑂16 ]
                                      (3.1) 

and is equal to the molar concentration of 18O18O divided by that of 16O16O. Similar 

definitions are made for 18R (i.e., [18O]/[16O]) and 17R (i.e., [17O]/[16O]). The 18O, 17 and 

36 values are defined as 

𝛿18𝑂 = (
𝑅18

𝑠𝑎𝑚𝑝𝑙𝑒

𝑅18
𝑎𝑖𝑟

− 1)                                                   (3.2) 
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∆17 = 𝑙𝑛
𝑅𝑠𝑎𝑚𝑝𝑙𝑒

17

𝑅𝑎𝑖𝑟
17 − 0.518 × 𝑙𝑛

𝑅𝑠𝑎𝑚𝑝𝑙𝑒
18

𝑅𝑎𝑖𝑟
18                     (3.3) 

∆36= (
𝑅𝑠𝑎𝑚𝑝𝑙𝑒

36

𝑅𝑠𝑡𝑜𝑐ℎ𝑎𝑠𝑡𝑖𝑐
36 − 1)                                                   (3.4) 

with 18O and 36 values reported in per mil (‰) and 17 values reported in parts per 

million (ppm). The denominators relevant to 18O and 17 values are the R values for 

atmospheric O2, which has been recently re-determined. Measurements at Rice 

University are consistent with the lab reporting Vienna Standard Mean Ocean Water-2 

(VSMOW2) as 18O = –23.481‰ and 17 =   ppm relative to atmospheric O2 

(Wostbrock et al., 2020). The denominator relevant to 36 values is defined by 

𝑅𝑠𝑡𝑜𝑐ℎ𝑎𝑠𝑡𝑖𝑐
36 = 𝑅218                                                    (3.5) 

and represents the 18O18O/16O16O ratio for a stochastic (random) distribution of isotopes 

within a given sample. 

Biogeochemical cycling leads to a broad range of potential isotopic compositions 

in dissolved O2. Isotopic fractionation due to respiration increases δ18O and Δ36 values in 

the residual O2 (Guy et al., 1993; Ash et al., 2020), but its effects on 17Δ values have 

recently been questioned: early work had initially suggested that 17Δ values do not change 

during respiration (Luz & Barkan, 2000; Angert et al., 2003; Helman et al., 2005; Luz & 

Barkan, 2005), but more recent work has argued that they may decrease (Stolper et al., 

2018) or increase (Ash et al., 2020) in the residue fraction. The two-gyre model 

employed in this study uses the fractionation factors from Ash et al., (2020), as they were 

also measured in the Rice University laboratory and supported by first-principles 

calculations of enzymatic active-site analogues (see Table 3.1 and Section 3.2.3.2). 
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Mixing relationships for δ18O values are generally linear, but mixing relationships for 17Δ 

and Δ36 values are curved and may not be monotonic with mixing fraction (Miller, 2002; 

Eiler, 2007; Yeung et al., 2012). Nevertheless, the addition of photosynthetic O2 to a 

dissolved pool of O2 tends to decrease δ18O and Δ36 values (Guy et al., 1993; Quay, 

Emerson, Wilbur, et al., 1993; Yeung et al., 2015) and increase 17Δ values(Luz & Barkan, 

2000, 2011). In principle, the combination of unique isotopic fractionation factors and 

mixing relationships for each isotopic system leads to a system of independent constraints 

on the history of a water parcel in the ocean, provided the fractionation factors for each 

biological process are known. In the deep ocean, the predominant mechanisms are 

respiration and mixing, although imprints of photosynthetic O2 addition may be present. 

Parameter Respiration Reference Equilibrium Reference 

18α 0.982 (Bender, 1990) 1.00076 

(Benson & 

Krause, 1984) 

θ17/18 0.5200 (Ash et al., 2020) 0.5312 (Li et al., 2019) 

θ36/18 2.048 (Ash et al., 2020) 1.9393 (Li et al., 2019) 

Table 3.1 Respiration coefficient and equilibrium fractionation for O2 isotopologues. 

 

3.2.2 Sampling and Measurements 

Ninety-four samples of dissolved O2 for multi-isotopologue analysis were 

collected during a transect from Hawai’i to Alaska on R/V Kilo Moana during the 

Carbonate Dissolution In Situ Kinetics project in August 2017 (CDISK IV; see Fig. 3.1). 

Depth profiles were obtained at six sampling stations from the Hawai’i Ocean Time 

Series site (22.75˚N, 158˚W) up to the Gulf of Alaska (60˚N, 149.3˚W). Sampling 

methods followed those used previously for TOI analysis of dissolved oxygen (Reuer et 

al., 2007). Briefly, Niskin bottles from a conductivity-temperature-depth rosette (CTD) 
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were sampled into pre-evacuated (<10-3 mbar), pre-poisoned (so that final HgCl2 

concentrations would be >20 μg/mL seawater) glass bottles (1L, 2L, and 5L sizes 

depends on dissolved O2 concentration) that were each fitted with a Louwers-Hanique 

9mm I.D. high-vacuum valve. During transport and storage before and after sampling, the 

side arm of the valve on each bottle was filled with water, with all visible bubbles 

removed, to minimize air contamination. 

 

Fig. 3.1 Map of CDISK4 Stations where depth profiles were obtained. CDISK4-S1 is the 

same location as the Hawaii Ocean Time Series site.  

 

Gas extraction and analysis occurred at Rice University. Headspace gases were 

first collected onto silica gel fingers, with two U-shaped traps held at -196 °C upstream of 

the gel finger to remove residual CO2 and water vapor. The gases were then purified 

according to methods described previously, using an Agilent 7890B Gas Chromatograph 

(GC) held at −80 °C to separate O2 from Ar, N2, and other trace gases (Yeung et al., 

2016). The O2/Ar ratio was calculated using calibrated GC peak integration of O2 and Ar, 



48 
 

an approach that has a precision of ±4‰ (1σ) and shows good agreement with 

manometric checks performed in a calibrated volume (Ash et al., 2020). The purified O2 

was then analyzed for its isotopic composition on a high-resolution Nu Instruments 

Perspective IS isotope ratio mass spectrometer (IRMS) in dual-inlet mode. The pooled 

standard deviations for replicates within the CDISK IV dataset were ±0.20‰, ±5 ppm, 

and ±0.045‰ (1σ) for δ18O, 17Δ, and Δ36 values, respectively. 

3.2.3 Two-Gyre Model 

Our 2-D advection diffusion reaction model is similar to the two-gyre models 

described in Levine et al., (2009) and Glover et al., (2011). We generalize the Pacific 

ocean into a 2-D isopycnal model because of the relatively strong mixing behavior within 

isopycnals and relatively weak diapycnal exchange (Bauer & Siedler, 1988; Glover et al., 

2011). Ventilation occurs at high latitudes (~40°), where air-water equilibration resets 

dissolved gas concentrations and the isotopic signatures of dissolved O2. We apply an 

equilibrium fractionation endmember for a sea surface temperature of 14˚C, which yields 

O2 concentrations consistent with those observed in the ventilation region (see Table 3.1).  

A key advantage offered by a 2-D model (compared to a 1-D model) is the ability 

to represent regional and diapycnal signals. For example, photosynthesis only happens in 

the photic zone, so its effects on the concentrations and isotopic composition O2 will 

evolve as the signal is transported, modified, and mixed into the deep ocean. 

Consequently, model runs with and without photosynthesis―which was confined to the 

ventilation region in the Northwest Pacific―were carried out. In addition, we also 

evaluated the effects of diapycnal mixing using a pseudo-3D model (2-D isopycnal + 1-D 

diapycnal “sandwich”) wherein the potential effects of diapycnal mixing are examined.  
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Below we will describe the model, the model domain, and how the transport and 

respiration parameters were constrained by observations.  

3.2.3.1. Stream function 

The 2-D isopycnal slab model contains two gyres: a cyclonic gyre to the south 

and an anticyclonic gyre to the north (Fig. 3.2). The 2-D model’s advective geometry 

mimics the circulation observed in the North Pacific gyre between 0˚ and 40˚N that is 

composed of the Kuroshio Current, North Equatorial Current, North Pacific Current, and 

California Current, and the circulation observed in the South Pacific gyre between 0˚ and 

40˚S that is composed of the Peru Current, South Equatorial Current and Antarctic 

Circumpolar Current. Equations 3.6 -3.11 describe the stream function  (Glover et al., 

2011): 

𝜓 = 𝑓(𝐴, 𝜖, 𝑥, 𝑦) = 𝐴 × 𝑓(1, 𝜖, 𝑥, 𝑦)                        (3.6) 

𝑓(𝐴, 𝜖, 𝑥, 𝑦) = 𝐴 (𝑐1𝑒
𝜆1𝑥

𝑥𝑚 + 𝑐2𝑒
𝜆2𝑥

𝑥𝑚 + 1) sin(
𝜋𝑦

𝑦𝑚
)          (3.7) 

𝜆1 =
−1+√1+4𝜋2𝜀2

2𝜀
             (3.8) 

𝜆2 =
−1−√1+4𝜋2𝜀2

2𝜀
              (3.9) 

𝑐1 =
1−𝑒𝜆2

𝑒𝜆2−𝑒𝜆1
                    (3.10) 

𝑐2 =  −1 − 𝑐1                 (3.11) 

A refers to the stream function amplitude, which controls the absolute strength of 

advection in the isopycnal layer. The variable ε controls the effective width of the 
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boundary current. A smaller value for ε decreases the width of the Western boundary 

current, making the flow narrower and more intense, while x and y refer to the coordinate 

in the isopycnal layer in eq. 3.6 and 3.7. The longitudinal and latitudinal velocities u and 

v can then be determined as (if the value is larger than 0, the direction is from W->E for v 

and S-> N for u): 

𝑢 = −
𝜕𝜓

𝜕𝑦
                                               (3.12) 

𝑣 =
𝜕𝜓

𝜕𝑥
                                                   (3.13) 

Therefore, changing the stream function amplitude A linearly changes the magnitude of 

longitudinal and latitudinal velocity. The value of ε was set to 0.015 to approximate the 

relative width of Kuroshio current (<100km). A was tuned using a cost function grid 

search described in section 3.2.3.3. 

 

Fig. 3.2 Contour plot of the stream functions in the northern and southern gyres. In the 

northern gyre, the flow is clockwise, while in the southern gyre, the flow is counter-clockwise. 

The yellow boxes show the exposure surfaces where the isopycnal layer is ventilated at the 

northern and southern boundaries. 



51 
 

 

3.2.3.2. Advection diffusion Reaction Model  

This isopycnal advection-diffusion-reaction model can be generalized by eq. 3.14: 

𝜕𝐶

𝜕𝑡
= ∇2(𝐾𝐶) − ∇ ∙ (𝒖𝐶) − 𝐽                                  (3.14) 

where C represents the concentration of the chemical species, K represents the eddy 

diffusivity, and u represents the advective velocity ([u, v] as a vector), and J represents 

the mean respiration rate (In practice, the respiration is dealt by eq. 3.16 which we will 

discuss it after we process advection and diffusion). We used the second upwind 

differencing method to discretize eq. 3.14 according to the equation below: 

𝐶𝑖,𝑗
𝑡+1 = 𝐶𝑖,𝑗

𝑡 −
∆𝑡

∆𝑥
(𝑢𝐸𝐶𝐸

𝑡 − 𝑢𝑊𝐶𝑊
𝑡 ) −

∆𝑡

∆𝑦
(𝑣𝑁𝐶𝑁

𝑡 − 𝑣𝑆𝐶𝑆
𝑡) +

𝐾𝑥∆𝑡

(∆𝑥)2 (𝐶𝑖+1,𝑗
𝑡  + 𝐶𝑖−1,𝑗

𝑡 −

2𝐶𝑖,𝑗
𝑡 ) +

𝐾𝑦∆𝑡

(∆𝑦)2 (𝐶𝑖,𝑗+1
𝑡  + 𝐶𝑖,𝑗−1

𝑡 − 2𝐶𝑖,𝑗
𝑡 ) − 𝐽                   (3.15) 

Here, the superscripts t and t + 1 denote the values at the current (t) and next (t + 1) time 

step (this does not mean t’s power), the subscript i, j represents the grid location index, 

and subscripts N, S, E, and W denote values for the adjacent grid boxes to the North, 

South, East, and West, respectively. The longitudinal velocity in the West box is 

calculated at the boundary between box (i, j) and box (i-1, j) from the stream function 

defined in Section 3.2.3.1; the current velocities at the other three boundaries are 

calculated similarly. Boxes at the edges of the model domain were treated as 

impenetrable walls. This numerical integration scheme is both conservative and 

transportive without the respiration term (Glover et al., 2011). Note that the divergence of 

concentration times the velocity (∇•(uC)) does not simplify to the concentration times the 
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divergence of the velocity (u(∇•C)) as shown in (Levine et al., 2009). The second upwind 

differencing scheme preserves the behavior of the former.   

In practice, the effects of respiration are computed after those of transport and 

mixing for each time step. Respiration rates for the rare O2 isotopologues were computed 

relative to that of 16O16O using their fractionation factors according to the equation 

below: 

𝐶𝑟𝑒𝑠
𝑡+1,𝑟𝑎𝑟𝑒 = 𝐶𝑚𝑖𝑥,𝑛𝑜 𝑟𝑒𝑠

𝑡+1,𝑟𝑎𝑟𝑒 − 𝐽 ∗ 𝛼 ∗𝑟𝑎𝑟𝑒 𝐶𝑚𝑖𝑥,𝑛𝑜 𝑟𝑒𝑠
𝑡+1,𝑟𝑎𝑟𝑒 /𝐶𝑚𝑖𝑥,𝑛𝑜 𝑟𝑒𝑠

𝑡+1,𝑏𝑢𝑙𝑘
             (3.16) 

Here,  is the isotopologue-specific respiration fractionation factor, i.e., the relative rate 

of consumption compared to that for 16O16O (Table 3.1). The  values for 16O17O/16O16O 

and 18O18O/16O16O fractionation are calculated from the mass-dependent exponents θ17/18 

and θ36/18 of Ash et al., (2020) also shown in Table 3.1, using the equation: 

𝛼36 = ( 𝛼18 )
𝜃36/18

                              (3.17) 

The subscripts no res and res in eq. 3.16 denote the concentrations before and after 

respiration, respectively. 

After updating the concentrations of the rare isotopologues, the model then 

updates the total O2 concentration based on the total change in concentration of all 

isotopologues. If an O2 isotopologue concentration is negative, it is set to zero, and if the 

16O16O isotopologue concentration is zero, all rare O2 isotopologues are also set to zero. 

This approach avoids potential numerical instability.  

3.2.3.3. Parameter initialization and grid search 
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The range of parameters considered for the 2-D isopycnal model are similar to 

those used for the south subtropical Atlantic (Levine et al., 2009). The σ = 25.8-26.2 

isopycnal layer was selected because it is near the median value for the measured 

samples. The O2 concentration and the depth for the layer, derived from the World Ocean 

Atlas 2013 (WOA 2013) (Locarnini et al., 2013, Zweng et al., 2013, Garcia et al., 2014) 

is shown in Fig. 3.3. The exposure surface was set by selecting the areas with >90% 

saturation and depth <50m for southern gyre (yellow rectangle at the southern gyre in 

Fig. 3.2), while the exposure surface for northern gyre was not selected by its saturation 

state but determined by the areas ventilated by the deeper winter mixed layer as shown in 

Fig. B1 and B2 (Sonnerup et al., 1999). The climatological effects make the saturation 

concentration in northern gyre exposure surface lower than the one in southern gyre (Fig. 

B2). 

 

Fig. 3.3 The depth and O2 saturation contour plot for isopycnal layer σ = 25.8 - 26.2 from 

WOA 2013. The exposure surface area is set according to where isopycnal layer depth is smaller 

than 50 m and dissolved oxygen saturation is larger than 90%. 
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Note that mass exchange between the northern and southern gyres is relatively 

small because the stream function is equal to zero at the boundary of the two gyres and 

the eddy diffusivity is set to be isotropic across the isopycnal surface. Therefore, the eddy 

diffusivity at the boundary was set to be larger, particularly at the eastern and western 

edges of the Pacific (see Tables 3.2). According to Cole et al., (2015) Fig. 3e, the 

horizontal eddy diffusivity is elevated near the equator, with the westernmost third 

having a horizontal eddy diffusivity of 103.8 m2/s at the surface. This eddy diffusivity 

decreases with depth; the data in Cole et al., (2015) implies a scaling factor of as 0.8 for 

the σ = 25.8-26.2 isopycnal layer, which is 5040 m2/s for the westernmost most region. 

The elevated equatorial eddy diffusivities for the central and easternmost third were 

calculated similarly and shown in Table 3.2. Region-specific respiration rates for regions 

within and outside the equatorial regions (Jequator and Jresp, respectively) were used to 

simulate increased respiration rate caused by nutrition-rich water upwelling in the 

equatorial Pacific. 

Parameters Description Value 

A 

Streamfunction amplitude A in eq.1. 

This parameter controls the isopycnal 

advection rate 

7.2 × 105 m2/s 

K 

 

Isotropic diffusion coefficient, with 

strengthened diffusion between the 

northern and southern gyres  

1200 m2/s 

5040, 3200, and 4000 m2/s at 

western, central, and eastern 

equatorial boundary  
Jequator Mean O2 respiration rate at equator  mol/kg/yr 

Jresp 

Mean O2 respiration rate other than 

equator  mol/kg/yr 

Table 3.2 Optimal parameter set determined from the grid search. 

The grid box size was determined by the width of Kuroshio Current (<100km). 

Several boxes are needed to represent its width; consequently, grid boxes were set to be 
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15.7 km square, yielding a total of 381,524 boxes (667 × 572) in the model. The time step 

(9.3 × 103 s or 0.0003 yr) was determined by the von Neumann stability, which ensures 

that the numerical error caused by discretization does not diverge. It also yields a 

numerical diffusivity about 1/10 of the prescribed eddy diffusivity; because of this small 

magnitude, the numerical diffusivity was neglected. Model runs were 1000 years in 

duration, sufficient to reach a steady state for both O2 concentrations and isotopic 

composition.  

A grid search was employed to optimize the stream function amplitude A, the 

isotropic eddy diffusion coefficient K, and the respiration rate J. The cost function was 

based on the O2 saturation, aimed at matching the dissolved O2 data from WOA 2013 for 

the isopycnal surface (Garcia et al., 2014) (Fig. 3.3B). Because the model uses an 

idealized shape for the isopycnal layer, an exact mapping to the ocean data was not 

possible. Instead, the area proportions of the isopycnal surface having specific O2 

saturation ranges (i.e., Ri
* below) were used to evaluate the goodness of fit using the cost 

function and latitudinal normalization applied to the model and observed data:  

𝑅𝑖
∗ =

𝐴𝑖
∗

𝐴𝑡𝑜𝑡𝑎𝑙
∗                                                                 (3.18) 

𝐶𝑜𝑠𝑡 = ∑ (𝑅𝑖
𝑚𝑜𝑑𝑒𝑙 − 𝑅𝑖

𝑜𝑏𝑠𝑒𝑟𝑣𝑒𝑑)2
𝑖                                                 (3.19) 

Four different O2 saturation ranges were used: 10% – 30%, 30% – 50%, 50% – 

70%, and 70% – 90%. The 0% – 10% and 90% – 100% ranges were omitted from the 

cost function because they are weakly determined by A, K, and J. For example, the size of 

the high-saturation area is controlled by the size of the exposure surface rather than either 

of the transport parameters. The resulting optimized parameter set is shown in Table 3.2. 
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The stream function amplitude is also verified by comparison to the flow velocity at 

Kuroshiro extension in the subsurface (Hall, 1989). The best-fit Jresp value for the 

oligotrophic Pacific of 3.0 µmol/kg/yr is similar to the modeled value of 2.9 µmol/kg/yr 

for the Atlantic reported in Levine et al., (2009) and the estimated value of 3 µmol/kg/yr 

(implied by remineralization rates) for the Pacific reported in Feely et al., (2004).  

3.2.3.4. Model with photosynthesis 

To simulate the effects of photosynthesis in the photic zone, we applied a 

photosynthetic flux signal to a 10 × 20 box region at the Northwestern boundary of the 

model. The flux is of pure O2 with a composition of 18O = -20.172‰ and 17O = -

10.275‰ relative to air, with 36 = -0.4‰, resulting in an admixture of photosynthetic 

and respired O2 in the photic zone. The photosynthetic endmember was calculated by first 

computing the 18O/16O and 17O/16O fractionation relative to VSMOW2 for “average 

phytoplankton” reported in (Luz & Barkan, 2011)―i.e., 18α = 1.003389 and 17α = 

1.001778. These fractionation factors were then applied to the source water VSMOW2 

with composition 18O = -23.481‰ and 17O = -12.031‰ relative to air (Wostbrock et 

al., 2020). The goal of this scheme is to use the photosynthetic isotope fractionation from 

(Luz & Barkan, 2011), but to scale the isotopic composition of O2 to be consistent with 

17Δ measurements made in our lab (Yeung et al., 2018; Pack et al., 2016; Wostbrock et 

al., 2020). The 36 value of photosynthetic O2 was estimated from preliminary 

measurements (Yeung et al., 2015), but the results are not sensitive to its precise value. 

The maximum amount of photosynthetic O2 added into the system was equivalent to 

+60% saturation, which, while not typically present in the real ocean, were used to 

evaluate the range of the possible admixtures of photosynthetic and respired O2. We note 
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that this implementation does not include the biogeochemical cycling of photosynthetic 

O2 within the photic zone, which results in an accumulated triple-oxygen isotope 

signature from photosynthetic O2 addition and partial respiration of the admixture. 

3.2.3.5. Model with diapycnal mixing 

  We also built a reduced-resolution 2-D isopycnal + 1-D diapycnal model to 

understand the basic systematics of diapycnal mixing to an isopycanl surface (σ = 25.8 – 

26.2). This model resembles a “sandwich” of three isopycnal layers (i.e., σ = 25.0 – 

25.5, 25.8 – 26.2, and 26.5 – 26.9) and contains grid boxes that are 25 times larger than in 

the 2-D model (i.e., five times larger in both the x and y dimensions). Each isopycnal 

layer has a different characteristic size owing to its outcrop location (Fig. B3) which uses 

the mean-annual exposure surface rather than the winter mixed layer, and the advection 

and diffusion profiles are shown in Table 3.3. The interlayer distance for this model was 

85 m, and the diapycnal diffusivity was set to be 10-5 m2/s, a typical value in the upper 

1500 m ocean (Arzel & Colin de Verdière, 2016). The respiration rate in each layer was 

different because of the vertical gradient of electron donors in the Pacific (Karl & 

Knauer, 1984). We adopt a respiration rate of 2.7 µmol/kg/y in the top layer, 2.4 

µmol/kg/y for the modelled layer and 0.5 µmol/kg/y in the bottom layer based on the grid 

search result without region-specific respiration rates. 
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Parameters Value (σθ = 25.0-25.5) Value (σθ = 25.8-26.2) Value (σθ = 26.5-26.9) 

A 2.4 × 105 m2/s 2.4 × 105 m2/s 2.0 × 105 m2/s 

K 1200 m2/s 

6300, 4000, and 5000 

m2/s at western, 

central, and eastern 

equatorial boundary 

1200 m2/s 

5040, 3200, and 4000 

m2/s at western, 

central, and eastern 

equatorial boundary 

 

1200 m2/s 

3150, 2000, and 2500 

m2/s, at western, 

central, and eastern 

equatorial boundary 

J 2.7 mol/kg/yr 2.4 mol/kg/yr 0.5 mol/kg/yr 

Table 3.3 The upper and lower isopycnal layer parameter settings for the 2D+1D simulation.  

 

3.3. Results: 

3.3.1 Isotopic measurements 

The CDISK4 data span the oligotrophic and subarctic Northeast Pacific (Fig. 3.1) 

at depths ranging from the surface to 3000 m (σθ = 20.7 – 27.8), and show consistent 

patterns associated with biogeochemical processing. At the Hawaii Ocean Time Series 

site (CDISK4-S1), for example, dissolved O2 saturation generally decreases, while δ18O 

and Δ36 values generally increase with increasing depth except towards the base of the 

oxygen minimum zone (1486m sample; Fig. 3.4). These trends are associated with 

respiratory isotopic fractionation, which increases δ18O and Δ36 values in the residual O2 

(Guy et al., 1993; Ash et al., 2020). The 17Δ and Δ36 values also show prominent 

photosynthetic signals: 17Δ values are elevated at the top of the thermocline, while Δ36 

values are lowered, owing to the accumulation of photosynthetic O2 that has been 

partially respired (Luz & Barkan, 2000, 2009; Yeung et al., 2015). In the mixed layer, the 

17Δ and Δ36 values of O2 approach atmospheric values because gas exchange drives the 
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isotopic composition of O2 toward solubility equilibrium with the atmosphere (Knox et 

al., 1992; Li et al., 2019). 

 

Fig. 3.4 Measured O2 saturation and isotopologues composition vs depth at CDISK4-S1. The 

red horizontal line represents the mixed-layer depth. The data shown are (A) dissolved O2 

saturation, (B) 18O, (C) 17, and (D) 36 vs. depth 

 

The δ18O and Δ36 data increase as dissolved O2 concentrations decrease, from 

values below solubility equilibrium (-0.6‰ and 1.5‰ with some variability, respectively) 

to values much higher than those in air (18‰ and 3.1‰, respectively), with little variance 

about their curvilinear trends. The 17Δ data, however, show more variable behavior: near 

the surface, 17Δ values range from 21 – 118 ppm, whereas at low O2 concentrations (< 

40% saturation) they range from 50 – 100 ppm. In effect, the 17Δ data envelope appears 

to narrow with decreasing O2 concentrations, with a pronounced increase in minimum 

values. The Δ36 data show no discernable trend toward local isotopic equilibrium, which 

would range from 1.77‰ (2°C) to 1.49‰ (27°C) in these waters. These data are plotted 

and compared with the two-gyre model results in Section 3.4.1. 
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3.3.2 Two-Gyre Model 

3.3.2.1 Basic systematics 

The model domain is ventilated in the Northwest corner and along the entire 

Southern edge, with some interhemispheric mixing, leading to different systematics in the 

Northern and Southern gyres. We highlight three specific regions, shown in Fig. 3.5, that 

represent characteristic advection-diffusion-respiration trajectories in this two-gyre 

model.  

 

Fig. 3.5 Modeling dissolved O2sat for the isopycnal layer with specific density σ 25.8 - 26.2. 

Three specific advection-diffusion regions are presented: South Pacific gyre (red region), a 

portion of the Northeast Pacific (blue region), and a portion of the Northwest Pacific (yellow 

region). 

 

In the northwest, the advective direction is clockwise, while the direction of eddy-

diffusive transport of O2 is counter-clockwise (i.e., O2 concentrations decrease from the 

west to the east); advection and diffusion thus drive O2 concentrations in opposite 
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directions. At steady state, the O2 fluxes F in this region should satisfy the following 

relationship: 

                                                   |𝐹𝐾| = | 𝐹𝐴| + | 𝐹𝑅|                                                        (3.20) 

Here, the subscripts refer to the contributions from eddy diffusion (K), advection (A), and 

respiration (R). Because FR is small (3.0 mol O2/kg seawater/yr) and the O2 gradient is 

large, the O2 budget is dominated by diffusive-advective mixing between high- and low-

O2 waters. The effects on the isotopic composition of O2 therefore resemble that of two-

endmember mixing. 

In the northeast, the O2 flow pattern changes: advection and eddy diffusion of O2 

occur in similar directions which are both counter-clockwise. At steady state, the O2 

fluxes therefore satisfy the relationship: 

                                                 |𝐹𝑅| = | 𝐹𝐴| + | 𝐹𝐾|                                                (3.21) 

Both the advective (Fig. 3.2) and eddy diffusive fluxes (cf. the concentration gradient in 

Fig. 3.5) are low in this region, balancing the small respiration flux. Changes in O2 in this 

region are therefore dominated by respiratory fluxes, resulting in an isotopic pattern that 

should trend toward Rayleigh fractionation: the relatively weak advection and diffusion 

makes this region resemble a closed system. 

In the southern gyre, advection is counter-clockwise, and the concentration 

gradients are weaker owing to a larger region of ventilation. In the southeast, the mixing 

pattern is similar to the northeast, with advection and diffusion in the same direction, 

leading to more Rayleigh-like isotopic fractionation patterns. In the southwest, the 
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mixing patten is similar to the northwest, where the large O2 concentration gradient 

should lead to isotopic patterns closer to two-endmember mixing. 

These basic systematics suggest that the model results can be understood as a 

continuum of water parcels lying somewhere between the trends expected from closed-

system Rayleigh fractionation and a two-endmember mixing between low- and a high-O2 

endmembers, with region-specific patterns reflecting local conditions. 

3.3.2.2 Isopycnal model 

The isopycnal model results for the σθ = 25.8 - 26.2 surface are indeed bounded 

by Rayleigh- and two-endmember mixing trends (Fig. 3.6), with a greater contribution 

from closed-system O2 consumption or mixing across small O2 gradients. In accordance 

with expectations, the northeast region yields isotopic trends that lie closer to closed-

system Rayleigh fractionation trends, while the northwest region yields isotopic trends 

that reflect more mixing between low- and high-O2 endmembers. The southern gyre 

shows a different balance of these contributions. 
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Fig. 3.6 Modeling results for the σ = 25.8 - 26.2 isopycnal layer. The colors correspond to the 

boxed regions in Fig. 3.5. The cyan area shows the results for the remaining, unboxed areas. The 

black dashed line (Rayleigh I; 18αresp = 0.982, θ17/18 = 0.522, θ36/18 = 2.048) and magenta dot-

dashed line (Rayleigh II; 18αresp = 0.982, θ17/18 = 0.5234, θ36/18 = 2.100) are the Rayleigh 

fractionation trends for closed-system respiration, starting from air-water saturation equilibrium. 

The blue solid line is a two-end member mixing curve between air-water saturation equilibrium 

and a purely Rayleigh-fractionated low-O2 endmember (1% O2 saturation using Rayleigh I). The 

red dotted line shows the trend for the addition of pure photosynthetic oxygen to the air-water 

equilibrium end-member. See main text for discussion of the Rayleigh parameters. 

 

The simulated O, 17 and Δ36 values are thus all anticorrelated with O2 

saturation due to respiratory isotopologue fractionation and mixing. For 17 values, the 
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particular trend with O2 saturation is caused by the particular mass-dependent 

fractionation slope for respiration used (θ17/18 = 0.520; see Table 3.1): it is larger than the 

reference slope λ = 0.518 used to define 17, resulting in an increase in 17Δ values as O2 

saturation decreases. Similarly, the mass-dependent fractionation slope for respiration, 

θ36/18 = 2.048, is larger than the slope that would preserve  values upon Rayleigh 

fractionation (i.e., θ36/18 = 2.000), resulting in an increase in  values as O2 saturation 

decreases. Modeled 17Δ-δ18O and Δ36-δ
18O correlations are generally positive with 

limited variability on the overall linear trends (Fig. 3.6 D-F). 

 The apparent mass dependence resulting from isopycnal transport and respiration 

resembles Rayleigh fractionation with 17/18 < 0.520 and 36/18 close to 2.061 [i.e., a 

reasonable upper limit for kinetically controlled O2 bond breaking (Ash et al., 2020)]. 

These deviations from the intrinsic mass-dependent fractionation slopes for respiration 

are similar to the deviations observed in δ18O data reported here and in previous work 

(Bender, 1990; Levine et al., 2009). For example, a respiratory fractionation factor of 18  

= 0.982 yielded model results having an apparent Rayleigh fractionation factor of 18  = 

0.990 in the subtropical Atlantic (Levine et al., 2009).  

3.3.2.3 Effects of photosynthesis 

The addition of photosynthetic O2 to a small surface-outcropping region in the 

northwest corner results in higher O2 concentrations throughout the isopycnal surface 

(Fig. 3.7) and a larger range of predicted isotopic compositions than in the respiration-

only scheme (Fig. 3.8). The largest spread in isotopic composition occurs at high O2 

saturation. However, these compositions converge toward the respiration-only results as 
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O2 saturation decreases: mixing (i.e., dilution of persistent surface signatures) and 

respiration in the aphotic zone attenuate the surface signal. At the lowest levels of O2 

saturation (< 20%), the persistent effects of photosynthesis are to elevate the lower bound 

of 17Δ values and, counterintuitively, to increase δ18O and Δ36 values. The latter effect 

arises from the tendency of photosynthetic O2 to both increase the mean oxygen 

saturation in the photic zone and decrease δ18O and Δ36 values. Oxygen concentrations 

increase more than isotopic data are displaced vertically, resulting in higher δ18O and Δ36 

values for a given O2 saturation in low-saturation regions. 

 

Fig. 3.7 Model results for dissolved oxygen when photosynthetic O2 is added to a small 

region in the Northwestern corner below the northern outcrop region. 
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Fig. 3.8 Modeling results for the σ = 25.8 - 26.2 isopycnal layer with photosynthesis adding 

in the Northwest region. The colors correspond to the boxed regions in Fig. 3.5 and the 

photosynthesis location is shown in Fig. 3.7. The red zig-zag pattern is the photic zone O2 cycling 

process which is a combination of multi-stage photosynthetic O2 adding in coupling with 

respiration.  

 

Isotopic cross-plots for the photosynthesis-enabled model reveal “boomerang”-

like fields with one arm being photosynthesis-dominated and the other being respiration-

dominated (Fig. 3.8 D-F). Mixing between highly respired water masses and water 
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containing larger proportions of photosynthetic O2 create curved mixing trajectories 

owing to the nonlinear mixing systematics for 17Δ and Δ36 values (Miller, 2002; Eiler, 

2007; Yeung et al., 2012). 

Multiple photosynthesis-respiration cycles taking place in the photic zone (as 

opposed to the single-step addition of photosynthetic O2 modeled above) would yield a 

“zig-zag” pattern that increases 17Δ values and decreases Δ36 values with little change in 

O2 saturation (schematically shown in Fig. 3.8). The magnitudes of these displacements 

depend on the relative rates and magnitudes of photosynthesis-respiration cycling and 

mixed-layer ventilation, as well as the precise values of the mass-dependent exponents 

for respiration used. While δ18O values would also be affected by these cycles, the effects 

are smaller, resulting in limited net displacement (Fig. 3.8 A). 

3.3.2.4 Effects of diapycnal mixing 

The results of the 2-D isopycnal + 1-D diapycnal model are shown in Fig. 3.9 and 

3.10. The σ = 25.8 – 26.2 layer has a larger low-O2 (<10% saturation) region than in the 

2-D model due to diapycnal diffusion into the lower layer (which has a lower O2 

saturation state throughout). Consequently, diapycnal mixing generally broadens the 

envelope of isotopic compositions at a given dissolved O2 saturation, decreasing the 

lower bound of δ18O, 17Δ, and Δ36 values at a given O2 saturation. Note that these specific 

results do not apply to upwelling regions like the equatorial Pacific, which are 

characterized by stronger diapycnal mixing and higher respiration rates. 
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Fig. 3.9 O2 saturation contour plot for the σ = 25.8 - 26.2 isopycnal layer within the pseudo-

3D (2-D + 1-D diapycnal) model.  
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Fig. 3.10 Modeled O2 isotopologue composition versus O2 saturation. (A-C) and multi-

isotopologue cross plots (D-F) for the σ = 25.8 - 26.2 isopycnal layer in the 2-D isopycnal (cyan) 

and 2-D + 1-D diapycnal models (red). 

 

3.4. Discussion: 

3.4.1. Comparison of measurements and the model  

3.4.1.1. CDISK4 data 
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The 2-D isopycnal model predicts the general increase in δ18O, 17Δ, and Δ36 

values as O2 saturation decreases, as well as much of the isotopic covariation observed in 

the CDISK4 data from the Northeast Pacific (Fig. 3.11). Broadly, these results suggest 

that the respiratory fractionation factors used, and in particular, the mass-dependent 

exponents, are consistent with those obtained in preliminary experiments in our 

laboratory, i.e., θ17/18 > 0.518 and θ36/18 > 2 (Ash et al., 2020). 

 

Fig. 3.11 Modeling results for the isopycnal layer with specific density σ = 25.8 - 26.2 

compared to the observations from CDISK4, shown with error bars corresponding to the 

pooled standard deviation (±1σ). The pooled standard deviations for 18O values are smaller 

than the size of the data points. The orange “zig-zag” curve depicts a hypothetical trajectory 

associated with multiple cycles of mixed-layer O2 production and consumption (labeled as photic 

zone O2 cycling in the legend). The colored curves are the same as in Fig. 3.6. 
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Fig. 3.12 Measurement-model comparison for the isopycnal model with photosynthetic O2. 

The sparse cyan region is the model result, while the data points correspond to the datasets shown 

in the legend. The colored curves are the same as in Fig. 3.6.   

 

The main measurement-model disparities are at high O2 saturation. The data show 

a large range in 17 and Δ36 values at shallow depths (i.e., low σθ and near O2 solubility 

equilibrium) that are clearly associated with photosynthesis, but which are not necessarily 

reproduced by the model containing a simple photosynthetic O2 source. Multiple 
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photosynthesis-respiration cycles are required to explain the range of 17Δ values observed 

at shallow depths. This cycling has a pronounced impact on 17 values because both 

respiration (17/18,resp > 0.518) and photosynthesis increase the 17 value of dissolved O2. 

For  values, however, photosynthesis and respiration have opposing effects, leading to 

a different cumulative effect on  values. Respiration increases  values, while the 

addition of photosynthetic O2 draws down the  value of the dissolved O2 pool. Yet, the 

presence of photosynthetic O2 is still detectable in the data because the Rayleigh 

fractionation and photosynthetic O2 mixing vectors are not collinear. By contrast, the 

photosynthesis and respiration vectors are nearly collinear for 18O values, resulting in a 

nearly linear distribution of data (Fig. 3.12A).  

The lowest measured  values can be explained by the particular O2 cycling 

scenario presented in Fig. 3.12. However, the maximum 17 values are as much as 50 

ppm higher than the O2 cycling scenario predicts. This disparity may arise from 

uncertainties in the mass-dependent slopes for respiration. A higher 17/18,resp value (i.e., 

greater than 0.520), for example, could help resolve the 17-Δ disparity, as it would lead 

to larger increases in 17 values during respiration. A larger 36/34, resp value (i.e., greater 

than 2.048) could also help resolve this disparity. With a higher 36/18, resp value, the 

trajectories of Rayleigh fractionation and photosynthetic O2 addition are closer to 

collinear, resulting in a smaller net decrease in Δ36 values per cycle in the photic zone. 

We note that the isopycnal model was designed to reproduce large-scale O2 isotopologue 

trends in the open ocean, so it omits key mixed-layer dynamics relative to the surface 

isotopologue budget such as the seasonal accumulation of photosynthetic signals below 
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the mixed layer (Luz & Barkan, 2009). Diapycnal mixing has limited effects at higher O2 

saturation, and generally improves agreement between measurements and the model at 

lower O2 saturation (Fig. 3.10 & 3.13).  

 

Fig. 3.13 Measurement-model comparison for the 2D isopycnal model + 1D diapycnal 

“sandwich” model. The cyan region is the model result for the measurement region, while the 

data points correspond to the datasets shown in the legend. The colored curves are the same as in 

Fig. 3.6. 
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3.4.1.2 Previously published northeastern Pacific and equatorial Pacific data 

We now compare our results with those of earlier studies on O and/or 17 of O2 

in the deep Pacific. Three previous studies are relevant. The first is Quay et al., (1993), 

which reports data from Stations Papa (50˚N 145˚W) and R (53˚N 145˚W). These two 

stations are subarctic and not in the model domain (40˚N to 40˚S), but they are close to 

the CDISK4-S5 and CDISK-S7 sites. The second study is Hendricks et al., (2005), which 

reports data from the equatorial Pacific, a productive upwelling environment. The third 

study is Quay et al., (2010), which includes data from the aphotic zone of the Hawaii 

Ocean Time Series (HOTS) site. Other studies from the Pacific [i.e., (Juranek & Quay, 

2010; Juranek et al., 2012; Haskell et al., 2017)] were omitted for clarity because they 

were either coastal or did not report O2 isotope measurements from below the mixed 

layer. While seasonal biases between studies may be important, aphotic zone trends are 

less likely to be sensitive to sampling season: the convergence of isotopic data at low O2 

saturations suggests that lower-oxygen regions have a muted sensitivity to surface 

conditions due to mixing. The 17 values were recalculated according to eq. 3 and the 

results are shown in Fig. 3.11, 3.12 and 3.13. 

The Quay et al. (1993) North Pacific δ18O data are comparable to the CDISK4 

data; both are well explained by the isopycnal model’s results. Some outliers in the data 

are apparent, but may reflect localized conditions and/or subtle sample contamination. 

The equatorial Pacific data from Hendricks et al., (2005), however, show a much 

larger spread in δ18O and 17Δ values than the CDISK4 data. At high oxygen saturations, 

the Hendricks et al. (2005) data largely resemble the CDISK4 data, although with higher 
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17 values arising principally from higher productivity in the equatorial upwelling region. 

The lower range of the Hendricks et al. (2005) data, however, lies below the two-end 

member mixing line, with some water samples showing 17Δ values less than solubility 

equilibrium. For example, near 60% O2 saturation, several samples show δ18O ≈ -1.2‰. 

Moreover, the 17 signals peak near moderate O2 saturations rather than at high O2 

saturations in the equatorial Pacific. This low-O/high-17 pattern is still apparent when 

O2 saturation is low (~20%). The isotopic differences between the equatorial and 

northeast Pacific at lower oxygen saturations are too large to be explained by differences 

in large-scale isopycnal advection, diffusion, and respiration rates.  

These observations suggest that the high productivity and respiration rates in the 

equatorial Pacific yield fundamentally different O2 isotopologue systematics than in the 

oligotrophic North Pacific, even in the subsurface. Hendricks et al., (2005) separated their 

data into three bins: (i) the mixed layer, (ii) the thermocline in the euphotic zone, and (iii) 

the aphotic zone. The mixed-layer data were well explained by a conventional flux 

balance of photosynthesis, respiration, and air-sea gas exchange, while the other two bins 

required inputs of photosynthetic O2 where light levels have traditionally been considered 

too low to support significant primary productivity. In particular, the high-17/low-δ18O 

pattern at moderate O2 saturation in the thermocline, as well as the non-monotonic trends 

in 17Δ below the mixed layer (Fig. 3.14), were attributed to a combination of diapycnal 

mixing and local photosynthesis near or even below the 1% light level. 
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Fig. 3.14 O2 isotopologue versus O2 saturation for photic-zone and aphotic zone samples in 

the CDISK4 data and those of Hendricks et al., (2005) compared to various mixing and 

Rayleigh fractionation scenarios. 

 

However, at the time, increases in 17 value were thought to arise only from the 

addition of photosynthetic O2. The CDISK4 data and modeling results corroborate a 

recent study suggesting that 17 values can also increase during respiration (Ash et al., 

2020). Respiration-driven 17 increases at the surface and in the ocean’s interior offer an 

alternative explanation for the isotopic trends seen in the equatorial Pacific. 

For example, the low-O/high-17 pattern near 50% oxygen saturation in the 

sun-lit thermocline does not require an unusual amount of sub-mixed layer 

photosynthesis [relative to what has since been observed elsewhere (Luz & Barkan, 

2009)]; diapycnal inputs of mixed-layer O2 can explain the trend. The productive cold 
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tongue sits above a shallow oxygen minimum in the equatorial Pacific, facilitating 

diapycnal mixing between productive (i.e., low-O/high-17high-O2) and respired (i.e., 

high-O/high-17low-O2) waters in principle (Hendricks et al., 2005). The equatorial 

Pacific O data generally fall closer to the two-endmember mixing curve compared to 

the NE Pacific data (Fig. 3.11A), supporting a greater role for this type of mixing. Two-

endmember mixing between the waters at the subsurface 17 maximum and a low-oxygen 

endmember, combined with respiration, can explain this low-O/high-17 pattern at 

moderate O2 saturation in the equatorial Pacific.  

In the aphotic zone, the O/17 covariation at high O2 saturation (>70%) is 

similar to that of the CDISK4 data and the results of the advection-diffusion-respiration 

model (see Fig. 3.6 and 3.12 compared to the data shown in Fig. 3.14). Photosynthesis at 

depths below the 1% light level is thus not required to explain these data. At lower O2 

saturation (<50%), many 17Δ values are unexpectedly low, with several even being 

negative (although negative 17Δ values were also found in the photic zone). Similarly low 

17Δ values at low O2 saturation were reported by Haskell et al., (2017) at the coastal San 

Pedro Ocean Time Series site (33˚33’N, 118˚24’W). These low 17Δ values do not appear 

in the CDISK4 data.  

Observations of low 17Δ values in the ocean are usually explained by mixing 

between near-surface waters and an extremely low-O2, pure-Rayleigh respiration 

endmember [e.g., ~5% O2 saturation using 17/18,resp = 0.518 (Nicholson et al., 2014)]. 

Less extreme endmembers cannot reproduce those data because the nonlinear mixing 

curvature is insufficient. However, recent studies suggest that temperature-dependent 



78 
 

isotopic fractionation factors (Stolper et al., 2018) and analytical artifacts (Yeung et al., 

2018) may contribute to these signals. We note that no datasets in the Pacific have shown 

low-O2 samples near the Rayleigh fractionation curve that starts at surface waters: for 

example, the lowest O2 saturation observed in the CDISK4 dataset is 6% (CDISK4-S2, 

849m depth), and duplicate isotopic measurements showed δ18O values of 18.27‰ and 

18.32‰ and Δ36 values of 3.14‰ and 3.13‰, which are lower than the δ18O values and 

Δ36 values for Rayleigh fractionation (δ18O = 52.74‰ and Δ36 = 3.40‰ using 18
resp = 

0.982, and 36/34, resp = 2.048). The measured 17Δ values (82 ppm and 87 ppm) are also 

higher than the presumed low-O2 endmember 17Δ value used by (Nicholson et al., 2014) 

of 40 ppm (which arises when using 17/18, resp = 0.518). This higher 17Δ value 

characteristic of the highly respired endmember renders a negative 17Δ value more 

difficult to obtain; using  17/18, resp = 0.520 (Ash et al., 2020), a mixing endmember of 

<5% O2 saturation would be required to explain negative 17Δ values (Fig. 3.14). Finally, 

we note that contamination by atmospheric O2 cannot explain the observed deviation 

from the Rayleigh fractionation curve because the disparities in δ18O, 17Δ, and Δ36 values 

are not proportional (e.g., the δ18O deviation would indicate that the sample is 65% air 

and the Δ36 deviation would indicate the sample is 19% air). While we cannot strictly rule 

out contamination of the CDISK4 data, the repeatability and consistency in isotopic 

composition and O2/Ar ratios within the CDISK4 dataset argue against this possibility. 

We therefore hypothesize that the anomalously low 17Δ values observed in the equatorial 

Pacific at low O2 saturation may reflect previously unidentified analytical artifacts 

(Yeung et al., 2018).  
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3.4.1.3 Mass-dependent fractionation  

The measured and modeled isotopic covariations are compared in Fig. 3.12D-F. 

In general, respiration and mixing create mass-dependent trends on the cross plots that 

depart from Rayleigh fractionation trends and express limited curvature. The addition of 

photosynthetic oxygen introduces a distinctive mixing end member and a larger range of 

possible isotopic covariations. The data and isopycnal model with photosynthesis are 

qualitatively consistent, but there are notable quantitative discrepancies we will describe 

below.  

For the  vs. 18O plot (Fig. 3.12D), observed excesses  can be explained by 

primary productivity elevating  values by ~40ppm on average in the mixed layer and 

by a larger amount in the seasonal thermocline (Nicholson et al., 2014). The prescribed 

mass-dependent slope relating the 17O/16O and 18O/16O fractionations due to respiration 

(θ17/18,resp = 0.520) can explain the observed isotopic trend as 18O values increase. By 

contrast, for the 36 vs. 18O plot (Fig. 3.12E), the trend in the data is steeper than that 

predicted by the model, even if diapycnal mixing were to be included (cf. Fig. 3.10E). 

Similarly, the trend in  and 36 values at high Δ36 values (Fig. 3.12F) requires a either 

a larger θ36/34,resp value or diapycnal mixing to explain. These observations imply that the 

mass-dependent respiration slope relating 18O18O/16O16O and 16O18O/16O16O fractionation 

in the ocean is larger than the slope prescribed in the model (i.e., θ36/34,resp > 2.048)―at 

least at greater depths. Two-endmember mixing, the only remaining explanation, is 

inconsistent with the other isotopic trends and the mechanisms of ocean transport.  
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First-principles calculations on active-site analogues of the cyctochrome c oxidase 

enzyme suggest that the intrinsic θ36/34,resp value for respiration may be as high as 2.1 

(shown as Rayleigh II in Fig. 3.12C)(Ash et al., 2020), so a larger θ36/34,resp value in the 

ocean relative to freshwater (from which our empirical estimate of θ36/34,resp = 2.048 is 

derived) is plausible. Note that the isopycnal model included only a simple representation 

of respiratory oxygen consumption that did not partition contributions from individual 

mechanisms such as alternative (e.g., cyanide-resistant) oxidases or the Mehler reaction. 

3.4.2 Implications for the superoxide pathway for O2 consumption 

 Sutherland et al., (2020) recently suggested that dissolved superoxide (O2
-) 

cycling could be an important and previously overlooked component of the oceanic 

oxygen budget. Here, we evaluate the possibility that superoxide cycling influences the 

isotopic budget of O2 in the oceans. 

The source of superoxide is represented generically in reaction 3.22. This reaction 

represents the net contributions from photorespiration, the Mehler reaction and/or abiotic 

photochemical reactions in the photic zone (Sutherland et al., 2020). The backwards 

reaction constitutes a loss pathway for superoxide. Reactions 3.23 and 3.24 represent 

superoxide destruction to form hydrogen peroxide, with reaction 24 also yielding an O2 

product. Hydrogen peroxide can further react with organic carbon (Corg) to yield 

dissolved inorganic carbon (DIC), water, and O2 (reactions 3.24 and 3.25). The reduction 

of superoxide to water/DIC is likely the only important sink affecting the isotopic 

composition of oxygen in the ocean because the other channels may not yield net 

consumption of O2 or O=O bonds. 

𝑂2 + 𝑒− ↔ 𝑂2
−                        (3.22) 
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𝑂2
− + 2𝐻+ + 𝑒− → 𝐻2𝑂2            (3.23) 

2𝑂2
− + 2𝐻+ → 𝐻2𝑂2 + 𝑂2          (3.24) 

𝐻2𝑂2 + 𝐶𝑜𝑟𝑔 → 𝐶𝑂2 + 𝐻2𝑂                         (3.25) 

2𝐻2𝑂2 → 2𝐻2𝑂 + 𝑂2                               (3.26) 

Here, we estimate the steady-state gross flux for superoxide decay in the open 

ocean near Hawai’i by using the pseudo first-order decay equation: 

𝑑[𝑂2
−]

𝑑𝑡
= 𝑘𝑑𝑒𝑐𝑎𝑦[𝑂2

−]                                      (3.27) 

where kdecay is the pseudo first-order decay rate coefficient, which was experimentally 

determined to be 0.0106−0.006
+0.012 s−1 [1σ; (Sutherland et al., 2020)]. Superoxide 

concentrations in the surface ocean (10m) near Hawai’i are ~10 pM, among the lowest of 

those reported in the literature (Roe et al., 2016; Sutherland et al., 2020). Assuming that 

superoxide production and decay rates are equal, we calculate that 3.4−1.6
+3.9 µmol O2/kg 

seawater/y must be consumed to maintain these concentrations of superoxide at steady 

state. Superoxide concentrations measured at depth are larger (e.g., ~60pM at 100 m), 

implying proportionately larger gross O2 consumption rates in the aphotic zone. These 

implied O2 consumption fluxes are generally larger than the modeled respiration rates in 

the aphotic zone. 

However, not all superoxide cycling will lead to net O2 destruction, as several 

pathways (i.e., reactions 24 and 26) yield a return flux of O2. We will therefore estimate 

the lower limit of the superoxide pathway’s net contribution to the O2 budget by 

examining the stoichiometries of reactions 3.22 – 3.26. We will assume that superoxide 
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destruction via electron detachment (i.e., the reverse of reaction 3.22) is insignificant. In 

this case, at minimum, one-quarter of the oxygen atoms from superoxide will be 

irreversibly consumed: 2 mol superoxide yields 1 mol H2O2 in reaction 3.24, and 2 mol 

H2O2 is required to produce 1 mol H2O in reaction 3.26. All other combinations lead to 

more net superoxide removal. The minimum net removal rate via the superoxide pathway 

in the surface ocean near Hawai’i is therefore 0.9−0.5
+1.0 µmol O2/kg seawater/y, about one-

third of the respiration flux at the σ = 25.8 - 26.2 isopycnal surface (3.0 µmol O2/kg 

seawater/y). In the aphotic zone, the minimum would be sixfold larger, i.e., 5.1−2.7
+5.8 µmol 

O2/kg seawater/y, which is difficult to reconcile with our modeled respiration rates for the 

Pacific. These results suggest that superoxide destruction via electron detachment (i.e., 

the reverse of reaction 3.22) is significant. 

In principle, the stable isotopologues of dissolved O2 should record fractionation 

due to the superoxide pathways if they are significant. While the fractionation factors for 

superoxide formation have not yet been measured, theoretical calculations suggest that 

the equilibrium isotopic fractionation between O2 and superoxide is characterized by 18 

= 0.970, θ17/18 = 0.527, and θ36/34 = 2.027 at 10°C (Ash et al., 2020), while a kinetically 

controlled outer-sphere electron-transfer mechanism would have 18 = 0.920, θ17/18 = 

0.523, and θ36/34 = 2.060 at 10°C (Yeung & Hayles, 2021). These fractionation factors 

suggest that O2 consumption via the superoxide pathway would tend to increase δ18O and 

17Δ values relative to the isopycnal model results which is like Rayleigh II curve in Fig. 

3.11, 3.12 and 3.13. 

Higher δ18O and 17Δ values for a given O2 saturation, manifest as more strongly 

upward-sloping trends, would cause disagreements between the measurements and model 
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of the northeast Pacific (Fig. 3.11), disfavoring the possibility of a missing superoxide O2 

consumption pathway in the model. Therefore, either the superoxide pathway of net O2 

consumption is negligible or the measured O2 respiration fractionation factors already 

consider the superoxide degradation pathway implicitly. The isotopic data is best 

explained if most superoxides react to reform O2 without rupturing the O=O bond in 

either case. 

 

3.5. Conclusions 

Our measurements and modeling of dissolved O2 in the northeast oligotrophic 

Pacific suggests that 18O, 17, and  values of dissolved O2 trace oxygen cycling and 

transport in the subsurface ocean. The results broadly corroborate previous estimates of 

respiration rates in the deep Pacific ocean and provide constraints on mechanisms of 

isotopic fractionation in the aphotic zone.  In particular, our results lend field-based 

support for the respiratory mass dependence of isotopic fractionation factors reported in a 

recent study (Ash et al., 2020), which are significantly different from those typically used 

for oxygen cycling in the ocean (Bender, 2000; Juranek & Quay, 2013; Luz & Barkan, 

2000). Moreover, the isotopic results imply that net O2 consumption through the 

superoxide pathway must be minor compared to conventional respiratory O2 

consumption. 

In general, 18O values and [O2] are the most useful signals for understanding the 

general features of advection, diffusion, and reaction. For regions with <70% O2 

saturation, 17 and  values may offer some additional constraints, but the potentially 
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variable effects of O2 cycling in the photic zone limit their utility at present. 17 values 

are particularly sensitive to not just photosynthesis, but also respiration in high-O2 

regions, the effects of which appear to be preserved in the aphotic zone at moderate O2 

saturation in equatorial Pacific. Variations in eddy diffusive and advective transport can 

further broaden the envelope of 17 values. By contrast, the trend in  values at <70% 

saturation appears to be largely determined by the O2 removal mechanism (i.e., 

respiration) and is insensitive to the transport and mixing patterns in the deep ocean. This 

unique behavior of  values might be useful for partitioning the importance of 

competing O2 cycling mechanisms within the deep ocean. 

 

 

 

 

 

 

 

 

 



 
 

Chapter 4 

Tracing transport, production, respiration at the San Pedro 

Ocean Time series using dissolved O2 isotopologues 
 

4.1. Introduction 

4.1.1. Overview 

 The triple oxygen isotope composition of dissolved O2 (i.e., 17Δ values, which are 

derived from δ18O and δ17O values; see Methods) has been used extensively over the past 

two decades to understand primary productivity in the surface ocean (Bender, 2000; 

Juranek & Quay, 2013; Luz & Barkan, 2000). Yet, the isotopic composition of dissolved 

O2 in the subsurface ocean may also help deconvolve the myriad physical and biological 

processes occurring below the mixed layer (Hendricks et al., 2005; Nicholson et al., 

2014; Haskell et al., 2017). However, an outstanding problem preventing broader 

application of this approach is the puzzling negative 17Δ values observed in subsurface 

samples having 20% ~ 50% oxygen saturation (Hendricks et al., 2005;  Nicholson et al., 

2014). These phenomena are difficult to reconcile with the accepted isotopic systematics 

derived from earlier, pioneering work  (Luz & Barkan, (2000, 2005, 2009, 2011), Bender, 

(2000), Angert et al., (2003), Juranek & Quay, (2013)). The results from those studies 

suggest that neither ordinary dark respiration, oxygen production, nor air-sea gas transfer 

can yield negative 17Δ signals in the deep ocean.  

Several hypotheses have been proposed to explain these signals. First, Nicholson 

et al., (2014) suggested that two-component mixing between near-surface water and an 

extremely low-O2, highly respired water parcel (e.g., ~5% O2 saturation) could yield 
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water samples having negative 17Δ values. However, chapter 3 showed that the required 

low-O2 
17Δ endmembers are not observed in the Pacific ocean; the observed 17Δ values at 

low O2 saturation are higher than those needed (i.e., ~85 ppm vs. 40 ppm) to yield 

negative 17Δ values via two-component mixing. Next, Stolper et al., (2018) suggested that 

temperature-dependent isotopic fractionation factors, such as those observed for the 

bacterium Escherichia coli (E. coli), could also explain the occurrence of negative 17Δ 

values in the ocean. However, recent measurements from lakes and oceans have not 

shown evidence for this behavior being expressed by natural communities  (Luz & 

Barkan, 2005, 2009; Ash et al., 2020). Finally, Yeung et al., (2018) suggested that 

previously unrecognized analytical artifacts could be important. In particular, the 

presence of argon could lead to biases in triple oxygen isotope measurements, especially 

for samples with low O2 saturation (i.e., when O2/Ar ratios are low). This mechanism 

could explain why almost all samples with negative 17Δ values are associated with low O2 

concentrations [<50% O2 saturation], and why negative 17Δ values were absent from the 

North Pacific dataset of chapter 3, in which isotopic analyses were performed after gas-

chromatographic separation of O2 and Ar. 

 In this paper, we test the hypotheses above by measuring the dissolved O2 

isotopologue composition of new subsurface water samples from the San Pedro Ocean 

Time-Series site (SPOT, 33°33′N, 118°24′W; Fig. 4.1), situated between the port of Los 

Angeles and the Santa Catalina island in the Southern California Bight (SCB). Surface 

waters of the region (0 – 300 m) are influenced by the California Current, which brings 

subarctic water south along the west coast of North America, and the Southern California 

Countercurrent, which brings subtropical water north along the coast. These coastal 



87 
 

waters advect such that the mean residence time of surface waters near SPOT is ~2 weeks 

(Hickey, 1992). Eddies may be generated because of the flow of the California Current 

past Point Conception and by interaction of the currents with the local bathymetry and 

islands. Net offshore transport of surface water, driven by wind stress and Coriolis 

acceleration, shoals isopycnals in the SCB and increases the upwelling that is believed to 

regulate primary production in this region (Eppley et al., 1979; Di Lorenzo, 2003). More 

importantly, Haskell et al., (2017) observed negative 17Δ values for subsurface ocean 

samples at this site. Therefor, our triple oxygen isotope analyses of dissolved O2 free of 

argon will test whether these persistent features are reproducible and reflect 

oceanographic phenomena such as two-component mixing or variable respiratory 

fractionation factors. 

 

Fig. 4.1 Map of SPOT Station where depth profiles were obtained. It is at the San Pedro 

Channel, off the coast of Los Angeles. 
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4.2. Method 

4.2.1. Isotope terminology 

Dissolved isotopologue abundances are reported as 18O, 17 and 36 values for 

18O/16O, 17O/16O, and 18O18O/16O16O ratios, respectively. These ratios are written as R 

values defined by, e.g., 

𝑅17 =
[ 𝑂17 ]

[ 𝑂16 ]
                                                               (4.1) 

which is equal to the molar concentration of 17O divided by that of 16O. Similarly, 18R = 

[18O]/[16O] and 36R = [18O18O]/[16O16O]. The 18O, 17 and 36 values are then defined as 

𝛿18𝑂 = (
𝑅18

𝑠𝑎𝑚𝑝𝑙𝑒

𝑅18
𝑎𝑖𝑟

− 1)                                                   (4.2) 

∆17 = 𝑙𝑛
𝑅𝑠𝑎𝑚𝑝𝑙𝑒

17

𝑅𝑎𝑖𝑟
17 − 0.518 × 𝑙𝑛

𝑅𝑠𝑎𝑚𝑝𝑙𝑒
18

𝑅𝑎𝑖𝑟
18                                     (4.3) 

∆36= (
𝑅𝑠𝑎𝑚𝑝𝑙𝑒

36

𝑅𝑠𝑡𝑜𝑐ℎ𝑎𝑠𝑡𝑖𝑐
36 − 1)                                                   (4) 

with 18O and 36 values reported in per mil (‰) and 17 values reported in parts per 

million (ppm). The denominators relevant to 18O and 17 values are the R values for 

atmospheric O2, which has been recently re-determined relative to Vienna Standard Mean 

Ocean Water-2 (VSMOW2). Measurements at Rice University are consistent with (i.e., 

within 20 ppm) the lab reporting VSMOW2 as 18O = –23.481‰ and 17 =   ppm 

relative to atmospheric O2 (Wostbrock et al., 2020). The denominator relevant to 36 

values is defined by 

𝑅𝑠𝑡𝑜𝑐ℎ𝑎𝑠𝑡𝑖𝑐
36 = 𝑅218                                         (4.5) 
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and represents the 18O18O/16O16O ratio for a stochastic (random) distribution of isotopes 

within a given sample of O2.  

Biogeochemical cycling creates a broad range of potential isotopic compositions 

in dissolved O2. Isotopic fractionation due to respiration increases δ18O and Δ36 values in 

the residual O2 (Guy et al., 1993; Ash et al., 2020), but its effects on 17Δ values have 

recently been questioned: early work had initially suggested that 17Δ values do not change 

during respiration (Luz & Barkan, 2000; Angert et al., 2003; Helman et al., 2005; Luz & 

Barkan, 2005), but more recent work has argued that they may decrease (Stolper et al., 

2018) or increase (Ash et al., 2020) in the residual, unrespired reservoir.  

Mixing relationships for δ18O values are generally linear, but mixing relationships 

for 17Δ and Δ36 values are curved and may not be monotonic with mixing fraction (Miller, 

2002; Eiler, 2007; Yeung et al., 2012). Nevertheless, the addition of photosynthetic O2 to 

a dissolved pool of O2 tends to decrease δ18O and Δ36 values (Guy et al., 1993; Quay, 

Emerson, Wilbur, et al., 1993; Yeung et al., 2015) and increase 17Δ values (Luz & 

Barkan, 2000, 2011). In principle, the combination of unique isotopic fractionation 

factors and mixing relationships for each isotopic system leads to a system of 

independent constraints on the history of a water parcel in the ocean, provided the 

fractionation factors for each biological process are known. In the deep ocean, the 

predominant mechanisms are respiration and mixing, although imprints of photosynthetic 

O2 addition may be present. 

4.2.2. Sampling and Measurements 

Twenty-eight samples of dissolved O2 for triple oxygen and clumped-isotope 

analysis were collected at the SPOT site on September 14, 2016 and April 12, 2017 
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(dataset DOI: 10.1575/1912/bco-dmo.753594.1). Sampling methods followed those used 

previously for triple oxygen isotope analysis of dissolved oxygen (Emerson et al., 1995; 

Reuer et al., 2007). Briefly, water was collected into Niskin bottles and siphoned into pre-

evacuated (<10-3 mbar) and pre-poisoned glass bottles (400 – 800 μL saturated HgCl2 

solution in 1L, 2L, and 5L bottles, so that final concentrations would be >20 μg/mL 

seawater), which were each fitted with a Louwers-Hanique 9mm I.D. high-vacuum valve. 

During transport and storage before and after sampling, the side arm of the valve on each 

bottle was filled with water, with all visible bubbles removed, to minimize air 

contamination.  

Prior to extraction of the gases, the headspace and liquid were equilibrated for at 

least 48 hours by orbital shaking at room temperature (24°C). The sample flasks were 

then drained before headspace gases were collected onto a silica gel finger through two 

U-shaped traps held at -196 °C to remove the condensable gases. The remaining gases 

were then purified according to methods described previously, using an Agilent 7890B 

Gas Chromatograph (GC) held at −80 °C to separate O2 from Ar, N2, and other trace 

gases (Yeung et al., 2016). The O2/Ar ratio was calculated using calibrated GC peak 

integration of O2 and Ar, an approach that has a precision of ±4‰ (1σ) and shows good 

agreement with manometric checks performed in a calibrated volume (Ash et al., 2020). 

The purified O2 was then analyzed for its isotopic composition on a high-resolution Nu 

Instruments Perspective IS isotope ratio mass spectrometer (IRMS) in dual-inlet mode. 

The pooled standard deviations for replicates within the SPOT dataset were ±0.098‰, ± 

5 ppm, and ±0.04‰ (1σ) for δ18O, 17Δ, and Δ36 values, respectively. 
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4.2.3. Two-box model of the near-surface oceanic oxygen budget 

 We utilized the 1-D two-box model described in Haskell et al., (2017) after 

incorporating some corrections. The model estimates the gross oxygen productivity 

(GOP) in the surface ocean by computing the sum of GOP in the mixed layer and the 

euphotic zone under it. The estimate of GOP below the mixed layer includes explicit 

consideration of vertical transport via eddy-diffusive mixing and upwelling, as well as 

time-dependent non-steady-state effects.  

A schematic diagram for this two-box model is shown in Fig. 4.2. The euphotic 

zone is divided into two parts: the mixed layer (ML, blue region in Fig. 4.2) and euphotic 

zone below mixed layer (BML, yellow region in Fig. 4.2). The aphotic deep ocean 

(purple region in Fig. 4.2) is treated as an infinite reservoir. Air-sea gas exchange occurs 

between the ML and atmosphere above it at a rate determined by the piston velocity k (m 

d-1). Diffusive and advective fluxes are also represented explicitly: eddy diffusion 

between the ML and BML boxes are represented by the diffusivities Kz and Kz′, 

respectively, while upwelling fluxes are represented by the velocity W. In addition, the 

isotopic effects of photosynthesis and respiration in each box are incorporated using the 

formalism of Prokopenko et al., (2011). After considering the non-steady state for each 

boxes, we could get the following equations after some corrections on Haskell et al., 

(2017) and inherited from Prokopenko et al., (2011), Nicholson et al., (2014). The X 

notation is similar as the R notation (eq. 4.1) with replacing the denominator from the 

major isotope/isotoplogue (16O/16O16O) to the bulk oxygen concentration ([O]/[O2]). 
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Fig. 4.2 Schematic diagram of 1-D two-box model of 17Δ, a tracer for estimating GOP. The 

blue and yellow boxes represent the ML and BML boxes, respectively. The purple region 

represents the “deep” portion of the water column below the euphotic depth. The dark blue and 

red dots represent the depths where samples were typically taken and their typical relative values. 

The red ones are the newly measured values below euphotic zone, while dark blue one show a 

typical subsurface maximum feature on 17Δ reported by Haskell et al., (2017). 
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The total GOP in the euphotic zone can thus be calculated as: 
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𝐺𝑂𝑃𝐸𝑢𝑝ℎ =  𝐺𝑂𝑃𝑀𝐿 + 𝐺𝑂𝑃𝐵𝑀𝐿                                        (4.7) 

The first term of the expression for GOPML represents the balance of surface 

ventilation and photosynthesis, while the second, third, and fourth term quantify the 

effects of eddy diffusion between the ML and BML boxes, upwelling from BML box, 

and time-dependent changes to the mean mixed-layer depth and triple oxygen isotope 

composition in the ML (e.g., mean seasonal variations), respectively. The terms defining 

GOPBML quantify (from left to right) the effects of eddy diffusion between the BML box 

and the deep ocean, eddy diffusion between the ML and BML boxes, the upwelling of 

deep ocean water, and time-dependent changes to the mean layer thickness and triple 

oxygen isotope composition in the BML box.  

While the equation for ML GOP estimation is the same as the Haskell et al., 

(2017), while BML GOP estimation is different on the eddy diffusion terms between the 

ML box and BML box, while corresponding error term from Haskell et al., (2017) is 

shown below: 
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                                                    (4.8) 

The detailed proof of this error is given in the supplementary material (Appendix C). 

Here, we just give two explanations why this is not correct. (i) The subscript of eddy 

diffusion terms should be symmetric because influence of eddy diffusivity between ML 

and BML is coupled. So, the eddy diffusion term in eq. 4.6a should shift from BML to 

ML and ML to BML. (ii) If we switch the term in eq. 4.6b into eq. 4.8, we could find 

that the influence on GOP estimation for both ML and BML is independent of the 
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dissolved oxygen concentration in the ML. If we push the dissolved O2 concentration to 

infinite large value, our model will successfully estimate that this setting will create 

infinite GOPBML values. However, the model from Haskell et al., (2017) will not realize 

this error. In reality, this correction does not impact the calculation of GOPBML 

significantly because the net oxygen flux from eddy diffusivity for most samples are 

smaller than the term due to upwelling fluxes (~10% of the upwelling flux) in this 

region. 

 

4.3. Results: 

Water samples collected from the surface to 200m or 400m depth (σθ = 23.5 – 

26.8) in September, 2016 and April, 2017 show similar O2 isotopologue patterns. We will 

describe the subsurface trends first. With increasing depth, dissolved O2 saturation 

generally decreases below the mixed layer, while δ18O and Δ36 values generally increase 

(Fig. 4.3). These trends are associated with respiratory isotopic fractionation, which 

increases δ18O and Δ36 values in the residual O2 (Guy et al., 1993; Ash et al., 2020). By 

contrast, the 17Δ values trend toward 80 – 90 ppm below the mixed layer. No negative 17Δ 

values are observed in these data. In the top 30m, 17Δ and Δ36 values also show prominent 

photosynthetic signals: 17Δ values are elevated at the top of the thermocline just below 

the mixed layer, while Δ36 values are lowered, owing to the accumulation of 

photosynthetic O2 that has been partially respired (Luz & Barkan, 2000, 2009; Yeung et 

al., 2015). The magnitude of this ingrowth shows a seasonal pattern consistent with 

previous observations at this site, namely, a pronounced accumulation of photosynthetic 

signal in late summer (Munro et al., 2013; Haskell et al., 2017). Finally, in the mixed 
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layer, 17Δ and Δ36 values are slightly higher than and lower than that of atmospheric O2, 

respectively. Here, photosynthetic and respiratory signals are balanced by air-sea gas 

exchange, which drives the isotopic composition of O2 toward solubility equilibrium with 

the atmosphere (Knox et al., 1992; Li et al., 2019). 

 

Fig. 4.3 Measured O2 saturation and isotopologues composition vs depth at SPOT in 

September 2016 (blue) and April 2017 (orange). The orange horizontal line represents the 

mixed-layer depth in September 2016 and the blue horizontal line represents the mixed-layer 

depth in April 2017. The error bars for dissolved O2sat and 18O are smaller than the data points. 

(A) Dissolved O2 saturation vs depth (B) 18O vs depth (C) 17 vs depth (D) 36 vs depth 

 

Figure 4.4 shows the cross-plots of different isotopologues against O2 saturation 

(4.4 A, C, and E) and between isotopologues (4.4 B, D, and F). The δ18O and Δ36 data 

increase as dissolved O2 concentrations decrease, from values below solubility 

equilibrium (i.e., ~0.8‰ and 2‰, respectively) to values much higher than those in air, 

with little variance about their curvilinear trends (Fig. 4.4). The 17Δ data, however, show 

more variable behavior: at high O2 concentrations, 17Δ values range from 58 – 157 ppm, 

whereas at low O2 concentrations (< 40% saturation) they range from 80-90 ppm. 
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Fig. 4.4 Modeled O2 isotopologue composition versus O2 saturation (A-C) and multi-

isotopologue cross plots (D-F). The black dashed line (Rayleigh I; 18αresp = 0.982, θ17/18 = 0.520, 

θ36/18 = 2.048) is the Rayleigh fractionation trend for closed-system respiration, starting from air-

water saturation equilibrium. The blue solid line is a two-end member mixing curve between air-

water saturation equilibrium and the deepest sample measured at SPOT (10.1%, 15.2‰, 88ppm, 

2.6‰ for O2sat, δ18O, 17Δ, Δ36 values respectively) and the magenta dotted dash line is a two-end 

member mixing curve between a high O2 maximum (duplicate samples with mean value: 109.4%, 

-1.3‰, 157ppm, 1.2‰ for O2sat, δ18O, 17Δ, Δ36 values respectively) and the same 400m sample 

measured at SPOT. The red dotted line shows the trend for the addition of pure photosynthetic 

oxygen to the air-water equilibrium end-member, while the red zig-zag pattern is the photic zone 

O2 cycling process which is a combination of multi-stage photosynthetic O2 adding in coupling 

with respiration. The Rayleigh parameters are discussed detailly in chapter 3. 

 



97 
 

4.4. Discussion: 

4.4.1 Comparison of measurements with previously published SPOT data and Northeast 

Pacific 

 We now compare our results with those of earlier studies on O, 17 and/or Δ36 

values of O2 at SPOT and the Northeast oligotrophic Pacific (CDISK4, dataset DOI: 

10.1575/1912/bco-dmo.753594.1) which were also measured at Rice University.  

The δ18O data from Haskell et al., (2017) and CDISK4 are plotted with limited 

curvature vs O2saturation (Fig. 4.4A). A simple Rayleigh fractionation could not resolve 

this relationship (Levine et al., 2009). SPOT samples could be better bounded by the 

Rayleigh I curve and a new two-end member mixing line (Mixing II shown in magenta, 

Fig. 4.4) than the Rayleigh I coupled with Mixing I (shown in blue Fig. 4.4). The Mixing 

II curve could better explain the low δ18O values at 80~90% O2 saturation which are only 

observed in SPOT. This phenomenon is consistent with the upwelling pattern in the 

coastal region which enables the mixing between highly respired water brought from 

Southern California Countercurrent and production-rich water parcel at the euphotic zone 

caused by nutrient-rich deep water upwelling. When O2 decreases to <50% saturation, the 

δ18O envelope converges in a small region for all data which verifies that at low O2 

saturation, the vertical mixing strength is strongly weakened. If we only measure a single 

O2 isotopologue (δ18O) from SPOT, the undistinguishable pattern between CDISK data 

and SPOT data [ours and (Haskell et al., 2017)] in the low O2 saturation (<50%) might 

imply that deep ocean water of the SPOT generally comes from Southern California 

Countercurrent with limited influences from the upper layers. With multiple isotopes, this 

might not be the case. 
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 Before focusing on the large discrepancies on 17 values, Δ36 values between 

measurements are more consistent [Δ36 values were not measured in Haskell et al., 

(2017)]. At high O2 end, Δ36 values for SPOT are much lower than the one of CDISK4 

which could be explained by larger photosynthesis flux due to nutrient-rich water 

upwelling coupling with respiration (shown in the red zig-zag pattern in Fig. 4.4) and/or 

vertical mixing between highly photosynthetic end with highly respired end (Fig. 4.4C 

magenta line). The lower bound is well constrained by the mixing II curve and the upper 

bound is constrained by pure Rayleigh fractionation at high O2 end. The Δ36 data 

envelope appears to narrow when O2 decreases. However, the differences between SPOT 

and CDISK is still significant. At this low level of O2 saturation (~10%), Δ36 values of the 

dissolved O2 are still influenced by the surface Δ36 values. Although the vertical mixing is 

not strong at 400m in SPOT (only eddy diffusion could transport the photosynthetic flux 

to the bottom at SPOT), the seasonal destratification would create water parcel 

entrainment which create extra “vertical mixing” to the deep samples at SPOT. 

Therefore, the respiration and large-scale ocean-wise mixing still control the possible 

scale of deep water Δ36 values (~10% O2sat, > 2.5‰), but the eddy diffusion mixing 

decreases ~0.2‰ on Δ36 values at SPOT compared to oligotrophic deep samples. 

 17 values show much larger discrepancies (SPOT, CDISK4) than the previous 

two proxies. At high O2 saturation, SPOT measurements show larger mean values and 

larger variances than the CDISK data measured in oligotrophic northeast Pacific. The 

higher mean values for 17 at SPOT could be explained similarly as Δ36 signals as well 

(Fig. 4.4B, zigzag upwelling pattern and vertical mixing between respired water and 

photosynthetic-rich water). The higher variances are caused by higher seasonal variations 
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on upwelling velocities and stratification at the coastal region which influence the flux of 

photosynthesis and strength of vertical mixing. Although influenced by seasonality 

variation, mixing II and mixing I could serve as good boundaries for SPOT data and 

constrain well on the SPOT data [except for the low O2 data from Haskell et al., (2017)]. 

This shows that vertical mixing across different isopycnal layers controlled by California 

current (0-300m) and southern California Counter current (> 400m), are experiencing 

strong vertical mixing.  

When O2 saturation decreases, the variance of 17 values decrease for all three 

datasets [except for the large variances measured by Haskell et al., (2017) at ~20% O2 

sat]. This decreasing variance pattern is also observed in δ18O, Δ36 values. Relative 

influence from high O2 end, which has large variance, shall decrease during O2 decreases 

which is shown by the mixing I and mixing II convergence. However, Haskell et al., 

(2017) reported a sudden 17 value drop from 50 ppm to near -40 ppm with large 

variances on the values at 20% saturation. This phenomenon is contradicted with 17 

convergence pattern and 17 elevation on its lower boundaries during respiration (Ash et 

al., 2020;chapter 3). Similar negative 17 values are also reported in Hendricks et al., 

(2005); Nicholson et al., (2014) for low O2 samples. Stolper et al., (2018) proposed a 

potential explanation for these negative values that the respiration mass dependency will 

decrease when the temperature decreases. However, recent 17 measurements and 

theoretical calculation results suggest a non-decreasing and even elevation on 17 values 

during O2 decreases in deep ocean (Luz & Barkan, 2005, 2009; Ash et al., 2020; chapter 

3), which is in contradiction with the E. coli measurement by Stolper et al., (2018). To 

exclude the potential influences of seasonal variation on temperature and biological 
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communities, Fig. 4.5 is plotted to show that the differences on 17 values vs depth. 

Differences are still large when only comparing the month close to our measurements at 

same depth. Therefore, the explanation for Stolper et al., (2018) might not be the answer 

for this negative 17 values. Since these negative 17 values are much lower than our 

lower bound (mixing I line, 30ppm at ~ 20% O2sat), we propose that these negative 

17 values with large variances are under the influence of a typical analytical artifact, 

pressure baseline effects [PBL (Yeung et al., 2018)]. There are two main reasons: (i) this 

effect could explain why the negative 17 values only present in low O2 sat region. In 

these low O2 samples, the Ar/O2 ratio is high since Ar is not consumed by biochemical 

process. The high Ar/O2 will cause the IRMS to create large background ion current 

during oxygen isotope measurements which potentially create strong pressure baseline 

offset (Yeung et al., 2018). The large variance at ~20% O2saturation can also be 

explained by the fluctuations on background ion current, since changes on peak 

selections for each sample could affect the sample/background ion current ratio. After 

removing the N2, Ar and other rare gases in this study, measurements from Rice 

University present no negative/low 17 values. (ii) PBL offsets can explain why only 

17 values are largely underestimated and no influence on δ18O. This decoupling pattern 

prove that the linear mixing hypothesis given by Nicholson et al., (2014) is not capable of 

solving the mystery. On the contrary, PBL offsets follow a mass-independent fraction 

which bring large fractionation for only 17 values. Therefore, we argue that negative 

17 anomalies are caused by PBL effect. 
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Fig. 4.5 Measured 17 composition vs depth at SPOT. The red and magenta 17 profile are 

measured at Rice, other data are measured by Haskell et al., (2017). 

 

The measured isotopic covariations are compared in Fig. 4.4D-F. In general, 

mixing lines create mass-dependent trends on the cross plot that depart from Raleigh 

fractionation trends and constrains the possible data region on the covariation plot. When 

the sample is in the surface, the spreads of the data are both large on both x-axis and y-

axis which corresponding to the seasonal variations on the isotope compositions at the 

surface and relative contribution for three end members (two high oxygen concentration 

end members, one highly respired end member in Fig. 4.4) in mixing I and II curve. As 

oxygen saturation decreases, the highly respired end member coming from the Southern 

California Counter Current became the dominated influencer to the system which show 

less variance. 

For the  vs. 18O plot (Fig. 4.4D), the multi-isotope spread is well bounded by 

the two mixing curves (Mixing I, II). The only outliers are the low/negative 

 anomalies observed in Haskell et al., (2017) which just discussed. The elevation 
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pattern on the bottom line of  is not as obvious as the CDISK data, which may reflect 

stronger diapycnal mixing pattern or mass dependency factor for respiration fractionation 

is close to 0.518. Similarly, the trend in 36 vs 18O values are well bounded by the two 

mixing lines, and all the data are only observed in this narrow region (Fig. 4.4E). 

Compared with CDISK data, slopes of these two data are similar, while the intercept of 

SPOT data is much lower. The lower intercept could be explained by the red zig-zag 

processes which decrease the 36 values with limited changes on 18O values. Mass-

dependent respiration slope relating 18O18O/16O16O and 16O18O/16O16O fractionation in 

the ocean is larger than the slope prescribed in the Rayleigh curve (i.e., θ36/34,resp > 2.048) 

for both CDISK4 and SPOT. For the  vs. 17 plot, the measured isotopic covariations 

still sit in the middle of the two mixing curves, but the line is much closer to the mixing II 

line which show the stronger behavior of stronger mixing pattern between 

photosynthetic-rich samples and deep ocean samples. This pattern is still observable at 

~100ppm in 17 ‰ in  which corresponds to ~50% O2sat in Fig.4.4B, C. Vertical 

mixing pattern influences the slope of the SPOT data which make the  values are 

negatively correlated with 17 By contrast, photosynthetic adding pattern only appears in 

the surface. The slope for CDISK data if ignoring the surface CDISK data, is much larger 

than the SPOT data. This slope value is directly related to the mass dependency for 

respiration and the strength of ocean-wise mixing. 

4.4.2 Low 17 water parcel upwelling to the influence of GOP estimation 

 After discussing the causes for these low 17 anomalies, we proceed with 

correcting the potential influence of PBE on GOP estimation. Without the true deep 

ocean 17 values for Haskell et al., (2017), we try to approximate it by using the mean 
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values of our deep ocean 17 values (87ppm), because the differences on 17 values 

among our measured samples (below 100m) are limited. Then, eq. 4.6B could be applied 

to regenerate the GOPBML fluxes, since the deep ocean sample advection and diffusion 

only influence the estimation of GOP in BML box.  

The newly calculated GOPEuph values and the NOP/GOP ratios are plotted in Fig. 

4.6. As shown in Fig. 4.6A, the negative 17 values upwelling do create overestimation 

on GOPEuph values. Some overestimations are ~50 mmol O2/(m
2d). Although largest 

uncertainties of the leading-edge GOP estimation model are still coming from the 

uncertainties on piston velocity and upwelling velocity, these overestimations are still 

significant. With removing the overestimated GOP values, both the GOPEuph and 

NOP/GOP still show strong seasonal variations which coupled well with the upwelling 

velocity changes with slightly mismatch on the peak time which is similar as previous 

observation (Haskell et al., 2017). In effect, the GOP overestimations from negative 

17 values in deep ocean are not enough to remove the seasonal variation pattern. 
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Fig. 4.6 Comparisons between GOP estimation with or without calibrating the negative 

upwelling 17. (A) GOPEuph vs sampling time (B) NOP/GOPEuph vs sampling time (C) upwelling 

velocity vs time 

 

4.5. Conclusions: 

 By remeasuring dissolved multiple O2 isotopologues at SPOT and comparing 

them with previously published dataset, we propose that the pressure baseline effect is the 

real cause for negative 17 values in previous subsurface dissolved O2 triple oxygen 
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isotope (TOI) measurement. We also evaluate two previous explanations (Nicholson et 

al., 2014; Stolper et al., 2018) and find that neither explanations is sufficient to explain 

the discrepancies at SPOT. Therefore, we suggest that in order to avoid the potential 

influence of this PBL effect, a preprocessing technique is needed to remove N2, Ar and 

other rare gases in the future TOI measurement (Yeung et al., 2016).  

18O, 17, and  values of dissolved O2 in the SPOT suggests that oxygen 

circulation is largely different between the SPOT and the oligotrophic northeast Pacific 

(CDISK data). This is only observable when measuring multiple oxygen isotope system 

as we claimed in the discussion. Strong vertical mixing makes the SPOT region close to a 

two-end member mixing line between a highly respired end member and a high O2 end 

member close to the surface (varied by seasonality). 

Moreover, we test the potential influence of negative 17 to the estimation of 

GOPEuph. Although the largest uncertainties of the leading-edge GOP estimation model 

are still dictated by the physical transport terms (piston velocity, upwelling velocity), the 

overestimation value is still significant [~50 mmol O2/(m
2d)]. With removing the excess 

GOP created by negative 17, the seasonality behavior on GOP and NOP/GOP is still 

significant and positive correlation between upwelling and GOP or between upwelling 

and NOP/GOP shows the production at SPOT is largely controlled by the upwelling 

velocity. 
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Appendix A: Supplementary Material for Chapter 2 

Table A1. Experimental data for each experiment. 

Time(h) Saturation 𝛿 𝑂18 (‰) 𝛿 𝑂(‰)17  ∆17 (𝑝𝑝𝑚) ∆36(‰) ∆35(‰) 

Experiment 1 

0.00 0.000 0.031 0.006 0 1.39 0.81 

4.27 0.136 0.074 0.031 3 1.38 0.71 

10.13 0.298 0.178 0.092 10 1.41 0.69 

12.93 0.368 0.225 0.108 2 1.37 0.72 

23.25 0.570 0.199 0.092 -1 1.32 0.76 

24.50 0.589 0.185 0.082 -4 1.44 0.63 

29.72 0.656 0.213 0.095 -5 1.31 0.64 

33.05 0.693 0.177 0.077 -5 1.42 0.63 

36.08 0.723 0.132 0.052 -6 1.37 0.73 

37.33 0.734 0.125 0.046 -9 1.38 0.70 

46.48 0.803 0.058 0.016 -4 1.33 0.78 

57.95 0.858 -0.017 -0.024 -5 1.36 0.69 

76.18 0.911 -0.253 -0.149 -8 1.43 0.81 

195.90 0.998 -0.371 -0.205 -3 1.34 0.61 

Experiment 2 

0.00 0.000 -0.042 -0.027 0 1.40 0.82 

3.02 0.400 0.116 0.051 -4 1.40 0.73 

5.03 0.554 0.105 0.046 -4 1.35 0.79 

6.47 0.631 0.089 0.037 -4 1.40 0.72 

10.63 0.770 0.026 0.015 6 1.39 0.73 

12.43 0.808 0.004 0.002 5 1.41 0.67 

21.30 0.919 -0.113 -0.073 -9 1.31 0.62 

33.73 0.966 -0.214 -0.123 -7 1.36 0.49 

55.90 1.001 -0.248 -0.134 0 1.38 0.71 

79.80 0.986 -0.294 -0.156 1 1.45 0.67 

Experiment 3 

0.00 0.000 -0.079 -0.041 0 1.32 0.60 

2.73 0.263 0.087 0.046 1 1.33 0.61 

4.50 0.382 0.131 0.067 -1 1.32 0.71 

6.47 0.485 0.124 0.065 1 1.26 0.67 

9.98 0.630 0.088 0.036 -9 1.33 0.71 

12.47 0.705 0.030 0.016 1 1.28 0.65 

53.28 1.011 -0.329 -0.172 -1 1.41 0.72 

106.32 1.035 -0.343 -0.179 -2 1.37 0.71 

The long-term external precision for δ18O, δ 17O, 17Δ, Δ36, Δ35 values are ±0.032‰, ±0.016‰, ±3 

ppm, ±0.04‰, and ±0.08‰, respectively (1) 
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Figure A1 Experimental results for the second kinetic gas transfer experiment. 
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Figure A2 Experimental results for the third kinetic gas transfer experiment. 

 

 

 

 

 



 
 

Appendix B: Supplementary Material for Chapter 3 

 

Fig. B1 The depth and O2 saturation contour plot for isopycnal layer σ = 25.8 - 26.2 in 

winter from WOA 2013. The exposure surface area in the North Pacific is set according to 

where the difference between isopycnal layer depth and mixed layer depth is smaller than 50 m. 

 

Fig. B2 The mixed layer depth in winter from WOA 2018 (2005-2017). The deepening of the 

mixed layer in the North Pacific helps to ventilate the North Pacific Intermediate water. 
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Fig. B3 O2 saturation contour plot for the isopycnal layer for the pseudo-3D (2-D + 1-D 

diapycnal) model and 2-D model. (A)O2 saturation contour plot for the 2-D model with σ = 

25.8 – 26.2 (B)O2 saturation contour plot for the pseudo 3-D model with σ = 25.8 – 26.2 (C)O2 

saturation contour plot for the pseudo 3-D model with σ = 25.0 – 25.5 (D) O2 saturation contour 

plot for the pseudo 3-D model with σ = 26.5 – 26.9 

 

 

 

 

 



 
 

Appendix C: Supplementary Material for Chapter 4 

 

Fig C1 Schematic diagram for two-box model, ML and BML with only eddy diffusion flux 

Here we present the detail proof on the eddy diffusion term between ML and BML in Eq. 

4.6b.  

For bulk composition in this two-box model: 

ℎ𝑀𝐿
𝑑[𝑂2]𝑀𝐿

𝑑𝑡
= −

𝐾

𝑧
([𝑂2]𝑀𝐿 − [𝑂2]𝐵𝑀𝐿)                                       (C.1) 

ℎ𝐵𝑀𝐿
𝑑[𝑂2]𝐵𝑀𝐿

𝑑𝑡
= −

𝐾

𝑧
([𝑂2]𝐵𝑀𝐿 − [𝑂2]𝑀𝐿)                                     (C.2) 

For rare isotopologues in this two-box model: 

ℎ𝐵𝑀𝐿
𝑑([𝑂2]𝐵𝑀𝐿𝑋𝐵𝑀𝐿

∗ )

𝑑𝑡
= −

𝐾

𝑧
([𝑂2]𝐵𝑀𝐿𝑋𝐵𝑀𝐿

∗ − [𝑂2]𝑀𝐿𝑋𝑀𝐿
∗ )                     (C.3) 

Combining d(xy)/dt = ydx/dt+xdy/dt and eq.C.2, C.3: 
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ℎ𝐵𝑀𝐿[𝑂2]𝐵𝑀𝐿

𝑑𝑋𝐵𝑀𝐿
∗

𝑑𝑡
= ℎ𝐵𝑀𝐿

𝑑([𝑂2]𝐵𝑀𝐿𝑋𝐵𝑀𝐿
∗ )

𝑑𝑡
− ℎ𝐵𝑀𝐿𝑋𝐵𝑀𝐿

∗
𝑑[𝑂2]𝐵𝑀𝐿

𝑑𝑡

= −
𝐾

𝑧
([𝑂2]𝐵𝑀𝐿𝑋𝐵𝑀𝐿

∗ − [𝑂2]𝑀𝐿𝑋𝑀𝐿
∗ ) +

𝐾

𝑧
([𝑂2]𝐵𝑀𝐿 − [𝑂2]𝑀𝐿)𝑋𝐵𝑀𝐿

∗  

=
𝐾

𝑧
([𝑂2]𝑀𝐿𝑋𝑀𝐿

∗ − [𝑂2]𝑀𝐿𝑋𝐵𝑀𝐿
∗ )                                                     (C.4) 

Simplifying (C.4), we get eq. C.5: 

ℎ𝐵𝑀𝐿
𝑑𝑋𝐵𝑀𝐿

∗

𝑑𝑡
∙

[𝑂2]𝐵𝑀𝐿

𝑋𝐵𝑀𝐿
∗ = 

𝐾

𝑧
[𝑂2]𝑀𝐿

(𝑋𝑀𝐿
∗ −𝑋𝐵𝑀𝐿

∗ )

𝑋𝐵𝑀𝐿
∗                             (C.5) 

From Prokopenko et al., (2011) SI: 

𝑑𝑋𝑑𝑖𝑠
∗

𝑑𝑡
∗

1

𝑋𝑑𝑖𝑠
∗ =  

𝑑

𝑑𝑡
(𝑙𝑛𝑋𝑑𝑖𝑠

∗ )                                        (C.6) 

𝑑 ∆17

𝑑𝑡
=

𝑑

𝑑𝑡
(𝑙𝑛𝑋𝑑𝑖𝑠

17 − 𝜆𝑙𝑛𝑋𝑑𝑖𝑠
18 )                                       (C.7) 

Applying C.5 to 17O and 18O and simplify it with eq. C.6 & C.7: 

ℎ𝐵𝑀𝐿[𝑂2]𝐵𝑀𝐿
𝑑 ∆17

𝐵𝑀𝐿

𝑑𝑡
= ℎ𝐵𝑀𝐿[𝑂2]𝐵𝑀𝐿

𝑑

𝑑𝑡
(ln 𝑋𝐵𝑀𝐿

17 − 𝜆𝑙𝑛𝑋𝐵𝑀𝐿
18 ) =

𝐾𝑧

𝑍
[𝑂2]𝑀𝐿( 

𝑋𝑀𝐿
17 −𝑋𝐵𝑀𝐿

17

𝑋𝐵𝑀𝐿
17 − 𝜆

𝑋𝑀𝐿
18 −𝑋𝐵𝑀𝐿

18

𝑋𝐵𝑀𝐿
18 )                           (C.8) 

Finally, after cleaning it up: 

ℎ𝐵𝑀𝐿[𝑂2]𝐵𝑀𝐿
𝑑 ∆17

𝐵𝑀𝐿

𝑑𝑡
−

𝐾𝑧

𝑍
[𝑂2]𝑀𝐿 ( 

𝑋𝑀𝐿
17 −𝑋𝐵𝑀𝐿

17

𝑋𝐵𝑀𝐿
17 − 𝜆

𝑋𝑀𝐿
18 −𝑋𝐵𝑀𝐿

18

𝑋𝐵𝑀𝐿
18 ) = 0    (C.9) 

 


