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Abstract The Paciﬁc plate circuit went through a complex reorganization during the early to middle
Eocene, approximately coinciding with the onset of subduction along the western Paciﬁc margin.
However, the timing and dynamics of this change in the southwest Paciﬁc and evolution of subduction
beneath the Tonga‐Kermadec Arc are not fully resolved. We present magneto‐biostratigraphic data from an
early to middle Eocene sedimentary section exposed in the Koumac‐Gomen area, New Caledonia, which is
an emerged portion of the Norfolk Ridge. The 260 m‐thick succession contains a transition from pelagic
micrite to terrigenous‐rich calciturbidite that is observed regionally in New Caledonia and which is
interpreted to represent a shift from sedimentation on a stable submarine plateau to slope formation
developed under a convergent tectonic regime. The stratigraphic contact between pelagic micrite and
overlying calciturbidite is not exposed, but our magnetic polarity‐based chronology constrains the age of
transition to 46–44 Ma, in agreement with the 45.3 Ma age recently obtained from the Noumea area in
southern New Caledonia. We integrate records from New Caledonia with recent magnetostratigraphic data
from South Island, New Zealand, where marked variations in terrigenous input occurred during the
early and middle Eocene. Synchronous sedimentary changes in the southwest Paciﬁc occurred at the same
time as onset of rapid seaﬂoor spreading south of Australia and New Zealand. We infer that the underlying
cause of stratigraphic change was inception of slip at a new conﬁguration of the Australia‐Paciﬁc plate
boundary, which evolved into the Tonga‐Kermadec subduction system.
Plain language summary New Caledonia and New Zealand expose sedimentary rocks that hold
the key for understanding regional tectonic evolution. Using rock magnetism and micropaleontology, we
determine the age of sedimentary records in New Caledonia. A change in sedimentation style indicates the
onset of tectonic activity about 45 million years ago, which is the same time that signiﬁcant changes in
depositional style and rate are recorded by sediments in New Zealand, and changes in spreading rate are
recorded by magnetic anomalies south of Australia and New Zealand. We interpret our evidence as
recording inception of a new plate boundary in the southwest Paciﬁc that ultimately resulted in
development of the southwestern portion of the Paciﬁc Ring of Fire.

1. Introduction
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Major tectonic reorganization across the Paciﬁc area occurred during the early and middle Eocene between
53 and 43 Ma. Evidence of this large‐scale change includes initiation of the Izu‐Bonin‐Mariana (IBM) subduction zone in the northwest Paciﬁc, which started at about 51–53 Ma (Arculus et al., 2015; Ishizuka
et al., 2011, 2018); rearrangement of the Paciﬁc‐Farallon spreading ridge between Magnetic Anomalies 24
and 21 (~53–46 Ma; Caress et al., 1988); and cessation of Tasman Sea spreading at Magnetic Anomaly 24
(~53 Ma; Gaina et al., 1998). To the south, broadly coeval activity in the West Antarctic rift system started
and opening of the Adare Trough initiated between Anomalies 24 and 20 (~53–43 Ma; Granot
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Figure 1. Present‐day west and southwest Paciﬁc geographic setting. (a) The Paciﬁc plate is currently subducting
beneath the Izu‐Bonin‐Mariana (IBM) and Tonga‐Kermadec arcs (white triangles indicate the overriding plate); white
dashed line indicates an inactive subduction zone. (b) Detailed setting of the southwest Paciﬁc. The red line envelops
continental crust of Northern Zealandia, while the red dashed line envelops Southern Zealandia. LHR = Lord Howe Rise;
NCT = New Caledonia Trough; NLB = north loyalty basin; NR = Norfolk Ridge; RB = Reinga Basin. Numbers in white
circles indicate stratigraphic records discussed in this paper: (1) Sommet‐Khian, (2) Noumea, (3) Mead Stream, (4) mid‐
Waipara, (5) Hampden beach, and (6) Tekapu‐1A (references in the main text).

et al., 2013). The most arcuate part of the Hawaii‐Emperor Seamount Chain (Daikakuji and Yuryaku
seamounts) formed at ~47 Ma (O'Connor et al., 2013), but initial stages of the bend formed at ~50 Ma
(near Kimmei seamount; O'Connor et al., 2013; Sharp & Clague, 2006). The role of the Paciﬁc Plate
absolute motion on the Hawaii‐Emperor bend is however debated because of evidence of southward
motion of the Hawaiian hotspot (Bono et al., 2019; Konrad et al., 2018; Tarduno et al., 2009; Torsvik
et al., 2017).
The IBM subduction zone in the northwest Paciﬁc (Figure 1a) is postulated to have started by a spontaneous
process, given the age and chemistry of basalt drilled in the northwest Philippine Sea (Arculus et al., 2015).
Spontaneous subduction initiation may have been caused by juxtaposition of a relic arc with the nascent
plate boundary (Leng & Gurnis, 2015). In contrast to signiﬁcant progress in assembling evidence about subduction initiation in the northwest Paciﬁc (Arculus et al., 2015; Ishizuka et al., 2006; Ishizuka et al., 2018;
Leng & Gurnis, 2015; Stern, 2004; Taylor et al., 1994), the tectonic evolution of the southwest Paciﬁc remains
poorly constrained by observations (Cluzel, Jourdan, et al., 2012; Cluzel, Maurizot, et al., 2012; Crawford
et al., 2003; Matthews et al., 2015; van de Lagemaat et al., 2018; Whattam et al., 2008). At present, the
Paciﬁc Plate in this region subducts westward beneath the Tonga‐Kermadec Arc (Figure 1b). To the west
of this active boundary, basins and ridges are oriented approximately north‐south. The largest and westernmost basin is the Tasman Sea Basin, which is ﬂoored by oceanic basalt and a “fossil” ridge where spreading
ceased at ~53 Ma (Gaina et al., 1998). The Tasman Sea Basin separates Australia from a large (4.9 Mkm2)
mostly submerged block of continental crust referred to as Zealandia (Mortimer et al., 2017), of which
exposed portions include New Zealand and New Caledonia.
Activity along the Tonga‐Kermadec subduction system likely started in the middle Eocene immediately east
of Norfolk Ridge (Cluzel et al., 2006; Meffre et al., 2012; Sutherland et al., 2017). However, debate surrounds
the regional tectonic evolution from the Late Cretaceous to the middle Eocene (see review by Matthews
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et al., 2015, and Collot et al., 2020). Proposed models alternatively suggest a subduction polarity reversal
caused by collision of Zealandia with a west facing arc (Crawford et al., 2003; Cluzel et al., 2006; Cluzel,
Jourdan et al., 2012; Whattam et al., 2008) or the persistence of a passive margin between Zealandia and
the Paciﬁc Plate until ~45 Ma, when west dipping subduction initiated (Gurnis et al., 2004; Steinberger
et al., 2004). In the latter scenario, rollback of the subducting Paciﬁc Plate resulted in opening of the
North Loyalty, South Fiji, and Lau basins.
Rocks exposed in New Caledonia provide an important key to understanding the tectonic evolution of the
southwest Paciﬁc. New Caledonia represents a ~350 km‐long emergent part of Norfolk Ridge (Figure 1b).
Its geology includes sedimentary, metamorphic, and igneous terranes that are overlain by allochthons of
sedimentary, maﬁc, and ultramaﬁc nappes obducted from the late Eocene with the opening of the North
Loyalty Basin (Cluzel et al., 2001, 2005, 2006, Cluzel, Maurizot, et al., 2012; Gonord, 1967, 1977;
Maurizot, 2011; Maurizot et al., 2019). Late Cretaceous to Eocene sedimentary rocks crop out along western
Grande Terre, the main island of the New Caledonia archipelago (Dallanave et al., 2018;
Maurizot, 2011, 2013; Maurizot & Cluzel, 2014; Maurizot & Vendé‐Leclerc, 2009). This stratigraphic succession records a shift in the middle Eocene from pelagic sedimentation on a stable submarine plateau to calciturbidite deposition near an uplifting terrain (Maurizot, 2011; Maurizot & Cluzel, 2014).
The transition from pelagic to calciturbidite deposition in Grande Terre is signiﬁcant because it has been
interpreted as a manifestation of tectonic change (Cluzel et al., 2006; Maurizot, 2011). It was initially thought
that the stratigraphic transition in northern New Caledonia was synchronous with the onset of other
subduction‐related geological indicators (e.g., blueschist metamorphism and boninite intrusion) and hence
a model was proposed in which New Caledonia formed by oblique collision with an east dipping subduction
zone that led to progressively younger deformation and sedimentation from north to south. Alternatively, a
regional change in tectonic stress during the Eocene led to a phase of tectonic convergence and
Tonga‐Kermadec subduction initiation (Gurnis et al., 2004; Steinberger et al., 2004). This latter hypothesis
predicts a more synchronous onset of calciturbidite deposition along the island. Here, we present new
magneto‐biostratigraphic data from a 260 m‐thick marine sedimentary sequence in the Sommet‐Khian section, now exposed in the Koumac area of northern Grande Terre (Figure 1b), and we integrate new data with
magneto‐biostratigraphically calibrated records from the Noumea area (southern Grande Terre). The combined records are then compared with those from New Zealand to provide a new perspective on how and
why regional tectonic change occurred in the Eocene.

2. Eocene Sedimentary Record of New Caledonia
The geological record of New Caledonia indicates that two distinct sedimentary regimes characterized the
region during the Cretaceous through Eocene. The ﬁrst consists of a ﬁning‐upward Upper
Cretaceous‐middle Eocene marine sequence composed of black organic‐rich sulﬁde‐bearing argillite, black
chert, micritic limestone with chert, and pelagic micrite rich in planktonic foraminifera (Maurizot, 2011).
This sequence records progressive deepening of a continental margin related to thermal subsidence
(Aitchison et al., 1995; Maurizot, 2013; Paris, 1981). The second consists of a coarsening‐upward middle‐late
Eocene sequence composed of calciturbidites that evolve up‐section and include conglomerate and breccia
but is collectively referred to as “Eocene Flysch” in the literature (Gonord, 1967, 1977). The shift from pelagic
micrite to calciturbidites records a regional shift to an active tectonic regime (Maurizot, 2011; Maurizot &
Cluzel, 2014). Along Grande Terre, the Cretaceous‐Paleogene sedimentary cover has been “telescoped” in
a series of southwest verging thrust slices known as the Montagnes Blanches Nappe (Aitchison et al., 1995;
Maurizot, 2011; Maurizot et al., 2019). As a result, the major fold axes are oriented NW‐SE parallel to the
length of the island, even though local inﬂections from this trend can be observed (Lillie & Brothers, 1969).
Around Noumea, in southern Grande Terre (Figure 1b), the early‐middle Eocene sedimentary sequence lies
within large olistoliths emplaced within upper portions of the younger Eocene Flysch (Cluzel, Maurizot,
et al., 2012; Maurizot, 2011). Nonetheless, the micrite‐calciturbidite transition can be dated at 45.3 Ma (middle Lutetian stage in the International Time Scale, Gradstein et al., 2012; basal Porangan stage in the New
Zealand Time Scale, Raine et al., 2015) using an integrated magneto‐biostratigraphic approach (Dallanave
et al., 2018). By contrast, in the Koumac area of northern Grande Terre, the Cretaceous‐Eocene sedimentary
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Figure 2. Field photographs of the sampled section. (a) Panoramic view of the Sommet‐Khian section from the NW, with lithological column on the left; the top
of the section is at 20.5426°S, 164.3565°E; the beds strike is also indicated (plunge = 33°). Panels (b), (c), and (d) are detailed images of the pelagic micrite,
transitional facies, and calciturbidite.

sequence is parautochthonous and lies atop Mesozoic basement. A succession of Eocene micritic limestone
and calciturbidites is exposed along a ridge, referred to as the Sommet‐Khian section (Maurizot, 2011).
A ~260 m‐thick stratigraphic interval of the Sommet‐Khian section (Figure 2a) is presented and studied here.
The lower ~60 m of section comprises massive to meter‐bedded, pale gray pelagic micrite (Figure 2b). The
micrite contains recrystallized tests of foraminifera and radiolaria, with laminated microstructure, and contains virtually no siliciclastic material (Maurizot, 2011). From 60 to 80 m, bed thickness becomes more regular, with meter‐thick beds, which gradually transition up‐section into decimeter‐ to meter‐thick beds of
pink‐argillaceous micrite at ~115 m (transition facies of Figure 2). Here the bedding is disturbed by synsedimentary deformation, presence of deformed and reworked micritic intraclasts, and fracturing and fragmentation of micritic beds (Figure 2c). Debris and soil cover the next ~18 m of section. The record then continues
up through the complete stratigraphic height with centimeter‐ to decimeter‐bedded pinkish and then white
calciturbidites (Figure 2d) containing size‐sorted planktic foraminifera tests, echinoderm debris, bivalves,
and Rhodophyceae algae (Maurizot, 2011). The considered section (bedding strike = 332°; bedding dip = 33°)
is part of a northeast verging limb of an anticline (Figure 2a; Maurizot, 2011). This tectonic setting is broadly
similar to that in other regions along Grande Terre (Lillie & Brothers, 1969).

3. Material and Methods
3.1. Rock Magnetism
We collected 257 core samples through the 260 m stratigraphic interval of interest at Sommet‐Khian.
Samples of 2.54 cm diameter and ~5 cm length were drilled with a gasoline‐powered drill and were
DALLANAVE ET AL.
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oriented with a magnetic compass. From each oriented core sample, we trimmed at least one standard
(~11 cm3) specimen for paleomagnetic analyses.
Magnetic coercivity and unblocking temperature of remanent magnetization are two key parameters that
deﬁne magnetic minerals contained in sediments and sedimentary rocks (Dunlop & Özdemir, 1997;
Tauxe, 2010). A representative set of 19 minicores (0.5 cm3) drilled from the trimmed ends of the paleomagnetic samples was subjected to stepwise isothermal remanent magnetization (IRM) acquisition by applying
an increasing magnetic ﬁeld in 26 steps ranging from 0.01 to 2.4 T. The IRM was measured after each step
with a cryogenic magnetometer at the Ludwig Maximilians University (LMU; Munich, Germany). We
“unmixed” the coercivity components using the MAX UnMix web‐based software of Maxbauer et al. (2016),
which allows interpolation of the IRM data by means of skewed generalized Gaussian (SGG) function
(Egli, 2003; Heslop, 2015). Then, the maximum unblocking temperature of the coercivity components was
determined by stepwise thermal demagnetization of three orthogonal IRMs (TD‐IRMs; Lowrie, 1990) up
to 675°C, where the IRMs were imparted along the three mutually orthogonal sample axes with subsequent
inducing ﬁelds of 2.4, 0.4, and 0.12 T.
Relative variations of coercivity components through the sections were assessed by means of the S ratio
(Bloemendal et al., 1992; Stober & Thompson, 1979). After applying a saturation IRM (SIRM) with a 2.4 T
ﬁeld, a backﬁeld of 0.3 T was imparted (IRMbf) on a total of 182 minicores spaced throughout the section.
The S ratio was calculated using the formula


IRMbf
S¼ 1 −
=2
SIRM
from Bloemendal et al. (1992). From this, we can deﬁne the relative contribution of the high‐coercivity
component as Sh = 1–S whereby Sh = 0 deﬁnes sediments containing only a low magnetic coercivity
phase, and this value increases up to 1 together with contributions of high magnetic coercivity minerals.
3.2. Anisotropy of Magnetic Susceptibility
Anisotropy of magnetic susceptibility (AMS) was measured on 89 selected well‐shaped core specimens using
the 15 position protocol presented by Jelínek (1978) with an Agico KLY‐3 Kappabridge housed at the Alpine
Laboratory of Paleomagnetism (ALP; Cuneo, Italy). The AMS is deﬁned by a second‐rank symmetric tensor
geometrically represented by an ellipsoid with principal axes k1 ≥ k2 ≥ k3. Deﬁning ηi as the natural logarithm of the normalized eigenvalue vi of ki axis, we assessed the degree of AMS of each specimen with the
“Pj” parameter of Jelínek (1981), calculated with the following equations:
sﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
3

Pj¼exp 2 ∑ ðηi −ηÞ2 ;
i¼1

and
1 3
η¼ ∑ ηi :
3 i¼1
The average AMS orientation and fabric were estimated following the bootstrap approach of Constable and
Tauxe (1990) using the PmagPy software of Tauxe et al. (2016).
3.3. Paleomagnetism
To identify the vector components of the natural remanent magnetization (NRM), a total of 251 paleomagnetic specimens were subjected to thermal demagnetization up to a maximum temperature of 675°C, with
initial steps of 50°C and then steps of 25°C from 400°C and in some cases 10°C steps above 500°C. The
NRM was measured after each demagnetization step with a superconducting magnetometer placed in a
magnetically shielded room. This analysis was performed on different samples at the LMU paleomagnetic
laboratory and ALP with comparable results. After visual inspection of vector endpoint demagnetization diagrams (Zijderveld, 1967), we isolated the linear vector components of the NRM by principal component analysis (PCA; Kirschvink, 1980). The quality of the PCA for each paleomagnetic component is expressed by the
DALLANAVE ET AL.
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Table 1
Average Paleomagnetic Directions From the Sommet‐Khian Section
Geographic coordinates
N
Overprints
A
138
B1
185
B2
93
ChRM (0–260 m)
Norm
85
Rev
70
Norm+Rev
155
ChRM (0–83 m)
Norm
41
Rev
47
Norm + Rev
88
ChRM (83–260 m)
Norm
44
Rev
23
Norm + Rev
67

Tilt‐corrected coordinates

k

a95

Dec

Inc

k

a95

Dec

Inc

Mu

Me

18.60
20.16
20.96

2.86
2.36
3.28

18.80
154.00
282.70

−31.60
79.40
−54.30

16.83
19.16
19.30

3.02
2.43
3.43

354.30
82.40
265.80

−49.80
56.60
−29.10

9.90
15.60
10.10

5.10
4.40
3.80

345.60
201.90
4.30

−61.30
53.30
−58.90

11.20
12.50
9.80

4.90
4.90
3.80

295.20
148.00
306.50

−52.40
68.10
−60.60

1.343
1.049

0.779
1.599

11.10
30.40
16.40

7.00
3.80
3.80

5.80
192.00
9.40

−56.50
49.70
−52.80

18.60
24.30
20.70

5.40
4.30
3.40

312.70
148.80
321.60

−62.70
62.10
−62.60

0.931
1.092

1.795
0.956

12.50
12.10
7.70

6.40
9.10
6.70

323.20
228.00
353.10

−62.50
57.40
−67.00

13.60
7.80
6.80

6.10
11.30
7.20

285.20
142.50
288.60

−41.20
81.10
−55.20

1.055
0.912

0.881
0.856

Note. N = number of average vectors; k = precision parameter of Fisher (1953); α95 = 95% cone of conﬁdence of Fisher (1953) around the average direction; Dec,
Inc = paleomagnetic declination and inclination; Mu, Me = circular uniformity and exponentiality parameters derived by the quantile‐quantile (Q‐Q) analysis of
the direction groups (Fisher et al., 1987); the hypothesis that the directions are Fisher (1953) distributed at the 95% level of conﬁdence can be rejected if either
Mu > 1.207 or Me > 1.094; bold numbers overcome the reference values, implying that the associated distribution is non‐ﬁsherian; A, B1, B2 = low‐ and
middle‐temperature magnetic overprint components as described in the main text; ChRM = characteristic remanent magnetization component from the stratigraphic interval indicated within brackets; Norm, Rev = respectively up‐pointing and down pointing ChRM directions as described in the main text.

maximum angular deviation (MAD). When using PCA interpolation for estimating directions trending
toward the demagnetization axes origin (i.e., characteristic remanent magnetization –ChRM–), it is
common practice to force the vector through the origin when it visually trends toward it. This procedure,
referred to as “anchoring,” can result in artiﬁcially low error estimation (Heslop & Roberts, 2016). We
adopted the Bayesian model techniques developed by Heslop and Roberts (2016) to assess whether
anchoring each ChRM was statistically justiﬁable or not. Average directions relative to the whole section
and associated conﬁdence boundaries were calculated following Fisher (1953; Table 1). Analyses were
performed using the freeware compiled by Jones (2002), Tauxe et al. (2016), and Heslop and Roberts (2016).

3.4. Calcareous Nannofossils, Radiolaria, and Foraminifera
Of the samples collected, 214 were analyzed for calcareous nannofossil contents. Parts of trimmed ends of
the oriented samples were used to prepare standard smear slides (Bown & Young, 1998). Approximately
50% of the samples are barren of calcareous nannofossils. In the remaining samples, calcareous nannofossils
abundances were estimated by counting the number of specimens in a given area (6 mm2) normalized to
1 mm2.
All samples, collected on the side of the paleomagnetic cores, were too hard for standard foraminiferal processing. Therefore, 127 samples from the upper part of the section (90–259 m) were processed for radiolarian
analysis using standard acid digestion in 10% hydrochloric acid. Only poorly preserved molds and fragments
of spumellarian radiolaria were recovered along with occasional siliciﬁed fragments of the planktic foraminiferal genus Hantkenina. Thin section examination revealed that radiolarian‐like shapes have calcitic outlines, suggesting that most radiolaria in these lithologies have been calciﬁed. Well‐deﬁned outlines of
planktic foraminifera also were evident in thin sections, although identiﬁcation to species level proved difﬁcult. For this reason, we trialed the glacial acetic acid extraction method of Lirer (2000) on 16 samples and
recovered small assemblages of moderately preserved foraminifera. All picked slides, residues, and remaining bulk samples are stored in the National Paleontology Collection, GNS Science, Lower Hutt, New
Zealand.
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Figure 3. Rock‐magnetic and anisotropy of magnetic susceptibility (AMS) analyses. (a) Isothermal remanent magnetization (IRM) acquisition plots of 19
specimens; the inducing ﬁeld is plotted on logarithmic scale. Light colored specimens are characterized by the presence of a single low magnetic coercivity
phase, while pink to reddish specimens of a are characterized by the contribution of a high magnetic coercivity that is dominant in the red sediments. Thick black
curves indicate the three representative specimens shown in panels (b)–(g). (b) Model ﬁt example for specimen koa198 (1 in panel a) dominated by low coercivity
magnetic mineral; ﬁtting curves are shown with the 95% conﬁdence area in all diagrams (see Maxbauer et al., 2016, for computational details). (c) Thermal
demagnetization of three orthogonal IRMs of specimen koa198. (d and e) Same as panel (b) and (c) but for Specimen koa004 (2 in panel a), characterized by a
mixture of low and high coercivity minerals. (f and g) Same as panel (b) and (c) but for Specimen koa012 (3 in panel a), dominated by high coercivity minerals; the
details on the interpretation are described in the main text. All the parameters obtained by the coercivity unmixing analysis are listed in Table S1. (h)
Stereographic projection of the mean eigenvectors of 1,000 bootstrapped data sets (red squares = k1, blue triangles = k2, gray cirlces = k3; Constable &
Tauxe, 1990) and derived mean AMS axis (open symbols), plotted together with the average bedding plane (black line) and pole (black star). Data are shown with
the “B1” and “B2” mean paleomagnetic directions in in situ coordinates (ﬂipped toward the same down pointing polarity). Panel below shows the cumulative
distribution of the bootstrapped eigenvalues ν1, ν2, and ν3 (color as above) associated with the eigenvectors k1, k2, and k3, with associated 95% conﬁdence bounds.

4. Results
4.1. Rock Magnetism
Rock‐magnetic properties of Sommet‐Khian sediment correlate with rock color. IRM curves of samples from
the light‐colored pelagic micrite and upper calciturbidite intervals indicate the dominance of a
low‐coercivity phase with average Bh (i.e., half of the ﬁeld at which samples are magnetically saturated) of
~36 mT (Figure 3a, 3b; Table S1 in the supporting information). TD‐IRM curves indicate a low coercivity
contribution that decreases to zero at 575°C (Figure 3c), which indicates the presence of magnetite
(Dunlop & Özdemir, 1997). The IRM decay is steeper between room temperature and 350°C, a feature that
could be originated by several magnetic minerals. Excluding maghemite and Ti‐hematite, normally observed
in reddish sediments, the kink at 350°C may indicate the presence of either Ti‐magnetite, for which unblocking temperature decreases signiﬁcantly with Ti content (Dunlop & Özdemir, 1997), or greigite, an iron sulﬁde often found as a stable magnetic phase in sediments and with a Curie temperature of ~350°C (Roberts
et al., 2011).
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Figure 4. Magneto‐biostratigraphy of the Sommet‐Khian section. From left to right: Lithology column; the color of the sediment mirrors the amount of high
magnetic coercivity hematite as derived by rock‐magnetic analyses and Sh parameter (M = magnetite, H = hematite; the 5‐point moving average Sh and
associated 95% conﬁdence boundaries are estimated following Heslop, 2009); distribution of selected taxa of calcareous plankton; (*) barren samples and count
2
refer to calcareous nannofossil, which abundance is reported on a logarithmic scale as number of specimens (n) per mm ; presence of selected calcareous
nannofossil taxa, black lines mark the presence of taxa in the study samples, while the gray bands are the expected stratigraphic ranges from literature (see the text
for details); MAD = maximum angular deviation of the characteristic remanent magnetization (ChRM) directions (Kirschvink, 1980) shown together with the
5‐point moving average (blue line); red dots are conﬁdence boundary expressed as α95 (R. Fisher, 1953); ChRM Dec. and Inc. = declination and inclination of each
ChRM directions after correction for bedding tilt; VGP Lat. = latitude of the virtual geomagnetic pole associated to each ChRM direction with respect the average
paleomagnetic north pole; 0° latitude crossing points are used to determine the reversals position; the series of normal and reverse magnetic polarity zones has
been named as described in the text; question marks indicate zones based on single ChRM directions; geomagnetic polarity time scale (GPTS; Ogg, 2012) shown
with the reference calcareous nannofossils zonation (Agnini et al., 2014).

By contrast, pink‐reddish sediment of the transitional facies and the basal calciturbidite are dominated by a
high magnetic coercivity phase (Bh ≈ 360 mT) that contributes either partially or completely to the IRM
(Figures 3a, 3d, and 3f). This phase consists of hematite, which has a Néel temperature of about 675°C
(O'Reilly, 1984), consistent with the maximum unblocking temperature from TD‐IRM analysis (Figures 3e
and 3g). This hematite (α‐Fe2O3) likely coexists with minor maghemite (γ‐Fe2O3), as revealed by the IRM
decrease between ~350°C and 500°C in the 2.4 and 0.4 T branches of TD‐IRM curves. In fact, the IRM drop
is interpreted as reﬂecting inversion of γ‐Fe2O3 to α‐Fe2O3 during heating in the magnetic ﬁeld‐free furnace.
Similar curves have been obtained from correlative sediments from southern New Caledonia (Dallanave
et al., 2018) and coeval hemipelagic red beds from the Italian Alps (Dallanave et al., 2009, 2010,
Dallanave, Agnini, et al., 2012, Dallanave, Muttoni, et al., 2012). In the latter cases, the
maghemite‐hematite transition is observed at lower temperatures, approximately between 300°C and
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Table 2
Average Anisotropy of Magnetic Susceptibility (AMS) Tensor
Axis
k1
k2
k3

τ

Dec

Inc

ζ

ζ dec

ζ inc

η

η dec

η inc

0.33473423
0.33380112
0.33146465

70.1
175.2
267.6

67.6
6.1
21.4

16.2
65
14.5

274.5
80
44.1

22.2
75.2
62.4

64.4
22.7
23.7

183.4
263.3
168.2

5
14.7
16.3

10.1029/2019GC008699

400°C. However, the temperature of γ‐Fe2O3 to α‐Fe2O3 inversion
depends on many factors like grain size, degree of oxidation, and lattice impurities and may vary from 250°C to 750°C (Dunlop &
Özdemir, 1997).

Relative variations of low and high magnetic coercivity phases
through the Sommet‐Khian section can be examined by means of
Note. τ = eigenvalue; Dec, Inc = Declination, Inclination; ζ and η = semiangle
Sh as deﬁned above. To ﬁrst order, rock‐magnetic analyses suggest
and orientation of the conﬁdence ellipses axes. All angles are expresses in
that the Sh reﬂects the relative abundance of magnetite and hematite.
degrees.
An inﬂux of hematite occurred in the sedimentary basin across the
onset of the transitional facies, reaching a maximum within its top
and through the base of the calciturbidite unit (Figure 4). Before and after the major facies change, hematite
contribution to the total coercivity is virtually absent. This hematite is considered primary and likely detrital
because (1) it has the high blocking temperature (~675°C) of specularite (i.e., well‐formed hematite grains),
which contrasts with the lower blocking temperature normally observed in the presence of pigmentary (i.e.,
diagenetic) hematite (Tauxe et al., 1980), and (2) it carries a primary paleomagnetic signal, as described
below.
4.2. Anisotropy of Magnetic Susceptibility
Postdepositional strain induced by tectonic stress can result in deviation of paleomagnetic directions from
the primary orientations (Cogné & Perroud, 1985; Jackson et al., 1993; Lowrie et al., 1986; Parés et al., 1999).
The AMS tensor of undeformed sedimentary rocks is normally oblate (k1 ≈ k2 >> k3) with the k1 and k2 axes
parallel to the bedding plane (Parés, 2015). Tectonic stress can change signiﬁcantly the shape and orientation of the AMS fabric (Borradaile & Jackson, 2004). Eventually, pervasive deformation can produce
prolate‐oblate AMS fabric, with the k3 axis of the tensor parallel to the shortening direction (Parés
et al., 1999). Notwithstanding the qualitative information about the rock strain state, AMS fabric depends
on the mineralogical composition, and it is affected by all deformation events, which are superimposed on
the initial (unknown) fabric. Therefore, especially in case of multiphase deformation, the AMS degree cannot be use as a quantitative proxy of the rock strain (Evans et al., 2003).
At Sommet‐Khian, the anisotropy degree Pj is systematically lower than 1.1 (except for three specimens),
with an average value of 1.04 (Table S2). These values are normally associated to minimally deformed sedimentary rocks (Cifelli et al., 2005), although similar values have been observed also in sedimentary rocks
belonging to fold‐and‐thrust belts (e.g., Evans et al., 2003). Bootstrap analysis points to an oblate average
AMS tensor shape. This is revealed by the similar values (with overlapping 95% conﬁdence boundaries) of
v1 and v2, which are the eigenvalues associated with the k1 and k2 axes. In turn, they are clearly distinct from
the estimated v3 distribution (eigenvalue associated with k3; Figure 3h; Table S2). The k3 axis departs from
the bedding plane pole by 41°, which excludes a sedimentary origin for the magnetic fabric. In summary,
the magnetic fabric (Table 2) indicates the presence of ﬁnite strain, an inference that has been made also
for rocks in the Noumea area of southern Grande Terre (Dallanave et al., 2018).
4.3. Paleomagnetism
The NRM of both the light‐colored micrite and calciturbidite is complicated by the presence of multiple vector components. A low‐temperature component (“A”) is isolated in all samples between room temperature
and 200°C (blue in Figures 5a–5i). It points statistically north and up and is largely inﬂuenced by the recent
geomagnetic ﬁeld (Figure 6a). A midtemperature component (“B1”) is isolated between 200°C and 350°C
(green in Figures 5a–5i). Vector directions “B1” are well grouped, with a single mode oriented down and
quasi‐vertically in in situ (IS) coordinates. After correction for bedding tilt, the average “B1” component dips
57° to the east (Figures 6b and 6c; Table 1). In specimens from the pelagic micrite facies, a second midtemperature component is referred to as “B2” that is isolated between 350°C and 450–475°C (red in Figure 5).
This component appears to be absent in specimens from the light‐colored calciturbidite, except for a
restricted stratigraphic interval between 165 and 180 m. Like component “B1,” vector directions “B2” are
also well grouped in a single mode, which points west and up in IS coordinates, with shallower inclination
after tilt correction (Figures 6d and 6e; Table 1).
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Figure 5. Examples of vector‐endpoint demagnetization diagrams. Each specimen is indicated with the stratigraphic
position; in all samples blue line indicates the “A” low‐temperature overprint, the green and red lines the “B1” and
“B2” midtemperature component (when present), and the dotted blue line the characteristic remanent magnetization
(ChRM). Open and solid symbols are, respectively, the projections onto the vertical and the horizontal planes. Unit is
−5
−1
10 Am . (a–e) Specimens collected from the light colored pelagic micrite; (f and g) specimens collected from the light
colored calciturbidite; (h) ChRM direction interpolated by a great circle, shown in the equal‐area diagram; (i) ChRM
direction estimated through Fisher (1953) mean of the vector endpoints; (j–k) specimens collected from the pink‐red
hematite‐bearing transitional facies and basal calciturbidite.

After removal of both the “A” and “B” overprints, a characteristic remanent magnetization (ChRM) that
trends linearly toward the origin of the demagnetization axes was isolated to maximum unblocking temperatures of 575°C (black in Figures 5a–5g). This temperature indicates that magnetite is the ChRM carrier, in
agreement with the rock‐magnetic analyses. In four cases the magnetic “B” overprint could not be completely removed, so the ChRM directions were found to lie on a great circle (Figure 5h) and were estimated
using the approach of McFadden and McElhinny (1988). In other nine specimens the vector endpoints
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Figure 6. Equal area projection diagrams of the paleomagnetic directions. In all diagrams, open and solid symbols are, respectively, up and down pointing
directions, shown together with the average directions (squares) and the associated 95% cone of conﬁdence (Fisher, 1953). (a) “A” low‐temperature magnetic
overprint, shown with the present‐day geomagnetic ﬁeld direction (open star). (b and c) “B1” midtemperature component direction plotted in in situ (IS) and
tilt‐corrected (TC) coordinates; directions are shown with the expected 10–50 Ma paleomagnetic directions calculated from the global synthetic APWP (Torsvik
et al., 2012) rotated into the Australian reference frame. (d and e) “B2” midtemperature component direction plotted as described for component “B1”. (f)
Characteristic remanent magnetization (ChRM) directions from the whole section in IS coordinates; average directions referring to the single (down or up
pointing) mode are represented by squares, while the diamonds refer to the entire data set ﬂipped toward a common up pointing polarity. (g) Same set of
directions as panel (f) plotted in TC coordinates; on the right‐hand side of the panel are shown the results of the bootstrap‐based reversal test of Tauxe et al. (1991);
the thick red and blue lines are the normalized cumulative distribution (C.D.) of the mean position along the x, y, and z axes (as indicated in the equal‐area
diagram) of 1,000 resampled set of directions, each color corresponding to one of the two modes; the shaded areas envelope the derived 95% conﬁdence
boundaries; the reversal test is positive only when all three axes show overlapping conﬁdence boundaries. (h) Same as (g) but with the directions from the pelagic
micrite member; the blue and the red squares are the expected paleomagnetic directions 50 Ma calculated from the reference Australian APWP of Torsvik
et al. (2012; blue) and Veevers and Li (1991; red); the declination of the average paleomagnetic direction from the pelagic micrite is rotated counterclockwise with
respect the two average directions by 62.5° (blue) and 57.8° (red). I) ChRM directions and reversal test from the calciturbidite member; symbols as described for (f)
and (g).

failed to trend smoothly toward the origin of the demagnetization axes, and the ChRM direction was
estimated by calculating the Fisher (1953) mean, an approach successfully used in paleomagnetic
directions analysis (Tauxe et al., 2012; Dallanave & Chang, 2020; Figure 5i). In specimens from
pink‐reddish sediments, both “B1” and “B2” components are absent. After removal of a spurious low
temperature magnetization, a linear ChRM component is isolated between 250°C and 300°C and a
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maximum unblocking temperature of 675° (Figures 5j and 5k). As expected from rock‐magnetic analyses,
the high unblocking temperature indicates hematite as the ChRM carrier. All ChRM directions and associated statistical parameters are listed in Table S3.
The ChRM directions, which were isolated from 155 specimens (i.e., 62% of the total), are organized in two
modes with opposite polarity, as expected in rocks recording magnetic reversals (Figures 6f and 6g). The two
modes plotted in tilt‐corrected (TC) coordinates depart from antipodality by 22.1°. The statistical tests for
common mean directions that are commonly adopted, referred to as “reversal tests” (McFadden &
McElhinny, 1990), rely on the hypothesis that the directions are Fisher (1953) distributed. As pointed out
by Heslop and Roberts (2018), this condition should always be tested before applying any Fisher‐based reversal test. ChRM directions from Koumac do not satisfy this condition, as revealed by quantile‐quantile analysis (Fisher et al., 1987; Table 1). We then applied the bootstrap‐based reversal test proposed by Tauxe
et al. (1991), which overcome this restriction, and we obtained a negative result (i.e., failed reversal test;
Figure 6g). However, if we consider only the ChRM directions derived from the pelagic micrite, the two
directional modes depart from antipodality only by 7.7°, and they pass the bootstrap‐based reversal test at
a 95% level of conﬁdence (Figure 6h). In the calciturbidite, a higher scattering of the ChRM directions corresponds also to a higher departure from antipodality (42°), and the bootstrap reversal test is negative
(Figure 6i).
For all ChRM directions from the Sommet‐Khian section, we calculated virtual geomagnetic pole (VGP)
positions. We used the VGP latitude, relative to the mean paleomagnetic north pole, to determine the magnetic polarity stratigraphy (Lowrie & Alvarez, 1977). Samples with VGP approaching 90°N or 90°S are interpreted as having been deposited during a normal or reversed magnetic polarity interval, as indicated in
Figure 4.

4.4. Calcareous Nannofossils and Polarity Chron Labeling
Calcareous nannofossils tend to be rare and poorly preserved in the Sommet‐Khian section (Figure 4;
Table S4). Nevertheless, several key taxa provide important biostratigraphic constraints that allow correlation of magnetic polarity zones with the geomagnetic polarity time scale (GPTS; Ogg, 2012). Overall, the section spans deposition from the late early Eocene through late middle Eocene, or late Mangaorapan through
Bortonian in New Zealand stage terminology (Raine et al., 2015), which correspond to the ~51–39 Ma age
interval (Figure 4).
Between the base of the section and 50 m, the nannofossil content is particularly sparse (Figure 4). However,
the presence of forms ascribable to Reticulofenestra (from Sample koa142, 10.7 m) and specimens of
Discoaster lodoensis (Sample koa182, 32.3 m) and Discoaster kuepperi (Samples koa182 and koa198, 32.3
and 48 m) indicate this interval lies within calcareous nannofossil Zones CNE4‐CNE6 (Agnini et al., 2014).
The ﬁrst occurrence of Reticulofenestra spp. further implies that the basal part of the section should correspond to the upper part of Chron C23n (Agnini et al., 2006, 2014).
From 50 to 90 m, the calcareous nannofossil abundance remains low, although with fewer barren samples.
At about 90 m (Sample koa122), the calcareous nannofossil abundance generally increases, although very
low counts still characterize some samples. This initial nannofossil abundance increase coincides with the
gradual transition from pelagic micrite to pink argillaceous hematitic sediments (Figure 4). Sample
koa122 also contains the ﬁrst occurrence of Sphenolithus spiniger, a taxon usually observed within Chron
C21n (Agnini et al., 2014), which suggests that the normal magnetic polarity zone recognized from 61.5 m
to at least 114.6 m correlates with this chron.
Above the unexposed interval (114.6–133.7 m), the simultaneous presence of Sphenolithus furcatolithoides
morphotype B and Reticulofenestra umbilicus at 135.1 m (Sample koa16) indicates that the corresponding
normal magnetic polarity zone correlates with Chron C20n. This is because the ﬁrst appearance of these
two taxa occurs in the upper part of Chrons C20r and C20n, respectively (Agnini et al., 2014). From
169.9 m (Sample koa49) to the top of the section, Cribrocentrum reticulatum is sporadically present. As
the ﬁrst appearance of this species is usually found in Chron C19r (Agnini et al., 2014), the reversed magnetic
polarity zone between 164 and 182 m correlates with this chron. Finally, the disappearance of
S. furcatolithoides morphotype B at 210.9 m (Sample koa87) and the appearance of Dictyococcites bisectus
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at 244.5 (koa106, 244.5 m) constrain the age of the upper part of the section. This is because these datums
occur in Chron C18 (Agnini et al., 2014).
4.5. Foraminifera
These results are based on samples that were initially processed for radiolarians using glacial acetic acid.
Poorly preserved radiolarian fragments were observed in these samples, but no identiﬁable species were
found. However, poorly preserved foraminifera were able to be identiﬁed to species level in 16 samples in
the upper 169 m of the section (Table S5).
Recovered planktic foraminiferal specimens indicate that the examined upper interval of the Sommet‐Khian
section spans the upper Porangan to upper Bortonian New Zealand stages (late middle Eocene, ~44 to
39.1 Ma; Raine et al., 2015). The base of the Bortonian stage (42.6 Ma) is placed at the lowest occurrence
of the primary index species for this stage, Globigerinatheka index, which was found in Sample koa016
(135.1 m). The highest sample examined (koa115, 259 m) is inferred to be upper Bortonian based on the
co‐occurrence of Globigerinatheka index (Bortonian to Kaiatan) and Morozovelloides crassatus. The latter
species is known to range to the top of planktic foraminiferal zone E13 (approximately the early late
Eocene or Kaiatan stage) in lower latitudes (Pearson et al., 2006) but appears to be restricted to the upper
Bortonian in New Zealand (H. Morgans, pers. obs.). This regional last occurrence datum and other foraminiferal results are consistent with the magnetostratigraphy and calcareous nannofossil biostratigraphy determined above.
Samples collected through an interval in the upper part of the section (197 to 229 m, koa074 to koa098) contain numerous fragments of the planktic foraminiferal genus Hantkenina (Figure 4). This genus is often
associated with warm surface water conditions (Pearson et al., 2006) and suggests a correlation with the middle Eocene climatic optimum (MECO). However, our magnetobiostratigraphy indicates that this interval
spans ~0.5 My within Chron C18r (~41 Ma), whereas the MECO lies within Chron C18n.2n at ~40 Ma
(Bohaty et al., 2009). Rare specimens of Hantkenina australis also were recovered in acetic acid‐treated samples lower in the section (koa19–22, 140.4–141.4 m).

5. Discussion
5.1. Natural Remanent Magnetization
5.1.1. “A,” “B1,” and “B2” Magnetic Overprint
The low‐temperature component “A” is readily interpreted as a viscous overprint largely inﬂuenced by the
recent geomagnetic ﬁeld (Figure 6a). Component “B1” is isolated up to a maximum unblocking temperature
of 350°C, which is the temperature at which a slope break is observed in the 0.12 T coercivity branch of
TD‐IRM curves (Figure 3b). This suggests that this component could be carried either by greigite or Ti‐
magnetite. Development of shearing during folding could have caused advection of pore ﬂuid containing dissolved sulﬁde. Interaction with ferrous iron can lead to precipitation of ferrimagnetic greigite
(Roberts, 2015), a mineral that can carry a stable magnetization (Dallanave et al., 2016; Roberts et al., 2011).
Alternatively, Ti‐magnetite has lower unblocking temperatures and lower coercivity than stoichiometric
magnetite (Dunlop & Özdemir, 1997), and it can grow as late‐diagenetic phase during tectonic processes
(e.g., Calvín et al., 2018; Jackson & Swanson‐Hysell, 2012).
Component “B2” is isolated to maximum unblocking temperatures of 475°C, which indicates that it is carried by magnetite, possibly with low Ti content. It can either derive from syn‐tectonic precipitation or as
result of pressure‐induced remagnetization of an existing magnetic phase. Experimental studies on synthetic
magnetite‐bearing samples demonstrate that a pressure of 150 MPa is enough to induce a piezoremanent
magnetization as a consequence of magnetic coercivity softening of magnetite (Borradaile, 1996). The
experimentally induced magnetization direction appears to be controlled by the external ﬁeld, rather than
by the direction of the tectonic stress.
To constrain the age of acquisition of the “B1” and “B2” overprints, we compare their average directions
with the expected directions calculated from the 50–10 Ma global synthetic apparent polar wander path
(APWP), rotated in Australian coordinates (Torsvik et al., 2012). We can use the Australian reference
APWP because Northern Zealandia ceased drifting from Australia about 53 Ma (Magnetic Anomaly 24;
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Figure 7. Age‐depth plot of the Sommet‐Khian section (plotted vertically), derived by correlation of the recorded series
of reversals with the geomagnetic polarity time scale (GPTS; Ogg, 2012, plotted horizontally); SAR = sediment
accumulation rate; dotted lines are uncertain age‐depth lines.

Gaina et al., 1998), before deposition of the sampled sediments. In both IS and TC coordinates, there is a
large mismatch between the observed and the expected directions (Figures 6b–6e). Furthermore, both
“B1” and “B2” average directions in IS coordinates are biased toward the maximum (k1) axis of the AMS tensor (Figure 3e), suggesting a strain‐inﬂuenced magnetization acquisition, even if such a phenomenon has
not been observed from high pressure experiments (Borradaile, 1996; Till et al., 2010).
5.1.2. Characteristic Remanent Magnetization
ChRM directions from the pelagic micrite (0–83 m) are statistically antipodal (positive reversal test). For this
reason we used them, excluding paleomagnetic directions from the calciturbidite unit, for comparison with
the expected direction at the sampling site. Using the reference directions calculated from the Australian
APWP of Torsvik et al. (2012), the average inclination (62.6 ± 3.4°) is 12.1° steeper than the expected inclination (50.5°) at 50 Ma (Figure 6h). However, this global synthetic APWP completely lacks data from
Australia for the considered time, and the average direction bias is minimized to only 5.4° if compared with
the expected inclination (57.2°) calculated form the 50 Ma Australian pole of Veevers and Li (1991), which is
based on entries from Australia and India (Figure 6h). It is possible that some amount of paleomagnetic
directions “steepening” derives from a strain‐related magnetic remanence reorientation (Borradaile &
Jackson, 2004; Cogné & Perroud, 1985; Lowrie et al., 1986). In this interpretation, magnetic particles within
the calcareous rocks are mobilized together with the matrix during tectonic deformation, and paleomagnetic
directions are deﬂected away from the minimum (k3) axis AMS axis, which is parallel to the net tectonic
shortening direction (Borradaile, 1991; Lowrie et al., 1986). The declination of the mean ChRM direction
(321.6°; Table 1) departs from the two reference directions (Dec., Inc. = 24.1°, −57.2° for Veevers &
Li, 1991; Dec., Inc. = 19.4°, −50.5° for Torsvik et al., 2012) by about 60° counterclockwise (Figure 6h).
This bias is in agreement with the rotation of New Caledonia caused by the opening of the North Loyalty
Basin, which was followed by the obduction of New Caledonia in the late Eocene‐Oligocene (Cluzel,
Maurizot, et al., 2012; Figure 1).
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Figure 8. Early‐middle Eocene stratigraphy and paleogeography of the Southwest Paciﬁc area. (a) Magneto‐biochronological framework of the sections discussed
in the text, from the New Caledonia and the New Zealand areas; the main lithological features are plotted against the international and the New Zealand stages
(Gradstein et al., 2012; Raine et al., 2015; Ak = Kaiatan stage), the calcareous nannofossil zonation of Martini (1971; NP zones) and Agnini et al. (2014; CNE
zones), and the geomagnetic polarity time scale (GPTS; Ogg, 2012). Sections with magnetic polarity chronology are indicated with the bold font. (b)
Paleogeographic reconstruction of the Southwest Paciﬁc area in the middle Eocene (~45 Ma); continental areas are ﬁlled in light brown; dotted black line
approximates the position of the proto‐Tonga‐Kermadec subduction zone; the light gray line is the Tasman Ocean spreading ridge, which activity ended during
Chron 24n (~53 Ma); and the dark gray lines are active spreading ridges; red arrows indicate the paciﬁc plate motion relative to the Norfolk ridge, while the yellow
star approximate the position of the instantaneous rotational pole of the Paciﬁc plate with respect the Australian‐Lord Howe Rise‐Norfolk ridge continental crust
at 40–45 Ma; the motion of the pole in the ensuing 10 Myr is represented by the yellow square (40–35 Ma) and dot (35–30 Ma) lying on the yellow arrow
(Sutherland, 1995); the main present‐day coastlines are indicated for clarity, together with the paleogeographic position of the sections discussed in the main text
(numbers refer to records shown in panel a). Map generated with GPlates (Müller et al., 2018) using the rotational parameters of Seton et al. (2012); the instantaneous rotational poles of Sutherland (1995) are rotated anchored to the Paciﬁc plate.

Even if the ChRM directions might be affected by minimal reorientation, the presence of reversals gives us
conﬁdence about the reliability of the magnetic polarity stratigraphy for magnetostratigraphic correlation.

5.2. Correlation With the GPTS
Overall, at Sommet‐Khian, we retrieved 12 magnetic polarity zones (hereafter referred to as zones), for a
total of 10 reversal tie points (Figure 4). We labeled these zone from N1 to N7 for normal polarity zones
and from R1 to R6 for reversed polarity zones, with numbering increasing downsection, mirroring the convention originally adopted for the GPTS by Cande and Kent (1992) (i.e., numbering increasing with age). We
use the ﬁrst‐order calcareous nannofossil biostratigraphic information to correlate the magnetostratigraphy
with the GPTS (Ogg, 2012; Figures 4 and 7). The section encompasses magnetic polarity Chrons from
C23n.2n (zone N7) to C18n.1n (zone N1), or between ~51 and ~ 39 Ma. All zones are represented by more
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than one sample, except for the one‐sample‐based short reverse polarity interval near the top of the section
(252.9 m, N1r?), which is speculatively correlated with the 70‐kyr Chron C18n.1r.
In an otherwise complete sequence of magnetic polarity zones, Chron C20r is not recorded at Sommet‐
Khian, and about 2.3 Myr of sedimentary history is represented by ~18 stratigraphic meters of unexposed
section (Figure 7). A continuous section would imply a signiﬁcant sedimentation rate drop across the unexposed interval, perhaps including a stratigraphic unconformity. Alternatively, part of the section is missing
as result of faulting related to the large southwest verging overturned fold that involves Eocene sediments of
the Koumac‐Gomen area (Maurizot, 2011). We can exclude the presence of a regional unconformity for the
whole New Caledonia area because the coeval record from Ilôt Brun (southern New Caledonia) spans
Chrons C21n‐C20r with stratigraphic continuity (Dallanave et al., 2018; Figure 8a).
5.3. Eocene Plate Motion in the Southwest Paciﬁc
5.3.1. Insights From New Caledonia
Different models have been proposed for the Eocene tectonic evolution of New Caledonia (see Matthews
et al., 2015, and Collot et al., 2020, for a review). In a widely cited model, the shift from an extensional to
compressional tectonic regime started around the Paleocene‐Eocene boundary, immediately followed by
eastward dipping subduction of South Loyalty Basin oceanic crust beneath newly formed crust of North
Loyalty Basin (Cluzel, Jourdan, et al., 2012; Maurizot, 2013; Ulrich et al., 2010). The age of convergence
inception was estimated from radiometric ages of rocks exposed in New Caledonia: (1) amphibolite lenses
at the base of the ophiolite “metamorphic sole” formed at ~56 Ma (Cluzel, Jourdan, et al., 2012), (2)
subduction‐related boninite dikes in fore‐arc mantle peridotite were intruded at ~53 Ma (Cluzel et al., 2006),
and (3) prograde high‐pressure low‐temperature metamorphism of sedimentary strata in northern New
Caledonia occurred at 55–50 Ma (Pirard & Spandler, 2017; Vitale‐Brovarone et al., 2018) and ended at
~44 Ma (Spandler et al., 2005). It was previously suggested that transition from micrite to high‐energy
terrigenous‐rich calciturbidite sedimentation in northern New Caledonia was synchronous with these other
signs of tectonic activity (i.e., latest Paleocene to earliest Eocene). It was interpreted as related to a
ﬂexure‐induced bulge and then Norfolk Ridge impacting the trench of a northeast dipping subduction zone,
triggering a progressive southward shift with time (Cluzel et al., 2001; Cluzel, Maurizot, et al., 2012;
Maurizot, 2011; Maurizot, 2013). Our new chronological results are not consistent with this interpretation.
In an alternative model for the tectonic evolution of the area, continental‐scale convergence is considered a
precursor to Tonga‐Kermadec subduction and does not involve the presence of an east dipping (pre‐Tonga‐
Kermadec) subduction system (Gurnis et al., 2004; Matthews et al., 2015; Steinberger et al., 2004; Sutherland
et al., 2017). In this scenario, emplacement of the ophiolite and other nappes in New Caledonia can be
explained by a “ﬂake tectonic” mechanism similar to what has been suggest for the Northland Allochthon
in New Zealand (Malpas et al., 1992; Mortimer et al., 2003). The stratigraphic contact between pelagic carbonate and calciturbidite is not directly visible in the ﬁeld at Sommet‐Khian. However, magnetostratigraphic correlation with the GPTS constrains the transition to within upper Chron C21n and lower Chron
C20n, or approximately Chron C20r centered between 46 and 44 Ma (Figures 4 and 7). This age ﬁts with
results from Noumea, where the pelagic carbonate‐calciturbidite transition has been dated at 45.3 Ma
(Dallanave et al., 2018; Figure 8a). Similar to what is observed in Noumea, the Sommet‐Khian section shows
an inﬂux of sedimentary hematite starting at about 46 Ma, which suggests that nearby uplifted and emergent
land was undergoing continental weathering (Dallanave et al., 2010; Schwertmann, 2008; Torrent
et al., 2006). Our new chronology shows that the lithologic transition is broadly synchronous and ~5 Myr
younger than previously thought in both Koumac and Noumea. Our new stratigraphic age is difﬁcult to
reconcile with geological evidence for early (55–45 Ma) subduction in New Caledonia (metamorphic sole
of ophiolite, boninites, and blueschist prograde metamorphism), for which there appears to be no sedimentary record.
The presence of terrestrial hematite at both Koumac and Noumea points to tectonic uplift of at least several
hundreds of meters in the sediment source area, sufﬁcient to cause a change in water depth from bathyal to
neritic or terrestrial at ~45 Ma. Middle Eocene convergent deformation and uplift are also inferred from offshore stratigraphic relationships between New Zealand, southeast Australia, and New Caledonia
(Sutherland et al., 2017, 2020). Our data are consistent with regional signals for sudden tectonic change
and an increase in activity at ~45 Ma, at precisely the time when rapid seaﬂoor spreading started south of
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New Zealand and Australia, and a new Australia‐Paciﬁc plate boundary conﬁguration was established
(Cande & Stock, 2004; Granot et al., 2013).
5.3.2. Insights From New Zealand
Several early to middle Eocene sedimentary sections in New Zealand have been studied in detail over the last
few decades. These include Mead Stream and Branch Stream in Marlborough (Dallanave et al., 2015; Hollis,
Dickens, et al., 2005, Hollis, Field, et al., 2005; Slotnick et al., 2012, 2015; Strong et al., 1995), the
mid‐Waipara River section of the north Canterbury Basin (Crouch et al., 2020; Dallanave et al., 2016;
Hollis et al., 2009; Morgans et al., 2005), the Hampden Beach section of the south Canterbury Basin
(Crouch & Brinkhuis, 2005; Morgans, 2009), and a number of exploration wells drilled offshore of eastern
South Island in the Great South Basin (Cook et al., 1999) (Figures 1 and 8). Moreover, new
magneto‐biostratigraphic data from South Island New Zealand have been published in recent years, putting
some of the records into a precise temporal framework (Dallanave et al., 2015, 2016). A common feature of
these records is a long‐term (Myr‐scale) decrease in terrigenous supply straddling the New Zealand
Porangan stage (i.e., mid‐Lutetian; Raine et al., 2015), approximately between 48–46 Ma and 43 Ma
(Figure 8a). In Canterbury and Great South Basins, this manifests as a sedimentary hiatus (e.g.,
Takapu‐1A well and mid‐Waipara River; Cook et al., 1999; E. Crouch et al., 2020; Dallanave et al., 2016;
McMillan & Wilson, 1997) or a condensed interval (Hampden Beach; Morgans, 2009). In Marlborough, it
manifests as deposition of the Upper Limestone member of the Amuri Limestone, a unit that consists of
~75 m (at Mead Stream) of white micritic limestone virtually devoid of terrigenous content (Dallanave
et al., 2015; Hollis, Dickens, et al., 2005, Hollis, Field, et al., 2005; Strong et al., 1995) (Figure 8a). A hiatus
of similar age was described at Deep Sea Drilling Project (DSDP) Site 277 (Leg 29, Campbell Plateau;
Shackleton & Kennett, 1975) from calcareous nannofossil biostratigraphy (Shepherd, 2017).
The depositional history across Zealandia clearly changed signiﬁcantly and complexly during the early to
middle Eocene. Indeed, the calciturbidite deposition and additional terrigenous material delivery to margins
now exposed along New Caledonia contrasts with the general starvation of terrigenous material to margins
now exposed and still submerged around South Island. We suggest that this reﬂects broad scale tectonism.
Since ~45 Ma, when inception of Australia‐Paciﬁc spreading south of New Zealand began, the rotation pole
between the Australian and Paciﬁc plates has migrated southeast from the (present‐day) South Island of
New Zealand to the Great South and Canterbury basins area (Figure 8b; Sutherland, 1995). While convergence affected New Caledonia, Norfolk Ridge, and Reinga Basin in the north of Zealandia (Bache et al., 2012;
Cluzel et al., 2006; Sutherland et al., 2017), divergence including seaﬂoor spreading occurred in the south of
Zealandia between the Campbell Plateau and the Lord Howe Rise (Sutherland, 1995; Wood et al., 1996;
Figure 8b). The tectonic regime around New Zealand is, therefore, expected to be similar to a diffuse plate
boundary (Zatman et al., 2001), with coexistence of both extension and convergence in an area around
the rotation pole.
Starvation of terrigenous supply to basins around South Island is likely linked to opening of Emerald Basin
in southern Zealandia (Figure 8b), which affected drainage patterns and captured depositional outputs that
previously drained eastward (Cook et al., 1999; Sutherland & Melhuish, 2000). Eocene and Oligocene evolution of the Australia‐Paciﬁc margin in the New Zealand area (Figure 8b) led to continental rifting and dextral
strike‐slip motion within South Island and hence the development of new sediment sources, triggering a
rapid resumption of terrigenous input to basins. Previous studies in the Marlborough area have explained
the deposition of marly intervals of the Amuri Limestone in terms of global climate perturbations, on both
short (104–105 year) and long (106 year) time scales (Dallanave et al., 2015; Hollis, Dickens, et al., 2005;
Slotnick et al., 2012). This is true at some level, because many marly‐rich intervals in these sections can
be tied directly to warm climate anomalies (hyperthermals) observed in numerous locations around the
world (Nicolo et al., 2007; Slotnick et al., 2012, 2015). However, changes in tectonism may explain sustained
long‐term (Myr‐scale) ﬂuctuations in terrigenous supply, giving a background on which enhanced weathering induced by the climate change modulate deposition of clay‐rich intervals.

6. Summary and Conclusions
Our integrated magneto‐biostratigraphic study indicates that the pelagic‐hemipelagic section at Sommet‐
Khian, Koumac, northern New Caledonia, extends from late early Eocene to latest middle Eocene (~51 to
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39 Ma) and may include the ﬁrst local, onshore record of the MECO. The paleomagnetic data set appears to
be affected by a strain‐derived partial reorientation of the ChRM directions, resulting in a main inclination
steeper than the reference values by 12.1° or only 5.4° depending on the data compilation used as reference
(Torsvik et al., 2012; Veevers & Li, 1991). The presence of a reliable series of paleomagnetic polarity reversals
integrated by calcareous microfossil biostratigraphy gives us conﬁdence on our correlation with the time
scale.
Our new age model constrains the timing of an Eocene shift from pelagic carbonate sedimentation on a
stable submarine plateau to high‐energy calciturbidite deposition, which we interpret to signal an active tectonic regime. The ﬁrst pulse of detrital hematite, which we interpret to represent uplift and presence of
nearby emergent land, is dated at ~46 Ma at Sommet‐Khian. The onset of calciturbidite deposition, which
indicates active tectonism with development of a slope, is not directly exposed at Sommet‐Khian but is constrained to be at 46–44 Ma. Data from the correlative record exposed near Noumea indicate an age of 45.5 Ma
for the same lithological transition (Figure 8a).
The ~45 Ma age of inception of active tectonism in both northern and southern New Caledonia, as expressed
by the sedimentary record, postdates tectonic compression precursors in New Caledonia, which include the
emplacement of high‐temperature amphibolite, subduction‐relate dikes, and boninite between about 53 and
47 Ma (Cluzel et al., 2006, 2016; Cluzel, Jourdan, et al., 2012). It also postdates cessation of spreading in the
Tasman Sea at 53 Ma (Gaina et al., 1998). On a wider frame, it occurred at the time of onset of rapid seaﬂoor
spreading south of Australia and New Zealand (Cande & Stock, 2004; Sutherland, 1995), and it is coeval with
unconformities or signiﬁcant changes in sedimentation style and rate in New Zealand.
Regional tectonic convergence is recorded across northern Zealandia and the Tasman Area immediately
after this tectonic change (Sutherland et al., 2017, 2018, 2020). The combined evidence from across the
southwest Paciﬁc suggests onset of a new Australia‐Paciﬁc boundary at ~46–45 Ma, and that plate boundary
was well developed by 43 Ma (Sutherland et al., 2020). The development of a new Australia‐Paciﬁc plate
boundary is recorded across more than 3,000 km, from the eastern margin of Norfolk Ridge to the
Southern Ocean. We interpret the dramatic changes in sedimentation pattern in New Caledonia and New
Zealand at 46–44 Ma to be a consequence of regional plate boundary inception and the rigid relative rotation
of two tectonic plates. Our new magnetic‐polarity‐based chronology from New Caledonia, integrated with
similar data recently acquired from New Zealand and data from the literature, gives a precise time constraint
on this large‐scale tectonic event.
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