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Abstract

Paleo-temperature data indicates that the Earth's mantle has not cooled at a constant rate.
The data show slow cooling from 3.8 to 2.5 Ga followed by more rapid cooling until the present. This has
been argued to indicate a transition from a single plate mode to a plate tectonics. However, a tectonic
change may not be necessary. Multistage cooling can result from deep water cycling coupled to mantle
convection. Melting and volcanism removes water from the mantle (degassing). Dehydration tends to
stiffen the mantle, which slows convective vigor and plate velocities causing mantle heating. Higher
mantle temperature tends to lower mantle viscosity and increase plate velocities. If these two tendencies
are in balance, then mantle cooling can be weak. Breaking this balance, via a switch to net mantle
rehydration, can cool the mantle more rapidly. We use coupled water cycling and mantle convection
models to test the viability of this hypothesis. Within model and data uncertainty, the hypothesis that deep
water cycling can lead to a multi-stage Earth cooling is consistent with data constraints. Probability
distributions, for successful models, indicate that plate and plate margin strength play a minor role for
resisting plate motions relative to the resistance from interior mantle viscosity.

Plain Language Summary

The Earth's internal energy drives geologic and tectonic activity.
How the Earth's interior has cooled over time provides constraints on how this energy has been tapped.
Observational constraints indicate that Earth cooling was multistaged with slow interior cooling
followed by an acceleration in cooling rate. We use thermal history models to test the hypothesis that this
transition is due to a change in the nature of water cycling between surface and interior reservoirs. The
models indicate that water cycling, coupled to plate tectonics, can lead to multistage Earth cooling that is
consistent with observational constraints. This hypothesis requires no change in the tectonic mode of the
Earth—it is consistent with the idea that plate tectonics has operated over geologic history.

1. Introduction
The rock record helps us unravel the Earth's geologic history and also its thermal history, that is, interior
cooling over geological time. Volcanic rocks can be used to estimate mantle temperatures at the time they
formed. Figure 1 shows results from several studies that provide constraints on the cooling history of the
Earth's mantle (Condie et al., 2016; Ganne & Feng, 2017; Herzberg et al., 2010). Uncertainty in the paleo data
allows for a range of cooling paths. Present-day constraints on mantle temperature and the ratio of radiogenic
heat generation to mantle heat flow can narrow the range, but multiple model paths remain viable. This
being acknowledged, the data trends are suggestive of multistage cooling. More specifically, data constraints
are consistent with the hypothesis that the mantle experienced a change in cooling slope between 2 and
3 Ga (Condie et al., 2016; Herzberg et al., 2010). That possibility is bolstered by independent studies that
indicate changes in the Earth system occurred within the same time window (e.g., Eguchi et al., 2020; Lee
et al., 2016; Lyons et al., 2014; Parai & Mukhopadhyay, 2018).
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A conceptual hypothesis for a change in mantle cooling rate at 2.5 billion years ago (Ga) invokes a change
from a single plate mode of mantle convection (i.e., stagnant lid convection) to a plate tectonic mode (Condie
et al., 2016). To date, thermal history models have not been used to determine the degree to which that
hypothesis can match data constraints. Doing so faces challenges from a geodynamic perspective. At present
we do not know how long transitions from one convective regime to another would take and/or the efficiency
of mantle cooling through the transition (e.g., Weller & Kiefer, 2020). If transitions are as long as Weller and
Kiefer (2020) argued for (potentially a billion year time scale), then globally averaged heat balance models
would be inapplicable and 3-D numerical simulations would be needed to map thermal histories. Running
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Figure 1. Estimates of paleo mantle potential temperature.

such models over geological time scales is computationally intensive and requires large amounts of wall
time, particularly if we also require model uncertainty quantification. This is not insurmountable, but it is
not the only option.
Invoking tectonic transitions may be an intuitive way to account for changes in the Earth's cooling rate.
It is not, however, the only one. There are alternative hypotheses that do not invoke tectonic transitions.
That class of hypotheses does not violate critical assumptions of globally averaged thermal history models;
that is, parameterized thermal history models (Davies, 1980; Schubert et al., 1980; Turcotte, 1980). Such
models allow for efficient hypothesis testing as mapping of parameter space, and associated uncertainty
quantification, is not subject to computational and wall time restrictions that come with 3-D numerical
simulations. One specific alternative invokes increasing plate strength in the Earth's past (Korenaga, 2003).
That hypothesis assumes that the resistance to plate motion comes from plate strength. This is a break from
classic thermal history models which are based on the idea that mantle viscosity dominates resistance to
plate motion (Tozer, 1972). Thermal history models based on increasing plate strength in the past allow for a
multistage thermal history. The change in mantle temperature slope over time they predict is more extreme
than a change in cooling slope at ∼2.5 Ga. The models predict a change in the sign of the slope with the
mantle heating before the transition and cooling after it. Less extreme versions of this hypothesis, that still
assume plate strength dominates resistance to plate motion but not that it increases in the past, can also lead
to changes in cooling rate over time (Christensen, 1984; Conrad & Hager, 1999b).
A systematic study that ran over one million thermal history models, with variable assumptions as to
plate resisting forces, showed that models invoking plate strength as dominating resistance to plate motion
showed peaks in the probability distribution of model cases that could account for observational constraints
(Seales & Lenardic, 2020). That is, such models are successful (the principal objective measure of model success being its ability to account for the observations it sets out to model). However, the physical validity of the
plate resistance parameterizations used within such models has not been confirmed (Gerardi et al., 2019).
The physical validity of a parameterization that assumes internal viscosity offers the dominant resistance
to convective and associated plate motion has, on the other hand, been confirmed via experiments (e.g.,
Giannandrea & Christensen, 1993) and numerical simulations (e.g., Gurnis, 1989; Lenardic & Moresi, 2003;
Schubert & Anderson, 1985). This does not override the ability of plate strength models to account for observations. It does, however, suggest the question of whether a class of hypotheses that does not hinge on plate
strength resisting plate motion can also lead to multistage cooling.
SEALES AND LENARDIC
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Classic thermal history models assume that mantle viscosity resists plate motion and that mantle viscosity is a function of temperature. This leads to a strong negative feedback (Tozer, 1972). As a result, the
thermal paths for such models rapidly settle on a near constant cooling path over geological time (Schubert et al., 1979). However, mantle viscosity also depends on hydration (e.g., Karato & Wu, 1993). Mantle
hydration effects allow for water cycling feedbacks to interact with thermal feedbacks and variations in the
strength and sign of the feedbacks allows for different mantle cooling rates (Crowley et al., 2011; Sandu
et al., 2011). Resistance to plate motion still comes from mantle viscosity, but the viscosity is no longer
determined solely by a thermal feedback.
In this paper we will test the ability of a deep water cycling hypothesis to account for thermal history data
constraints with a focus on how changes in coupled water cycling and thermal feedbacks can lead to multistage cooling. More specifically, we will explore the hypothesis that a change from net mantle dehydration to
net mantle rehydration can cause an increase in mantle cooling rates consistent with paleo data constraints.
This specific add on is based on the feedback analysis of Crowley et al. (2011). Those authors argued that a
net dehydrating mantle could drive a component of mantle heating, which could compete with thermally
driven cooling. They showed the opposite for a net rehydrating mantle. The hypothesis is also based on a
geochemical argument that showed the Earth has transitioned from net dehydrating mantle to net rehydrating mantle over geological time (e.g., Parai & Mukhopadhyay, 2018). In the next section we define our
model and discuss the model's feedback structure. We then present model results and discuss implications
for the Earth's coupled thermal and deep water cycling history.

2. Methods
In this section we define the coupled model we use, discuss the observational data constraints applied to
model outputs, and provide an overview of the feedback structure associated with this model.
2.1. Coupled Deep Water Cycling and Thermal History Model
Figure 2 shows a cartoon of how our model works conceptually. Plate generation and subduction cools the
interior mantle and cycles water between mantle and surface reservoirs. Mantle viscosity, which effects the
vigor of mantle convection and associated mantle cooling, depends on temperature and mantle hydration.
This leads to coupled thermal and water cycling feedbacks on mantle viscosity and, by association, mantle
cooling. Variations in the strength of each feedback over geological time allows for the potential of differing
cooling efficiencies. We lay out the coupled model starting with the thermal component, then moving to the
water cycling component, and then defining the mantle viscosity function that provides a coupling between
the two.
2.1.1. Thermal Component
We used a parameterized thermal history model (Schubert et al., 1979, 1980) to track how Earth's mantle
temperature (T m ) changed with time. This model is a global energy balance expressed as
.

𝜌C(R3m − R3c )Tm = −3(R2m − R2c )qm + (R3m − R3c )Q(t)

(1)

where T m is midmantle temperature, 𝜌 is mantle density, C is mantle heat capacity, and qm is the mantle
surface heat flux. Rm is the radial distance from Earth's center to the surface, and Rc is the radial distance
to the core-mantle-boundary (CMB) and Q(t) is the heat produced by radiogenic decay. We define the Urey
ratio (Ur) here
Ur =

(R3m − R3c )Q
3(R2m − R2c )qm

,

(2)

since we use it later as a model constraint.
The decay of radiogenic elements produces heat within the mantle according to
Q(t) = Q0 e−𝜆t ,

(3)

where Q0 and 𝜆 are constants, and t is time in millions of years.
The Rayleigh number (Ra) is the ratio of forces driving convection to those resisting it. It is defined as
Ra =
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(4)
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Figure 2. Cartoon schematic of the coupled thermal and deep water cycle model (modified from Sandu et al., 2011). We assume whole mantle convection with
the lithosphere acting as the thermal boundary layer of mantle convection.

where g, 𝛼 , 𝜂 eff , and 𝜅 are gravity, thermal expansivity, effective viscosity, and thermal diffusivity, respectively. The value ΔT is the temperature difference driving convection defined as T m − T s , where T s is surface
temperature. The value Z is the convective depth and is defined as Rm − Rc . In parameterized thermal history
modeling, heat flux from the mantle is solved for using the Nusselt-Rayleigh scaling (Schubert et al., 2001),
where the Nusselt number (Nu) is a nondimensional heat flux. The scaling takes the form
Nu =

qm Z
=
kΔT

(

Ra
Racr

)𝛽
.

(5)

Equation 5 is used to solve for qm . In Equation 5, k is thermal conductivity, Racr is the critical Rayleigh number, which determines the onset of convection and is determined by a marginal stability analysis (Turcotte
et al., 2002). The value of Rac is on the order of 103 (Davies, 1999) and we use a value of 1,100 to match that of
previous workers (Jackson & Pollack, 1984; Spohn & Schubert, 1982). Uncertainties in this value are small
compared to uncertainties that come from parameters that will vary in our study. The 𝛽 term is a scaling
exponent.
The choice of 𝛽 in Equation 5 has a rich history. The earliest thermal history models used a value of 0.33
(Jackson & Pollack, 1984; Spohn & Schubert, 1982; Schubert et al., 1980). This assumes that mantle viscosity
provides the dominant resistance to plate motion (Tozer, 1972). It also assumes very vigorous convection.
For levels of convection pertinent to the Earth the scaling exponent is slightly lower, 0.30 <= 𝛽 <= 0.32
(Lenardic & Moresi, 2003; Moore & Lenardic, 2015; Schubert & Anderson, 1985). Models that more directly
incorporated analogs to tectonic plates, showed that values nearly matching this scaling would be recovered
provided that weak plate boundaries were also incorporated (Gurnis, 1989). Later models that allowed weak
plate boundaries to develop dynamically lead to a scaling exponent of 0.29 (Moresi & Solomatov, 1998). If
plate boundaries are not so weak that energy dissipation along them can be neglected and/or if plate strength
offers significant resistance, then the scaling exponent has been argued to be lower with a range between
0 <= 𝛽 <= 0.15 having been proposed (Christensen, 1985; Giannandrea & Christensen, 1993; Conrad
& Hager, 1999a; 1999b). A low-viscosity channel below plates—the Earth's asthenosphere—allows different size plates to have different balances between driving and resisting forces (Crowley et al., 2011; Höink
et al., 2011). This leads to a mixed mode scaling. For the current distribution of plate sizes, the mixed mode
SEALES AND LENARDIC
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has been estimated to lead to a lower bound global heat flow scaling exponent of 0.20 (Höink et al., 2013).
Korenaga (2003) made an argument for 𝛽 < 0. The physical basis for 𝛽 < 0 is that at hotter mantle temperatures enhanced melting would generate a thicker dehydrated layer below oceanic crust. This layer would
be responsible for the bulk of plate strength. By this reasoning, hotter mantle temperatures in Earth's past
would allow for thicker, stronger plates, which would slow plate velocities and decrease the rate at which
the mantle cooled.
As noted in section 1, our goal is to explore models that do not rely on plate strength and/or plate margin
strength providing the dominant resistance to plate motions. As such, we will not consider models with
𝛽 < 0.20. We will not, however, assume an a priori preferred 𝛽 value. Rather, we will test a range of models
with 0.2 ≤ 𝛽 ≤ 0.33 at intervals of 0.01. Over this range the strength of the negative thermal feedback associated with mantle viscosity will vary. At lower 𝛽 values, the contribution of viscous resistance diminishes
and the effect of plate strength, on resisting plate motion, grows. We will explore varying 𝛽 -space to test different assumption regarding the role of plate and/or plate margin strength on resisting plate motion. The
minimum bound for our 𝛽 -space is set such that interior mantle viscosity still plays a role in resisting plate
motions. With foreknowledge of our results, our choice of 𝛽 -space sufficed for testing the feasibility of our
hypothesis.
In defining a velocity scale (uc ), we first rearranged Fourier's law to determine lithospheric thickness (Db )
(
)
Tb − Ts
Db = k
.
(6)
qm
In Equation 6 k is thermal conductivity. The temperature T b is the temperature at the base of the lithosphere. Using boundary layer theory (Schubert et al., 2001) we calculated the boundary layer breakaway
time associated with subducting lithosphere according to
ts =

Finally, we defined uc as

1
D2 .
5.38𝜅m b

(
uc =

Rm − Rc

(7)

)
,

ts

(8)

Combining Equations 6–8, we see that uc ∼ Ra2𝛽 . More precisely,
uc =

(

a1 𝜅

)
(
2 Rm − Rc

Ra
Racrit

)2𝛽
.

(9)

Here a1 is a scaling parameter. It takes the value of 5.38 for the case where 𝛽 = 1∕3 (Schubert
et al., 1979, 1980). For simplicity, we assumed this holds for all tested 𝛽 values. According to Equation 9,
holding Ra constant and decreasing 𝛽 decreases uc . Therefore, for consistency, we enforced congruence in
present-day velocities (unow ) at present-day values of convective vigor (Ranow ) with the 𝛽 = 1∕3 scaling used
as a reference. This gave us
unow

𝜅
= a1 (
)
2 Rm − Rc

𝜅
unow = a2 (
)
2 Rm − Rc
2𝛽− 2

(

(

2

Ranow
Racrit
Ranow
Racrit
−2𝛽

3
a2 = a1 Racrit 3 Ranow
,

)2
3

(10)
)2𝛽

(11)

(12)

where we calculated the value of a2 for each 𝛽 . Equation 10 holds for 𝛽 = 1∕3 and Equation 11 holds for all
other tested values of 𝛽 .
SEALES AND LENARDIC
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2.1.2. Deep Water Cycle Component
The deep water cycling component tracked the flow of water between a surface and an interior reservoir. We
used the model of Sandu et al. (2011). Water leaves the mantle as an incompatible element via batch melting.
We assumed that melting at mid-ocean ridges dominated water loss from the mantle, and therefore we
neglect melting at arcs and hotspots. In our formulation, subducting slabs deliver some water back into the
mantle and release the remainder of the water back to the surface (as we will see below this is parameterized
via a variable efficiency factor). In the following we detail how we tracked these flows.
Melting. We tracked mantle melting by defining a geotherm, a solidus, and a liquidus. We assumed the
geotherm was in conductive equilibrium in the lithosphere and followed the adiabat below this
qm
z.
k

(13)

g𝛼Tm
z.
Cp

(14)

T(z)|z ≤ Db = Ts +

T(z)|z > Db = Tp +

In Equations 13 and 14, the potential temperature (T p ) is mantle temperature minus the adiabatic component and is calculated at the base of the lithosphere. A depth-dependent thermal profile in the interior
mantle is used to calculate melt volumes only; in our models, adiabatic heating does not drive convection.
The solidus defines the temperature versus depth profile below which all mantle material will remain in its
solid phase. If the mantle is warmer than the solidus, it will start to melt. Increasing mantle temperature
further increases the volume of melt produced. If temperature increases enough, the entire parcel of mantle
melts. This temperature defines the liquidus. We used two second-order polynomial curves to define the
solidus and liquidus (Hirschmann, 2000). For hydrous melting these functions are
Tsol−h𝑦dr = Tsol−dr𝑦 − ΔTH2 0

(15)

Tliq−h𝑦dr = Tliq−dr𝑦 − ΔTH2 0

(16)

where T sol − dry and T liq − dry are the dry solidus and liquidus, respectively. T sol − hydr is the hydrated solidus and
T liq − hydr is the hydrated liquidus. In Equations 15 and 16, the second term represents the temperature shift
of each curve caused by hydrous melting. This adjustment temperature scales with water concentration in
the melt according to
𝛾
ΔTH2 0 = KXmelt

(17)

where K and 𝛾 are constants, which were calibrated by Katz et al. (2003). The parameter X melt is the ratio of
water in the melt fraction expressed in kg of water per kg of melt. It is calculated as
Xmelt =

𝜒m
(
).
DH2 O + Fmelt 1 − DH2 O

(18)

In Equation 18, 𝜒 m is the bulk water composition in the solid mantle (expressed as a weight fraction), and
DH2 O is the bulk distribution coefficient which takes the value of 0.01—highlighting it behaves as an incompatible trace element. The term F melt is the degree of melting expressed as melt fraction. It is parameterized
by a power law as
[
(
)) ]𝛽
(
T − Tsol−dr𝑦 − ΔTH2 O Xmelt
Fmelt =
.
(19)
Tliq−dr𝑦 − Tsol−dr𝑦
This definition of F melt is valid from the surface to a depth of 300 km as constrained by observation and
melting experiments. We solve for X melt and F melt by comparing the geotherm to the solidus and liquidus to a
depth of 300 km and take the average of both values over the depth. At each depth we iterate through values
of F melt , computing an initial value of X melt (requiring it does not exceed saturation) using Equation 18 for
each value of F m elt, until the value of F m elt converged.
SEALES AND LENARDIC
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The geotherm, on average, is calculated using the Equations 13 and 14. The melt zone thickness (Dmelt ),
then, depends upon the relative positioning of the geotherm and the solidus. The base of the melt zone is
the deepest temperature at which these curves intersected. At this depth, a parcel of upwelling mantle starts
melting. The top of the melt zone is where geotherm and solidus intersect closer to the surface. At this depth,
the parcel of mantle has cooled to the point where melt is no longer produced. The vertical distance between
these two depths defines Dmelt . We integrated F melt and X melt over Dmelt to provide average values for our
water budget calculations. The procedure above follows an underlying aspect of thermal history models.
That is, such models track globally averaged values. At the center of a ridge melting can occur to the surface,
but such lateral variations are not accounted for in globally averaged models. Our approach assumes that
melting occurs over a lateral extent that exceeds ridge width (Katz et al., 2003) and that the average thickness
of the lithosphere can be used in calculating the, on average, top of the melt zone.
Degassing. Melting at mid-ocean ridges (MOR) transfers water from the mantle reservoir to the surface
reservoir. The degassing rate (r MOR ) depended on the volume of mantle moving through the melt zone, the
amount of melt produced within the melt zone, and how much of the water within the melt makes it to the
surface. We modeled this process as
rMOR = 𝜌m Fmelt Xmelt Dmelt S𝜒d

(20)

where F melt is the integrated melt fraction in the melt zone and 𝜒 d is the degassing efficiency factor. We
choose the values of 𝜒 d listed in Table 1. We chose this range by first taking the preferred values of Sandu
et al. (2011) and extended them by an order of magnitude higher and lower. Both Dmelt and X melt are calculated as specified above. The areal spreading rate (S), which is derived from a boundary layer model
(Schubert et al., 2001), is defined as
S = 2Lridge uc .

(21)

We have assumed symmetrical spreading along a constant ridge length, where Lridge = 1.5Rm , and use the
definition of uc given in Equation 8.
Regassing. Subducting slabs deliver water bound in the serpentinized and thin sedimentary layers back into
the mantle (Rüpke et al., 2004). We assumed that most water held in the sedimentary layer degassed from
the slab and found its way back to the surface. Therefore, we only accounted for water delivered by the
serpentinized layer. Water was delivered back into the mantle at a rate of
rSUB = 𝑓h 𝜌Dh𝑦dr S𝜒r ,

(22)

where f h , Dhydr , and 𝜒 r are the mass fraction of water in the serpentinized layer, the thickness of the serpentinized layer and the regassing efficiency factor, respectively. We tested a range of values for 𝜒 r . We started
with values of Sandu et al. (2011) and extended them above by an order of magnitude and below by a factor of 3, making regassing effectively zero. The hydrous phase of serpentinite decomposes at a temperature
around 700◦ C (Ulmer & Trommsdorff, 1995). We calculated the depth of this isotherm in the subducting
slab (Dhydr ) by assuming a steady state conductive profile through the lithosphere with a heat flux of qm
coming through its base. Using Fouriers's law we can calculate Dhydr as
Dh𝑦dr =

k(Ts − 973)
.
qm

(23)

We assumed the maximum value Dhydr could take was 20 km. This is a rough approximation of the depth
to which fractures may penetrate and deliver water into the lithosphere during slab bending at convergent
margins. Parameterized thermal history models assume convective cells, so the value of S is equivalent at
spreading centers and subduction zones.
.

We calculated the flow rate of mantle water (𝜒 m ) according to
.

𝜒 m = rSUB − rMOR .

(24)

.

Positive values of 𝜒m indicate a net influx of water into the mantle.
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Table 1
Deep Water Cycle Model Parameters
Parameter

Description

Value

Units

Ts

Surface temperature

300

K

Q0

Initial radiogenic heat

4.51

J/(m3 yr)
km

Rm

Mantle radius

6,371

Rc

Core radius

3,471

km

Lridge

Length of spreading ridges

1.5*R5

km

𝜌

Mantle density

3,000

kg/m3

g

Acceleration due to gravity

9.8

m/s2

k

Thermal conductivity

Cp

Specific heat

4.2

W/(m K)

1,400

J/(kg K)

Thermal expansivity

3.00 × 10−5

K−1

𝜅

Thermal diffusivity

10−6

m2 /s

𝛽

Convective exponent

𝜆

Decay constant

𝛼

0.33

—

3.4 × 10−10

yr−1
—

Racrit

Critial Rayleigh number

1,100

a1

Velocity scaling parameter

5.38

—

𝜂0

Viscosity constant

1.7 × 1017

Pa·s

Acre

Material constant

90

MPa−r/s

r

Fugacity exponent

1.2

—

R

Universal Gas Constant

8.314

J/mol/K

Qa

Creep activation energy

4.8 × 105

J/mol

𝜒d

Degassing efficiency factor

0.03

—

𝜒r

Regassing efficiency factor

0.015

—

K

Melting calibration constant

43

◦C

wt%−𝛾

𝛾

Melting calibration constant

0.75

—

fh

Mass fraction of volatiles in hydrated layer

0.03

—

c0

Experimentally determined constant

c1

Experimentally determined constant

4.35

c2

Experimentally determined constant

−0.57

c3

Experimentally determined constant

OM

Mass of 1 Earth ocean

2.1.3. Temperature- and Water-Dependent Mantle Viscosity
The temperature dependence of mantle viscosity is defined as:
(
)
Qa
𝜂 = 𝜂0 exp
RTm

−7.98

0.03
1.39 × 1021

kg

(25)

where 𝜂 0 , Qa , R are a calibration constant, activation energy for diffusion creep (Weertman & Weertman,
1975) and the universal gas constant, respectively. The amount of water in the mantle also played a role
in determining mantle viscosity. Experiments have shown that mantle viscosity and mantle water volumes
are related by a power law (Carter & Ave'lallemant, 1970; Chopra & Paterson, 1984; Karato & Wu, 1993;
Mackwell et al., 1985). The power law was further refined to include dependence on water fugacity in olivine
(Hirth & Kohlstedt, 1996; Mei & Kohlstedt, 2000). Assuming an empirical relation for water fugacity based
on mantle water concentrations (Li et al., 2008), we calculate the effective viscosity as
(
)
(
(
))−r
Qa
𝜏
2
3
exp
c
𝜂e𝑓 𝑓 = . = 𝜂0 A−1
+
c
ln
𝜒
+
c
ln
𝜒
+
c
ln
𝜒
exp
(26)
0
1
m
2
m
3
m
cre
𝜖
RTm
.

where 𝜏 is stress and 𝜖 is strain rate. Li et al. (2008) determined the constants c0 , c1 , c2 , and c3 . Here, 𝜒 m is
expressed in H/106 Si. The value Acre is a material constant. Since we use the 𝜂 eff when calculating Ra, we
calibrate 𝜂 0 using Equation 26. Table 1 lists the values of the fixed parameters we used in our study. Table 2
lists the parameter space we tested.
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Table 2
Tested Parameter Space
Parameter

Description

Values

𝛽

Convective exponent

0.2–0.33

Qi

Initial radiogenic heat

4.51, 3.157

Tmi

Initial mantle temperature

3300, 2300, 1300

𝜒d

Degassing efficiency factor

0.002, 0.02, 0.04, 0.4

𝜒r

Regassing efficiency factor

OM i

Ocean masses initially in mantle

0.001, 0.003, 0.01, 0.1
0.01, 0.25, 0.5, 0.75, 1, 2, 4, 6

2.2. Structural Stability
A model is structurally stable if its outputs do not qualitatively change in the presence of low-amplitude,
unmodeled effects (George & Oxleya, 1985; Guckenheimer & Holmes, 1983). Applying structurally unstable models to account for observational data sets is problematic as the robustness of conclusions will be
compromised. For this reason, the first step we took in testing our model was to determine whether it
was structurally stable. We assessed structural stability using a “perturbed physics” approach (Astrom &
Murray, 2008). Our approach followed the specifics detailed in Seales et al. (2019). In short, we randomly
perturbed the model over time. Perturbations were randomly drawn from a normally distributed set that
had a fixed mean and variance. We repeated this process 100 times to form an ensemble of perturbed paths.
Each perturbed path started with an identical initial condition and had the same parameter values. However, as the perturbations were random, the perturbed paths differed from each other. To determine whether
the model was structurally stable, we compared the mean of the ensemble to the unperturbed path. If the
two do not diverge, the model is structurally stable.
For a structurally stable model, we can relate the ensemble spread to the model's structural uncertainty
(Strong & Oakley, 2014; Wieder et al., 2015). The structural uncertainty of the model is the time-dependent
form of the ensemble. It provides a probability distribution of how far the perturbed paths stray from the
mean (in effect, it is a model confidence interval that accounts for structural uncertainty). For the purposes
of our study, we define the structural uncertainty bounds as the two-sigma window from the full ensemble
about the mean path (further details can be found in Seales et al., 2019 and Seales & Lenardic, 2020).
2.3. Observational Constraints
Successful models are defined as those that can satisfy observational constraints. We use both present
day and paleo proxy data to constrain successful model paths. For present-day constraints, we use mantle
temperature and Ur (Equation 2). The present-day mantle temperature falls between 1300◦ C and 1400◦ C
(Herzberg et al., 2010). Jaupart et al. (2007) estimated that the present-day Ur is between 0.2 and 0.5.
Accounting for the thermal effect of continents allows for an upward Ur correction of 0.2 (Grigné &
Labrosse, 2001; Lenardic et al., 2011).
Figure 1 shows paleo temperature proxy data constraints. The upper and lower bounds of Ganne and
Feng (2017) encompass the data sets of Condie et al. (2016) and Herzberg et al. (2010). Ganne and
Feng (2017) suggested that their maximum and minimum bounds may represent the temperature of plumes
and ambient mantle, respectively. This is not consistent with Condie et al. (2016) and Herzberg et al. (2010),
who both considered their data to represent ambient mantle (which would correlate to T p for thermal history models). We will do the same herein. Under this view the combined data spread, from different groups,
represents observational uncertainty in paleo temperature constraints.
The full range of observational uncertainty allows multiple models to be viable (Seales & Lenardic, 2020).
As noted in section 1, our aim is to test the idea that the Earth experienced a multistage cooling. As such, we
will follow the conceptual interpretation of the data offered by Condie et al. (2016), who argued that the data
were indicative of a change in cooling slope at 2.5–2.0 Ga. Our specific hypothesis for this change in slope is a
change from net mantle dehydration to rehydration. We will test the feasibility of this hypothesis by retaining
models that match thermal data, within uncertainty, allow for a change in net hydration between 3.0 and
1.75 Ga and have an associated change in cooling slope (or potentially a change from heating to cooling)
within that time window. We restress that these added constraints are used to test our specific hypothesis.
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Figure 3. Schematic of coupled feedback loops associated with thermal and deep water cycles.

2.4. Model Feedbacks
A conceptual overview of model feedbacks will be of value for interpreting our results. In our models, we
assumed that mantle viscosity was the dominant resistor to plate motions. As shown in Equation 26, both
mantle temperature (T) and mantle water concentration (𝜒 m ) influence mantle viscosity (𝜂 ). Figure 3 shows
a feedback loop diagram for coupled hydration and thermal feedbacks (Crowley et al., 2011). The left-hand
side of Figure 3 shows the thermal feedback structure. If mantle temperature were to increase, mantle viscosity would decrease. This would increase plate velocities. Faster velocities increases heat flow and cool the
mantle. An increase in mantle temperature results in mantle cooling, a negative feedback. Therefore, the
thermal part of our model wants to buffer itself from changes as has been known for some time (Tozer, 1972).
The right-hand side of Figure 3 shows the water cycling feedback loop. Mantle viscosity effects both the
thermal and the water cycling loop which leads to a coupling between the two. If there is a net flow of
water out of the mantle, 𝜒 m decreases. Removing water from the mantle increases mantle viscosity. This
causes plates to move more slowly, decreasing mantle heat flow. This results in a hotter mantle, which has
two effects on water transport. First, a hotter mantle is associated with a thinner lithosphere. Thinning the
lithosphere also thins the hydrated layer held within it. A thinner hydrated layer can deliver less water back
into the mantle. A second effect of a hotter mantle is that it decreases the solidus, which generates more
melt. Both decreased return of water to the mantle and increased melting by a depressed solidus cause a
net decrease in mantle water concentration. The water cycle feedback, then, introduces the potential of a
positive feedback. If water is lost, feedbacks can lead to a tendency to lose more. This positive feedback can
dominate the overall system feedback if it is not offset or balanced by the thermal feedback. Which type of
behavior will prevail depends on the strength balance between the feedbacks which can change over time.
For this reason we will need to be able to quantify the strength of different feedbacks over model evolution
times.
2.5. Assessing Feedback Strengths
Testing the hypothesis that a change in the deep water cycle can account for a multistage thermal history
requires that the strength of feedbacks over model evolution time can be quantified. We will do so using
the method developed by Crowley et al. (2011). The method determines which feedback, thermal or water
cycling (Figure 2), dominated mantle viscosity at a particular time. The method defines the change of mantle
.
viscosity (𝜂 ) as a function of these feedback as
.

𝜂=

.
𝜕𝜂 𝜕𝜒m
𝜕𝜂 𝜕T
.
+
= 𝜂 T T + 𝜂𝜒 𝜒 m .
𝜕T 𝜕t
𝜕𝜒m 𝜕t
.

(27)
.

The first term on the right-hand side (𝜂T T ) represents the thermal feedback and the second term (𝜂𝜒 𝜒m ) the
.
.
water cycling feedback. In our forward model, we solve for T from Equation 1 and 𝜒 m using Equation 24.
We can calculate 𝜂 T and 𝜂 𝜒 by taking partial derivatives of Equation 26, which are
A𝜂
2
RTm

(28)

)
r𝜂 (
c1 + 2 ∗ c2 ln(COH + 3 ∗ c3 ln2 COH .
𝜒m

(29)

𝜂T = −

𝜂𝜒 = −
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Crowley et al. (2011) defined a nondimensional ratio of these two values
| 𝜂𝜒 𝜒. m |
|
|
SWT = |
|.
| 𝜂 T. |
| T |

(30)

When SWT > 1 the water cycling feedback starts to dominate. For lower values, the thermal feedback
becomes progressively more dominant in the overall feedback structure. Using the outputs of our model,
we determined time intervals with different feedback structures. Doing so allowed us to more full quantify
our principal hypothesis.

3. Results
In this section we assess model structural stability, isolate model paths that satisfy geological proxy data
(from more than 105 model paths with variable initial conditions, model inputs, and 𝛽 values, see Table 2),
and analyze the degree to which coupling deep water cycling to the Earth's thermal evolution can account
for a multistage cooling history.
3.1. Structural Stability and Structural Uncertainty
Figure 4a shows the structural uncertainty of a coupled model compared to that of a thermal history model
with no water cycling (Seales et al., 2019). Each model is for 𝛽 = 13 . Coupling the deep water cycle to the
thermal history model caused a fourfold increase in the structural uncertainty. The uncertainty maxed out
at a two-sigma value of ∼100◦ C at present day.
Figure 4b plots a structural uncertainty window for a model path (shaded gray). The window is determined
from 100 different perturbed cases of the coupled model used for Figure 4b. This provides, in effect, a structural confidence interval for a model path. The solid line shows the ensemble mean from all the perturbed
cases. The ensemble mean matched the evolution path of the unperturbed model which indicated that the
model maintains structural stability. We also show one perturbed path from the ensemble (dashed line). It
retained the same first-order trend of the mean path.The structural uncertainty for present-day temperature
was very near the uncertainty in present-day data constraints. For paleo temperatures, structural uncertainty
was less than the uncertainty associated with paleo proxy data constraints.
In Figures 4c and 4d we show the ensemble window for both mantle and surface water volumes, respectively.
Each water volume ensemble is for the thermal path shown in Figure 4c. The structural stability of the model
lead to the mean of ensemble paths tracking the unperturbed model path. For water volumes, individual
perturbed paths more closely tracked means values than was the case for mantle temperature. The structural
uncertainty for water volumes maxed at ∼11%.
What is critical, in terms of model application, is that our uncertainty analysis shows that the structural
uncertainty of our model is comparable to uncertainty in present-day data and is smaller than the uncertainty of proxy paleo data. If this was not the case, and the structural uncertainty of a model was considerably
greater than that of observational constraints, then the ability of constraints to knock out model (i.e., rule
out hypotheses) would be weakened. In effect, models with high levels of structural uncertainty relative to
data become harder to rule out using the data itself. This is not the case for our models over the 𝛽 range that
we will test. For lower 𝛽 value models, particularly negative 𝛽 models, this is no longer the case as structural
uncertainty can be larger than data uncertainty (Seales et al., 2019). This is another reason why we focused
on higher 𝛽 models.
The perturbed paths that make up the ensemble provide a proxy means for modeling shorter time scale
fluctuations about a mean thermal history trend (Lenardic et al., 2016). Our interest herein is on whether
distinct cooling stages are possible over geologic time. If so, these stages would show different means. Our
structural uncertainty analysis shows that, for a structurally stable model, that will hold in light of low amplitude, unmodeled effects. As such, we will focus the results section on mean trends. In terms of assessing the
ability of models to match data constraints, using mean trends identifies the minimum number of models
that will match data constraints. Accounting for structural uncertainty would increase the probability that
any particular case could match data, resulting in a larger number of successful paths. That increase would
scale as the structural uncertainty of the model. We will take the more restrictive approach in testing our
main hypothesis noting that structural uncertainty allows for an extended range of successful model paths.
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Figure 4. Structural uncertainty analysis. (a) Comparison of simple and coupled thermal history model structural uncertainties. (b) Sample thermal history
ensemble and one ensemble path. (c) Mantle water volume ensemble with structural uncertainty. (d) Surface water volume ensemble with structural
uncertainty.

3.2. Models That Match Observational Constraints
Observational constraints were used to eliminate unsuccessful model paths. By model path we mean the
thermal path we computed using a unique set of initial condition and parameter values for models with
different values of 𝛽 . We applied different constraints individually to all model paths. This provided a distribution of model paths that satisfied each constraint (Figures 5 and 6). Figure 5 shows the distribution
of model paths that satisfied the present- day T p constraints (Figure 5a) and present-day Ur constraints
(Figure 5b). Figure 6 shows the distribution of model paths that satisfied the paleo proxy data constraints.
Figure 6a is the most conservative paleo constraint applied as models only needed to fall within the full
range of observational uncertainty (Figure 1). The constraint of Figure 6b provides a less conservative paleo
constraint as it also rules out models that do not allow for a changes in mantle hydration from net degassing
to regassing between 3.0 and 1.75 Ga.
Each constraint eliminated different paths, which progressively decreased the number of successful paths.
Figure 7 shows the distribution of model paths that satisfied all constraints. The paths, 21 in all, are distributed between a minimum 𝛽 value of 0.25 and a maximum of 0.3, peaking around 𝛽 = 0.29. Figures 5
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Figure 5. Distributions of model paths that matched present-day constraints: (a) thermal and (b) change to a net
rehydrating mantle. Panel (a) shows that models with higher dependence on mantle viscosity as a resistor to plate
motions are favored. Panel (b) shows that higher 𝛽 models, those with a strong negative feedback, are less likely to
match the present-day Ur.

and 6 hinted at this outcome. In both the paleo and present-day proxy data, one constraint favored paths
with a higher 𝛽 value whereas the other favored paths with a lower 𝛽 value. This suggests that when we
applied multiple constraints the number of successful cases would decrease overall and would not include
end-members. When we inspected the parameters of the successful paths, we found a commonality between
19 of 21: the value of 𝜒d = 0.04 and 𝜒r = 0.1.
Figure 8 shows the present-day mantle and surface water volumes associated with the thermal paths that
matched all constraints. Paths that assumed initial mantle water volumes of four and six ocean masses (OMs)
peaked at just below three OMs of present-day mantle water volumes (Figure 8a). Paths that started with an
initial mantle water volume of two OMs did not end in a similar range, as there was not enough water available. Present-day surface water volumes split into groups based on the amount of assumed initial mantle
water (Figure 8b). This is not a surprise. Model feedbacks can regulate internal mantle water volumes, but
the model has no such feedbacks that would regulate surface water volumes. As such, final surface water
volumes are more strongly dependent on assumed initial water volumes. In our analysis, we did not account

Figure 6. Distributions of model paths that matched paleo constraints: (a) thermal and (b) Ur. Panel (a) shows that a
strong negative feedback is needed to maintain acceptable mantle temperatures. Panel (b) shows that models with
lower 𝛽 values, models with less efficient heat transfer, are more likely to match regassing constraints.
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Figure 7. Distribution of model paths that matched all constraints show that a higher value of 𝛽 is needed for a
coupled deep water and thermal history model to match constraints.

for any initial surface water or late stage water addition. If we did, models that assumed an initial condition of two OMs water volumes could potentially match present-day surface water volume. We also did not
account for surface water loss to space over model evolution times. If we did, models that assumed an initial
condition of greater than four OM volumes could also potentially match present-day water volumes. With
those two caveats, the assumed four OM initial condition does most closely satisfy the present-day surface
water constraint.
We conclude this section by plotting mantle water volume and mantle temperature over time for all successful models (Figure 9). Figure 9a shows that the mantle water volumes collapsed to a relatively narrow range
over the age of the Earth for most models. The exceptions being cases that began with two OMs of water.
This supports the idea that internal mantle feedbacks regulate the amount of water in the mantle. Figure 9b

Figure 8. Present-day mantle (a) and surface (b) water volumes, in present-day ocean masses, for model paths that matched all constraints. Histogram is
colored coded by the amount of water that was assumed as an initial condition.
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Figure 9. Mantle water volume (a) and thermal (b) paths that matched all constraints. In (b) we show paleo thermal history estimates that suggest a
multiphase thermal history along with successful thermal paths for qualitative comparison with the output of our analysis. The sample warm (solid bold line)
and cold start (dashed bold line) paths are used to perform our feedback analysis 10.

shows the range of successful thermal paths satisfying all constraints. There are two distinguishable groups:
those that start warm and those that start cooler. Both groups lead to multistage cooling paths but of different
natures. The models that started cooler experienced a mantle heating stage followed by cooling. The models that started warmer experienced a reduced cooling stage between 4.0 and 2.5 Ga followed by accelerated
mantle cooling. It is interesting to note that the warm start trend is in line with the conceptual interpretation of the paleo temperature data offered by Condie et al. (2016) while the cooler start is consistent with
the interpretation of Herzberg et al. (2010).
3.3. Feedback Analysis
In this section we provide further support that a multistage thermal history can result from changes in the
deep water cycle. For clarity, we focus on two successful thermal history model paths, one that begins hot
and one that begins cold. Figure 10 shows the feedback analysis for both. 11 shows model outputs relevant
to our analysis for all successful paths and highlighted sample paths. Although we present a single member
from each initial temperature group, we analyzed all successful paths within each group and found that the
results presented here are robust for all the paths from each respective group.
Figure 10 shows the relative and absolute influences of the deep water cycle and thermal effects on mantle
viscosity for a hot start (Figure 10a) and cold start (Figure 10b). The dark red lines show how the deep
.
water cycle changed mantle viscosity with time (𝜂𝜒 𝜒m ), and the light red lines show how thermal effects
.
.
.
changed mantle viscosity with time (𝜂T T ). The black lines (SWT ) are the ratio of 𝜂𝜒 𝜒 m to 𝜂T T . An SWT < 1
characterizes the first 0.4 Ga of the warm start model. Over half of that stage SWT < 0.1. This indicates that
thermal effects dominated the overall system feedback. The second stage of the thermal history began at
roughly 4 Ga when SWT grew larger than one. This persisted until ∼2.8 Ga. During this stage, SWT peaked
at 3.6 Ga, indicating a fundamental change to the overall model feedback structure. This coincided with a
.
minimum in 𝜂T T . The third stage, with SWT again dropping below unity, lasted from 2.8 Ga to present. Early
in this phase, at ∼2.7 Ga, the deep water cycle experienced a dramatic shift: the net flow of water began to
enter rather than exit the mantle. A net rehydrating mantle reduces how efficiently thermal effects stiffen
the mantle, which also slows the decrease in mantle heat flow. Figure 10a indicates the shift in water cycling
.
.
.
by 𝜂𝜒 𝜒 m dropping below zero. During this last stage, SWT approached one as both 𝜂𝜒 𝜒 m and 𝜂T T grew but
in opposing directions. This ended when the dehydrated layer reached the maximum allowable thickness
at 1.6 Ga, and SWT drifted toward lower values.
Analysis of the cold start model, too, indicates switches in model feedback structure. However, the analysis
revealed two stages rather than three. The first stage ranged from model start time to ∼2.8 Ga and was
characterized by SWT > 1. During this first stage, SWT peaked around 4 Ga followed by a spike around 2.9 Ga.
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Figure 10. Quantitative analysis of feedbacks for
. warm (a) and cold (b) start sample paths from Figure 9. When SWT > 1, water cycling influence mantle
.
viscosity (𝜂𝜒 𝜒 m ) more than thermal effects (𝜂T T ).

A change from mantle heating to cooling caused the latter of the two. As the mantle was heating during this
.
stage, 𝜂T T was negative during the entirety of the water dominant stage. The second stage, characterized by
.
.
SWT < 1, persisted until the present day. Similar to the warm start model, 𝜂𝜒 𝜒 m and 𝜂T T diverged, slower for
the cold start than the warm start, and SW T approached unity before drifting to lower values.
The feedback analysis of Figure 10, and associated model trends of Figures 9 and 11, provide insights into
the competing factors that allow for a multistage thermal history.
During the beginning period of each thermal history, the negative feedback associated with thermal effects
influenced the path trajectories. In both the warm and cold start, the negative feedback worked to bring
mantle heat flow and radiogenic heat production toward a balance (Figure 9b), but changed mantle temperature in opposite directions. Models that started warm approached this balance faster than cold start models.
They had fast velocities (Figure 11c) that caused high mantle heat flows (Figure 11b). This rapidly adjusted
mantle temperature, and viscosity changed by orders of magnitude in a short period of time (Figure 11a).
This rapid adjustment resulted in a stage of thermal dominance (SWT < 1). Cold start models had velocities
order of magnitude lower (Figure 11d). These slower velocities reduced the amount of heat lost from the
mantle (Figure 11b). This inefficient loss of heat from the mantle, coupled with high radiogenic heat production, caused the mantle to warm (Figure 9b). However, during the early phase of the cold start sample
path, thermal effects were not the dominant mechanism (SWT > 1). In both cases, the model behavior was
not drastically different than classic thermal history models with 𝛽 values near 0.3 (Jackson & Pollack, 1984;
Schubert et al., 1980; Spohn & Schubert, 1982; Tozer, 1972). This is consistent with SWT being below 0.1 over
much of this stage for the warm start sample path (Figure 10). However, thermal effects did not dominate
water cycling effects in the cold start sample path, nor did they dominate indefinitely for the warm start
sample path.
A water cycling dominant stage, indicated by SWT > 1, occurred in each model. For the warm start sample
path, as mantle heat flow and radiogenic heat production approached a balance, water cycling effects on
mantle viscosity approached and then surpassed the negative thermal feedback. This marked the start of the
second thermal history stage for the warm start model. This worked to stiffen the mantle, which, on its own,
tended to drive less efficient mantle convection and associated heating. However, mantle radiogenic heat
production continued to decay, which tended to drive mantle cooling. As a result, a stage of mild mantle
cooling could be maintained. As the mantle continued to dehydrate, the solidus shifted to warmer temperatures. This reduced the melt fraction. Simultaneously, mantle convective velocity decreased (Figure 11d).
The two effects combined to slow the rate at which water was lost from the mantle, which limited the peak
of the water cycling effect during the second stage. As a result, the flat line temperature trend could not
be maintained and the mantle started to progressively cool. The geotherm moved toward the solidus, further reducing melt volumes. Cooling also thickened the lithosphere and the thickness of the hydrated layer
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Figure 11. Model outputs that assist in the analysis of SWT : (a) effective viscosity, (b) Convective Heat Flux, (c) Lithosphere and Hydrated Layer Thicknesses,
(d) Convective Velocity, (e) Melt Fraction and (f) Melt Zone Thickness. Bold lines are sample paths from Figure 9. Dashed and solid lines are for cold and warm
start models, respectively.

within it (Figure 11c). This started to deliver more water back into the mantle and further damped the rate
of mantle water loss. With this process set in motion, the second stage gave way to the final thermal history
stage.
A negative thermal feedback is strongest at high mantle temperatures. As a result, the cold start models
did not have a thermal feedback dominated initial phase. Instead, water cycling dominance characterized
the first stage, as SWT > 1 persisted from the beginning of the model until ∼2.8 Ga. The tendency of the
mantle to heat, due to radiogenic decay and a cold start, reinforced mantle heating due to dehydration. The
cold start models began with a relatively high effective viscosity (Figure 11a). High initial mantle water
content and a lower initial temperature suppressed the solidus. The high viscosity reduced mantle velocity,
making heat transfer out of the mantle inefficient. This warmed the mantle and shifted the geotherm to
warmer temperatures. Mantle degassing enhanced the shift of the solidus to warmer temperature. However,
the geotherm shifted faster than the solidus, as evidenced by the increasing melt fraction (Figure 11 and
stiffened the mantle. This, in turn, warmed the mantle. Rising temperature enhanced degassing. As the
mantle degassed, the reduced mantle water content suppressed the solidus less efficiently and the solidus
moved to warmer temperatures. Figure 11e shows this with a decelerating melt fraction, as seen prior to
∼3 Ga. As the amount of melt produced decreased, model feedback structure changed. This slowed the
loss of water from the mantle, bringing it nearly in balance with that mantle rewatering. Heat produced by
radiogenic decay continued to diminish, and as in the warm start sample path, a nearly constant mantle
heat flow was able to begin cooling the mantle. This effect nearly matched the timing of when the warming
of the solidus outpaced the warming of the geotherm. The dominance of water cycling gave way to thermal
dominance, ending this stage of the thermal history.
The third stage was similar for both sample paths. During the third stage, water cycling transitioned to
net rehydration of the mantle. This caused a change from water cycling tending to stiffen the mantle to
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water cycling tending to weaken the mantle (Figure 10). Thermal effects on viscosity were stronger than
water effects (SWT < 1), the defining character of this stage. But, the two were not strongly out of balance
(Figure 10). As such, both contributed to the overall trend in the final stage, particularly over the first ∼1 Ga
of the third stage. As the mantle cooled, the geotherm shifted further toward the solidus and the melt zone
began to shrink. This reduced the melt fraction, which allowed less water to leave the mantle. The lithosphere continued to thicken as did the hydrated layer embedded within it. Although convective velocities
slowed, lithospheric thickening increased the rate at which water was delivered into the mantle. The combined effects of a shrinking melt zone and increased delivery of water into the mantle lead to a mild rise
in the water cycling effect over the start of the third stage for the warm start sample path (Figure 10). This
effect occurred later in the cold start sample path because mantle temperature and water content remained
elevated for longer. However, that rise ended once the hydrated lithosphere layer reached its maximum
allowable thickness. Again, this occurred later for the cold start sample path as temperature and heat flows
remained elevated for longer. If this limit did not exist, then SWT could have continued its mild rise but it
would have remained below unity as the rise in thermal effects exceeded it. With the limit in place, net rehyrdation of the mantle, and associated decline of surface water, slowed. Nonetheless, both thermal and water
cycling effects continued to influence thermal history with the thermal effect being stronger by a factor of
∼2 at a model time representing present day (Figure 10).

4. Discussion
A multistage thermal history, as analyzed in the previous section, is consistent with geological proxy data
and can match present-day constraints. Figure 12 shows the uncertainties of our successful model paths
projected onto the paleo temperature proxy data. We calculated the mean and two-sigma uncertainty bounds
for the 21 thermal paths that satisfied all constraints. The time domain spans from the present day to 4 Ga, the
extent of the proxy data. We would be speculating without constraint on any results prior to 4 Ga. Therefore,
we will only point out that in all of our models, the second thermal history stage began prior to 4 Ga, leaving a
deep water cycle-controlled phase followed by a thermal-controlled phase present in each successful model.
Within model uncertainties, the second stage is predicted to extend to 3.5–2 Ga. The mean of the uncertainty
window predicts that a transition to stage three occurs at ∼2.7 Ga. That transition is associated with a change
from net mantle degassing to net regassing. Collectively, our results argue that paleo temperature data is not
necessarily indicative of a change in tectonic regime (Condie et al., 2016). Changes in the deep water cycling
can account for the data and for present-day data constraints. This provides a viable alternative hypothesis
that, unlike the tectonic transition scenario, has now been quantitatively tested against data constraints.
Using data constraints to eliminate potential model paths also provided us with a 𝛽 value range that allowed
for successful model paths. Figure 7 indicates that the range is 0.25 ≤ 𝛽 ≤ 0.3. We can compare that with
results from thermal history models that do not include deep water cycling. Seales and Lenardic (2020) systematically explored a range of such models. The probability density function for successful models spanned
a wider range than that of Figure 7. It was double peaked with a mild peak at 𝛽 = −0.10 and a stronger
peak at 𝛽 = 0.15. Both those peaks are associated with models that assume that plate and/or plate margin
strength provides the primary resistance to plate motions (Conrad & Hager, 1999b; Korenaga, 2003; Seales &
Lenardic, 2020). Our results, on the other hand, suggest that mantle viscosity primarily resists plate motions
if we account for the deep water cycle, that is, higher 𝛽 models are favored.
Seales and Lenardic (2020) tested a range of thermal history models in the context closest to their original
development. Several of those thermal history models built present day thermal constraints directly into the
methodology and then calculated model paths in “reverse time” starting from the present and extending to
the past (Christensen, 1985; Korenaga, 2003). We did not follow this approach herein. The models used in
this study exclusively used forward in time integration and did not build present-day heat flux and temperatures directly into the solutions. McNamara and Van Keken (2000) used a similar approach and showed
that unreasonably high present-day mantle temperatures resulted for models with 𝛽 <= 0.2. We, too, found
that models with lower values of 𝛽 struggled to match present-day temperatures (Figure 5a). As discussed
in section 2, in decreasing the value of 𝛽 we diminish the magnitude with which viscosity acts as a resisting force. At higher values of 𝛽 , then, the deep water cycle plays a larger role in determining the thermal
evolution. We also found far fewer successful cases than did Seales and Lenardic (2020). This stems from
our adding another module, the deep water cycle, and another constraint, the timing of a switch from net
dehydration to net rehydration.
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Figure 12. Summary of all results and uncertainties. We show the mean and two-sigma uncertainty of model paths
that matched all constraints. The red dots indicate the mean and uncertainty of the change from water cycling (phase
two) to thermal dominance (phase three) of the thermal history. This change in phase coincided with the change in
slope of both paleo mantle temperature estimates, suggesting our hypothesis is viable and that there is no need to
invoke a change in convective regime.

It is worth comparing our model to another thermal history model that also invoked hydration effects but in
a very different way. Korenaga (2003) took the view that plates rather than mantle viscosity primarily resist
plate motions. The associated model assumed that an elevated mantle temperature produces larger melt volumes which, in turn, creates a thicker dehydrated lithosphere in the Earth's past. This leads to thicker and
stronger plates further back in geological time. The thicker and stronger plates impeded plate motions and
associated mantle cooling. Korenaga (2003) determined that an effective 𝛽 value of −0.15 could capture these
effects within a thermal history model. This model was reformulated in Korenaga (2010), which maintained
an effective 𝛽 less than zero. This model was then used in Korenaga (2011) and Korenaga et al. (2017), which
investigated changes in the water cycling history for Earth. As noted in section 1, the models herein were
motivated, in part, by studies that have argued against the physical viability of negative 𝛽 models (Gerardi
et al., 2019). There are two added differences in our water cycling model and the studies of Korenaga (2011)
and Korenaga et al. (2017). Those studies assumed constant continental freeboard as a constraint for calculating the flux of water into and out of the mantle over time. They also neglected the effects of changing water
content on mantle viscosity. In the end, both Korenaga (2011) and Korenaga et al. (2017) suggest constant
regassing of water into the mantle. Our results differ as they rely on a switch from degassing to regassing.
Therefore, a key test to discriminating between these differing hypotheses may be to further assess if there
was change in deep water cycling over geological time.
Future extensions of our models could include effects we did not directly model. Chotalia et al. (2020)
showed that including a finite delay in the mixing time for water in the mantle could affect hydration feedbacks on the solidus. They found that when they included this delay, it restricted the period of mantle
degassing. It also opened up the possibility for shorter time scale oscillations between mantle regassing and
degassing states. If we included these time scales, which themselves are uncertain, in our models, we would
argue that if the time delay was short relative to the secular time scale of radiogenic decay, then the multistage cooling effect would persist. Our structural stability analysis supports this conjecture. If the adjustment
delay times are long, then it is less clear how significant the effect may be. This motivates future work.
In another example of added model complexity, Karlsen et al. (2019) also found that a perturbed water cycle,
this time by supercontinental breakup, could perturb sea-level by more than 100 m. In effect, a complexity of this sort leads to fluctuations about mean trends. Thermal history models traditionally have tracked
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mean values over time and it has been noted that fluctuations about the mean are to be expected and
that should be considered when evaluating thermal history model results (Lenardic et al., 2016; Silver &
Behn, 2008). Although we did not consider the specific effects noted above in our analysis, we did consider
the role of unmodeled effects, and associated fluctuations about mean trends, when we evaluated structural
uncertainty (Seales et al., 2019). Models, by definition, will exclude some physical factors and the value of
a structural uncertainty analysis is that it can test the robustness of first-order model trends in the face of
this. The fact that the models presented herein are structurally stable goes hand in hand with the robustness
of mean trends to potential fluctuations (Figure 4b). Nonetheless, for issues related to sea-level fluctuations
there is value to incorporating the effects explored by Karlsen et al. (2019) more directly into future coupled
water cycling and thermal evolution modeling.
Future studies could also consider different functional forms for the dependence of mantle viscosity on temperature and water, hydration effects on density, the effects of continental growth, and/or could more directly
incorporate latent heat effects on thermal evolution. Any added effects will come with added uncertainties
and the need for added observational constraints. We would argue that uncertainty quantification should
remain a corner stone of any such studies. This suggests that models seeking to add multiple layers of complexity may need to adopt a different methodology for constraining model parameter space that can match
observational constraints. We have used a grid search method herein, following Seales and Lenardic (2020).
A grid search method can become time prohibitive for models with a large number of free parameters.
As such, future studies will benefit from considering alternate methodologies (e.g., Monte Carlo, machine
learning) for constraining successful model parameter space (Fleming & VanderPlas, 2018).

5. Conclusions
We have used models of coupled deep water cycling and thermal history to explore the hypothesis that
changes in water cycling, over geological time, could lead to multistage mantle cooling. We tested the viability of this hypothesis by applying observational constraints on a wide range of calculated model paths. The
hypothesis was shown to be compatible with data constraints and it did not require changes in the tectonic
style of the Earth over geological time. It also implied that mantle viscosity provides the dominant resistance
to plate motions with plate and plate margin strength playing a lesser role.

Data Availability Statement
The data used to constrain these models can be found in Condie et al. (2016), Ganne and Feng (2017), and
Herzberg et al. (2010). Successful model parameters and diagnostics of those models used to perform the
analysis within this paper can be found at this site (https://doi.org/10.25611/rryf-x193).
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